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Abstract
The organic matter (OM) content of surface sediments was characterised for two
contrasting sedimentary environments: the tropical Arafura Sea continental shelf
sediments between north Australia and East Timor, and the temperate Shoalhaven
River and associated continental shelf sediments on the southeast Australian margin.
The main goal of both investigations was to establish the sources and transformation
of terrestrial organic matter (OM) and its delivery to continental shelf sediments.
The study on the Arafura Sea focuses on the identification of OM of terrestrial origin
in off-shore marine sediments. Accordingly, the OM was characterised by coupling
compound-specific δ13C data of n-alkanes, n-alcohols and sterols to δ13C and Δ14C
measurements of total organic carbon (TOC). As a result, it is demonstrated that the
δ13C and Δ14C values of TOC resembling partial input of terrestrial OM (about 50%) in
the most inshore sample are actually due to other biogeochemical processes that
recycle carbon derived from the biodegradation of OM buried within the Holocene
sequence. The study stresses the need for a multi-proxy method to characterise the
origin of OM in marine sediments which, in this case, would have been otherwise
misinterpreted as of partial terrestrial origin on the basis of δ13C and Δ14C values of
TOC alone.
The study on the southeast Australian margin focuses on the factors controlling the
preservation and composition of terrestrial OM during its transport. Accordingly, the
origin of OM within surface sediments from the Shoalhaven River and associated
shelf sediments was determined by coupling lipid biomarker analysis of n-alkanes,
polycyclic aromatic hydrocarbons, n-alcohols, sterols, hopanols, n-fatty acids, iso and
anteiso fatty acids and pentacyclic triterpenoid acids to the δ13C and Δ14C values of
TOC. Furthermore, particle size analysis of bulk sediments and XRD and XRF
measurements of the < 63 μm particle size fraction were utilised. The main outcome
of the study was that the preservation efficiency of terrestrial OM was similar to that
reported for similar types of continental margins, that is, about 70% of the terrestrial
input is degraded in the oceanic environment. However, while on passive margins,
remineralisation of OM seems to occur mostly in the lowland plain environment and
little marine OM is added to the river-dominated delta deposits, in the Shoalhaven
River and adjacent continental shelf, remineralization of terrestrial OM seems to
occur mostly in the oceanic environment, and such loss is replaced by accumulation
of OM from in situ marine production. At the same time, probably because of more
limited residence times of OM in catchment areas, an amount of fossil OM escapes
remineralisation in soils and is transported to the continental shelf sediments
(contributing up to 25% of the marine sedimentary OM) where it is ultimately reburied and removed from oxidation and participation in the current carbon cycle.
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Chapter 1:
Introduction
Organic carbon (OC) burial in marine sediments is a significant flux in the geological
carbon cycle (Berner, 1982). The type and amount of OC that becomes preserved
within marine sediments impacts not only on the evolution of atmospheric chemistry
(CO2 and O2 contents), but also on the long-term cycles of many other elements (e.g.
N, S, P, Fe) incorporated into organic matter (OM). Furthermore, the composition of
sedimentary OM provides a wealth of information on the type of biomass and
associated climatic/environmental conditions of both marine and adjacent continental
areas at the time of sediment deposition.
More than 90% of the global oceanic carbon burial occurs on continental shelves and
upper slope sediments (Hedges and Keil, 1995; Berner, 1982). Here, the type and
amount of OC that can accumulate, and eventually be buried and preserved
throughout geological cycles, seems to be, in large part, dictated by the fate of OM of
terrestrial origin transported mostly by fluvial action (e.g. Burdige, 2005, 2007).
The evidence in support of this are:
1. The global annual flux of particulate OC exported by rivers (0.15 Gt) to the
oceans is similar to that of oceanic carbon burial (0.15 Gt; Hedges et al., 1997
and references therein).
2. The fraction of terrestrial OM delivered to the oceans has already been
extensively remineralized during transport, at which stage it is supposedly
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composed of OM types that are more resistant to degradation, either due to a
selective preservation mechanism or to geopolymerization reactions occurring
in fluvial and estuarine sediments that incorporate also more labile molecules
into more chemically stable geomacromolecules (e.g. Hedges et al., 2000).
3. More than 90% of particulate terrestrial OM delivered to the oceans appears to
be already in intimate association with mineral grains, particularly with high
surface-area minerals such as clays (Hedges and Keil, 1995; Keil et al.,
1994a,b). Such association of OM with mineral surfaces and micro-structures
has been proven to be an important control not only on the stabilization and
preservation of otherwise labile OM by physically shielding it from microbial
enzymatic attack (Rothman and Forney, 2007), but also on catalysing
geopolymerization reactions in sediments that produce an organic matrix
within which the more labile OM can be chemically bound and further
protected (e.g. Hedges and Keil, 1999). The association with clay minerals
may act selectively on the preservation of OM at a molecular level (Nabbefeld
et al., 2010).
4. 80-90% of the whole recent marine sediment has a continental origin from the
erosion and chemical weathering of uplifted sedimentary rocks (Veizer and
Jansen, 1985; Wold and Hay, 1990).
Hedges et al. (1997) raised a geochemical conundrum since, despite what has been
pointed out above, there was very limited direct evidence of the presence of terrestrial
OM in marine sediments, raising the suspicion that (in case) oceans would be able to
effectively remineralise the terrestrial OM input, including most of the OM already of
a refractory nature and/or in intimate association with mineral surfaces.
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Progress within the last 15 years include:
1. The conventional method used to identify terrestrial OM in marine sediments
based on measurements of the organic carbon / total nitrogen (C/N) ratio and
carbon stable-isotopic composition (δ13C) of bulk OM by defining its
composition with one end-member C/N and δ13C value may likely fail to
identify its whole presence in marine sediments since the terrestrial OM input
can be composed of multiple fractions characterised by C/N and δ13C values
that can be shifted towards the standard marine values (e.g. Goni et al., 1998).
2. The factors determining the ultimate composition and amount of terrestrial
OM in marine sediments must be found in processes acting throughout the
whole transfer of OM from the erosion of continental rocks on land,
reprocessing in soils, transport through river channels, storage in lowland
infills and estuarine sediments, to storage on surface continental shelf
sediments (Blair et al., 2004). The extent of such processes may vary with
geographical/environmental/climatic conditions of the drained catchment, but
mostly relate to the geodynamic setting of the continental margin on which the
river systems develop (Blair et al., 2004).
The present thesis aims to provide further evidence on such issues by studying the
OM content accumulating today on two contrasting environments on the Australian
continental shelf: the tropical Arafura Sea and the temperate southeast Australian
margin.
For the Arafura Sea study, four sediment samples have been collected in a cross-shelf
transect from about 90 to 230 m water depth. Such samples have been analysed by
coupling bulk OM C/N, δ13C and Δ14C measurements to compound-specific δ13C
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analyses. In this study it is shown that a multi-proxy method is important for the
identification of terrestrial OM in marine sediments whose presence would otherwise
be misinterpreted on the basis of the conventional C/N, δ13C of bulk OM method
alone (and then leading to erroneous inferences on the palaeo-environmental
conditions when the sedimentary OM content is studied in sediment cores and rocks).
The study on the southeast Australian margin focuses on extending the general
understanding of the factors controlling the preservation and composition of OM
during transfer from continental areas to continental shelf sediments by studying a
type of environment for which scarce data are available. To do so, a comprehensive
sampling of surface sediments has been carried out from the river, estuary, and
adjacent continental shelf sediments from one of the most significant rivers in terms
of sediment export of the area (the Shoalhaven River). The main outcome of the study
is that the preservation efficiency of terrestrial OM during transport is similar to some
other examples from similar geodynamic settings; however, local factors influence the
mode of delivery and consequent final composition of OM that accumulates these
particular continental shelf sediments.
Accordingly, the reminder of this thesis is structured in the following way:
•

Chapter 2 (Background to organic geochemical analyses) – This chapter
provides the background information necessary for interpreting the
geochemical datasets used for this research project. The chapter deals manly
with the systematics of the carbon isotopes (12C, 13C and 14C) and how they
fractionate in natural processes, and with the lipid biomarker analysis.
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•

Chapter 3 (The origin of OM in surface sediments of the Arafura Sea midouter continental shelf from bulk (δ13C, Δ14C) and compound-specific δ13C
analyses).

•

Chapter 4 (The origin of OM in surface sediments of the Shoalhaven riverestuary-continental shelf system from lipid biomarker and δ13C and Δ14C
analysis of total organic carbon).

•

Chapter 5 (Summary conclusions) – This chapter provides a summary of the
main points emerging from the two case studies which increase our
understanding concerning the detection of terrestrial OM and the factors
controlling its preservation potential and composition in marine sediments.
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Chapter 2:
Background to organic geochemical
analyses
This chapter is intended to provide background information for interpreting the
geochemical data used in this thesis to characterise sedimentary OM content. These
data mostly consist of δ13C and Δ14C measurements of bulk OM, lipid biomarker
analyses, and compound-specific δ13C analyses.
Accordingly, this chapter is structured in the following sections:
1. Isotopes of carbon (i.e. 13C and 14C systematics). This section represents the
main body of the chapter. Definitions of δ13C and Δ14C values are first given,
followed by a systematic review of the processes leading to isotopic
fractionation of carbon (and resulting δ13C and Δ14C values) among carbon
species in the contemporary environment.
2. Lipid biomarker analysis. Lipid biomarker analysis is introduced, then the
most common lipids from eukaryotic (marine vs terrestrial), prokaryotic and
archaea inputs are reviewed. Some of the proxies used to establish relative
inputs are also indicated.
3. Diagenetic pathways of individual lipid biomarkers. Diagenetic effects on the
δ13C and Δ14C values of bulk OM on the δ13C values of individual lipid
biomarkers.
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2.1 Isotopes of carbon
Carbon in nature is composed of three isotopes: the stable isotopes 12C (98.9%) and
13

C (1.1%), and the cosmogenic radionuclide 14C (radiocarbon). Radiocarbon is

produced in the atmosphere by the collision of cosmic rays with nitrogen (14N); one
neutron within the 14N nucleus releases its neutrino and is transformed into a proton
resulting in the radiogenic 14C. Atmospheric carbon dioxide includes all three
isotopes. The distribution of the three carbon isotopes in natural products is governed
by thermodynamic and kinetic fractionation processes. In addition, the abundance of
14

C depends also on the time passed since the carbon source of the organic remain

was last in equilibrium with atmospheric carbon dioxide.
Thermodynamic fractionation effects control the distribution of 13C and 14C when the
rate of exchange of carbon between reservoirs is slow enough to approach isotopic
equilibrium. One example is the dissolution of atmospheric carbon dioxide in seawater and its distribution into the different species of dissolved inorganic carbon
(DIC): CO2(atm) ↔ CO2(aq) + H2O ↔ H2CO3 ↔ HCO3- + H+ ↔ CO32- + 2H+.
Equilibrium reactions are typically associated with a small isotope effect which is, in
the case of dissolved inorganic carbon (DIC) speciation, dependent only on the
temperature (see section 2.1.1.2).
Kinetic fractionation effects are instead characterised by incomplete or unidirectional
processes; these occur when the rates of the reactions involving the heavy and the
light isotopes are different. Typically, kinetic fractionation effects control the
distribution of 13C and 14C in enzymatically-mediated carbon transfers, like
assimilation and biosynthesis of carbon in biological processes. In this case, the
associated isotope effects are usually large and the resulting isotope composition of

28

products and reactants depend on multiple variables (see paragraphs 2.1.1.3 and
2.1.1.4).

2.1.1

13C

systematics

2.1.1.1 Definitions
Definitions and notations used in this section follow the convention as in Zeebe
(2005).
The concentration of the stable isotope of carbon (13C) in any chemical species is
reported as δ13C, and it is expressed in “permil Vienna-Pee Dee Belemnite” (‰ VPDB); δ13C for a chemical species A is defined as follows:
(2.1)

δ13C = (RA/RV-PDB – 1)*1000

R=13C/12C; V-PDB is the international 13C/12C isotopic ratio standard.
The relative isotopic compositions of two chemical species (A and B) are compared
as follows:
(2.2)

RA/RB = αA/B = (1000 + δA)/(1000 + δB)

The “isotope effect” (ε) between two chemical species A and B is then defined as:
(2.3)

εA/B or ε(A – B) = (αA/B – 1)*1000

The “fractionation difference” (Δ) is defined as:
(2.4)

ΔA/B or Δ(A – B) = δA – δB

Commonly, Δ is reported as ε without distinction between the two parameters; when
the difference of the isotopic compositions between two chemical species is small
(<30‰), the difference between Δ and ε is negligible (<1‰). Then:
(2.5)

ΔA/B or Δ(A – B) = δA – δB ≈ εA/B or ε(A – B)
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2.1.1.2

Thermodynamic fractionation effects

As mentioned above, thermodynamic fractionation effects are associated with
reactions where an isotopic equilibrium is achieved (Zeebe, 2005). In the case of
carbon, thermodynamic fractionation effects govern the distribution of the carbon
isotopes during its speciation into the different forms of DIC: CO2(g) ↔ CO2(aq) + H2O
↔ H2CO3 ↔ HCO3- + H+ ↔ CO32- + 2H+. Adopting the notations introduced in
equation 2.4 and 2.5, the isotope effects (or fractionation differences) associated with
those reactions are expressed as a function of temperature by the following relations
(Mook, 1986; T is expressed in Kelvin):
(2.6)

Δ(CO2(aq) – CO2(g)) = 0.19 – 373/T ‰

(2.7)

Δ(CO2(aq) – HCO3-) = 24.12 – 9866/T ‰

(2.8)

Δ(CO32- – HCO3-) = 2.52 – 867/T ‰

The isotope effect between CO2(aq) and CaCO3(s) is also dependent on the temperature.
This can be expressed by the following relation (Morse and McKenzie, 1990):
(2.9)

Δ(CO2(aq) – CaCO3(s)) = - 14.07 + 7050/T ‰

For instance, at T = 25 ºC the above isotope effects will be:
ε(CO2(g) – CO2(aq)) = 1.1‰
ε(CO2(aq) – HCO3-) = 9.0‰
ε(HCO3- – CO32-) = 0.4‰
ε(CO2(aq) – CaCO3(s)) = 9.6‰
However, in the case of biogenic precipitation of CaCO3(s), one extra factor must be
accounted for, that is, the “vital effect” (Wefer and Berger, 1991). This is due to the
fact that the isotopic equilibrium between CO2(aq) and CaCO3(s) cannot be completely

30

attained because it is modified by metabolic processes of the organisms themselves
precipitating calcite. Such isotopic shift is strictly dependent upon the organism type
(Fig. 2.1).

Figure 2.1 – Vital effect: δ18O and δ13C deviations from equilibrium stable-isotope of selected
calcareous species (Wefer and Berger, 1991).

2.1.1.3

Kinetic fractionation effects

Unlike thermodynamic fractionation effects, kinetic fractionation effects are not
directly influenced by the temperature. However, since they are unidirectional
incomplete processes, the final isotopic composition of product(s) and reactant
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depends not only on the intrinsic isotope effect(s) associated with the specific
reaction, but also on the fraction(s) of carbon flowing to the product(s). Kinetic
isotope effects are defined as “normal” when the product becomes depleted in13C with
respect to the reactant (i.e. the reaction rate of the reaction involving the light isotope
is greater than that involving the heavy isotope), “inverse” when the product is
enriched in 13C with respect to the reactant. Kinetic isotope effects in the carbon flow
are usually (but not exclusively) associated with the biological processes of
autotrophic assimilation of external inorganic carbon, biosynthesis of organic
compounds, and heterotrophic/respiration processes.

2.1.1.4
Factors controlling the distribution of 13C/12C in
environmental processes
The aim of this section is to review the main processes occurring in nature which have
an influence on the δ13C value of carbon. This section starts with an introduction to
isotopic fractionation of carbon in biological (autotrophic and heterotrophic)
processes, then with a review on the most commonly “expected” δ13C values of
carbon belonging to different species in nature. The effect of diagenetic alteration of
the original δ13C signature in sedimentary biomarkers also will be discussed in section
2.3.2.

2.1.1.4.1

13

C isotopic fractionation in biological processes

In all organisms, both autotrophs (i.e. organism that build their molecules and obtain
energy from inorganic carbon and sunlight) and heterotrophs (i.e. all other organisms
that obtain energy and carbon by feeding on organic molecules) the biosynthesis of
cellular molecules occurs through a reaction network made of branching points where
common molecules (metabolic intermediates) are produced/consumed. Each of these
reactions within the reaction network may be associated with an isotope effect of
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various magnitudes. Thus, the isotopic composition of the final biosynthetic products
will depend on the interactions among all the isotope effects (at branching points)
upstream in their carbon flow. A clear explanation on how stable-isotope fractionation
of carbon occurs in a theoretical reaction network can be found in Hayes (2001, pages
226-230).
Branching points and metabolic intermediates in any biological reaction network are
numerous and each can be potentially associated with an isotope effect. Most of them
have not been investigated yet. However, on the basis of knowledge so far acquired in
this field since earlier investigations (e.g. De Niro and Epstein, 1977; Monson and
Hayes, 1980), it is possible to explain the measured final isotopic composition of
biosynthesised lipids in most organisms as a result of the isotope effects associated
with a few important reactions in the carbon flow during organic compound
biosynthesis.
The most important isotope effects at branching points during the biosynthetic flow of
carbon are here described:
1. Isotope effects associated with the autotrophic assimilation of external
inorganic carbon leading to the production of the first biological products:
“photosynthates” (i.e. C3-6 carbohydrates, meaning carbohydrates with 3 to 6
carbon atoms).
2. Isotope effects associated with the biosynthesis of lipids and of the other
compound classes (i.e. amino acids, nucleic acids and higher molecular weight
carbohydrates) from the degradation products of the first photosynthates.
3. Isotope effects associated with the assimilation of organic carbon in
heterotrophic processes.
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13
2.1.1.4.2
C isotope effects associated with the autotrophic
assimilation of external inorganic carbon

Autotrophic organisms incorporate external inorganic carbon in the form of either
CO2(g), CO2(aq), or HCO3-. In the marine environment, even though HCO3- is the most
abundant species of inorganic carbon at normal pH values (Fig. 2.2), CO2(aq) is most
commonly assimilated by marine autotrophs, with the exception of particular
conditions when the availability of CO2(aq) is low (see section on C3 pathway;
2.1.1.4.2a). An autotrophic process is defined as photosynthesis when light provides
the energy and water provides the reducing power, while it is known as
chemosynthesis when, in the absence of light, energy is provided by the oxidation of
inorganic reduced species, such as H2S. These processes are all dedicated to convert
inorganic to organic carbon and to produce the first biosynthetic products, called
“photosynthates”, which normally are carbohydrates ranging from C3 to C6 carbon
number.
The autotrophic assimilation of inorganic carbon comprises at least two steps where
an isotope effect occurs: mass transport through the cell membrane and fixation of
carbon at the enzymatic site(s). The overall isotope effect depends on the interactions
between such processes that are, in turn, dependent on several (both environmental
and physiological) variables as: inorganic substrate type and concentration, type of
organism, metabolic pathway, organism growth stage and cell dimensions.
Autotrophic organisms assimilate external inorganic carbon through different
pathways each with a characteristic range of isotope effects; these are illustrated in the
next section.
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Figure 2.2 – Summary of the approximate equilibration of carbonic acid, bicarbonate and carbonate in
water of varying pH (from Zeebe, 2001). (DIC = dissolved organic carbon) .

2.1.1.4.2a

C3 Pathway

The name derives from the fact that the first photosynthetic product is a C3
carbohydrate (i.e. composed of three carbon atoms). Most eukaryotic autotrophs (e.g.
terrestrial plants, freshwater and marine algae) incorporate external inorganic carbon
through the C3 pathway. In accordance with the theoretical approach describing the
isotopic fractionation of carbon at a branching point in a reaction network (Hayes,
2001, pages 226-230), the overall isotope effect associated with C3 photosynthesis can
be expressed by the following equation:
(2.10) εp3 = εf – f(εf – εt)
εp3 = overall isotope effect for C3 photosynthesis
εf = isotope effect associated with the fixation of carbon at the enzymatic site
εt = isotope effect associated with the transport of carbon through the cell membrane
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f = fraction of carbon flowing to the enzymatic site and not leaking out of the cell
The values of εt are on average 4.4‰ for terrestrial plants and 0.7-0.8‰ for aquatic
plants. The values of εf are very much variable in relation to the enzyme, the
substrate, the product and the type of organism: they range from 30‰ for the enzyme
Rubisco assimilating CO2 and delivering the two C3 moles of 3-phosphoglyceric acid
(in green plants and algae), to 2‰ for phospoenolpyruvate (PEP) assimilating HCO3and delivering one mole of oxaloacetate (see Table 2.1).
The fraction (f) of carbon flowing to the enzymatic site is also variable, and mostly
related to environmental conditions. For terrestrial plants this factor can be cast in
terms of the atmospheric (pa) and internal (pi) partial pressure of CO2:
(2.11) f = 1 – pi/pa
Similarly, for aquatic plants, various substitutions allow f to be expressed in terms of
Ce, i.e. the concentration of dissolved CO2 in the water in which the plant is growing.
In this case, assuming a constant εt = 0.7‰ for aquatic plants, eq. 2.10 can be
empirically rewritten as (Laws et al., 1995; Popp et al., 1998):
(2.12) εp3 = εf – βμ(V/S)/Ce
β = a constant depending on the type of organism
μ = growth rate of the algal cell
V and S = volume and surface of the algal cell
Ce = concentration of CO2 external to the algal cell.
On average, the overall isotope effect associated with C3 photosynthesis results in an
isotopic depletion by 10-22‰ in the photosynthate with respect to the inorganic
substrate.
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Table 2.1 – Enzymatic isotope effects and overall fractionations associated with fixation of inorganic
carbon during autotrophic growth (from Hayes, 2001).
Note that the numbers appearing in the Notes column refer to the reference studies in which the isotope
effects indicated in the previous columns have been estimated. Such references are only partially cited
here (in the main text), therefore it is necessary to refer to Hayes (2001) for their complete list.

As seen in Table 2.1, C3 photosynthesis can take place also through the direct
assimilation of HCO3- leading to the production of the C4 molecule oxaloacetate. This
occurs in particular conditions when the aqueous concentrations of CO2 are low
enough (e.g. during phytoplankton blooms) that marine autotrophs actively pump
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bicarbonate across the cell membrane instead of introducing external inorganic carbon
by CO2(aq) diffusion, as in normal conditions. The already 13C-enriched values of
HCO3- with respect to CO2(aq), combined with the small isotope effect associated with
the production of oxaloacetate (Fig. 2.3), might result in the sometimes measured εp3
< 0‰ (e.g. Raven et al., 1997).

Figure 2.3 – Diagram summarising the isotopic relationships between dissolved CO2, bicarbonate, and
the carbon added to phosphoenolpyruvate in order to produce C-4 oxaloacetate (from Hayes, 2001).

2.1.1.4.2b

C4 and CAM (crassulacean acid metabolism) Pathways

Some species of terrestrial plants had developed two additional, different, but closely
related pathways (C4 and CAM pathways) to overcome particular environmental
stressing conditions when, in presence of higher O2 with respect to CO2
concentrations, Rubisco’s oxygenase activity (photorespiration) is favoured with
respect to its carboxylation one (fixation of carbon). Such pathways present a more
complex mechanism for the assimilation of carbon than the C3 one; such mechanism
is used in order to raise the pressure of CO2 at the Rubisco’s reaction site (Hayes,
2001 pages 240-243). These pathways are associated with an overall smaller isotope
effect than the C3 pathway. The overall isotope effect accompanying the C4 and
CAM pathways can be expressed by the following formula (note that in this case two
sites of carbon fixation are present: the first in the mesophyll cell fixing bicarbonate
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into oxaloacetate by the action of the enzyme phosphoenolpyruvate (PEP)
carboxylases, the second at the Rubisco’s enzymatic site fixing the CO2 deriving from
the decarboxylation of oxaloacetate):
(2.13) εp4 = εta + [εc – εb/d + L(εf – εtw) – εta](1 – f)
εp4 = for C4 photosynthesis;
εta = isotope effect associated with the diffusion of atmospheric CO2 through the cell;
εc = isotope effect associated with the fixation of carbon by PEP carboxylase;
εb/d = isotope effect associated with the equilibrium reaction bicarbonate-CO2;
εf = isotope effect associated with the fixation of carbon by Rubisco;
εtw = isotope effect associated with the transport of CO2, in water, that “leaks” away
from the Rubisco’s site;
L = CO2 leaking away at the decarboxylation of oxaloacetate site;
f = CO2 flowing to the PEP site.
The difference between “C4” and “CAM” plants lies in the value of L: CAM plants
lack the specialised bundle-sheath cells found in C4 plants, therefore the values of L
are higher resulting in a greater overall isotopic fractionation (see equation 2.13). The
C3 pathway can now be regarded as a particular case of the C4 pathway with L = 1.
Fig. 2.4 summarises the overall isotope effects and the resulting δ13C values for C3, C4
and CAM terrestrial plants photosynthetic pathways in function of L and pi/pa (the
CAM-plant field is for L > 0.27). Furthermore, differently from C3 and C4 plants,
CAM plants do photosynthesis at night.
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Figure 2.4 – Overall isotopic fractionation (essentially the difference between CO2 and biomass) as a
function of pi/pa, the ratio of partial pressures of CO2 inside and outside C-fixing cells. The scale of the
right-hand axis is inverted and shows δbiomass for plants using CO2 with δ = -8‰. The solid lines
represent C3 plants and maize, a representative C4 plant, with the point indicating its typical value of
pi/pa (Marino and McElroy, 1991). The horizontal dashed line shows that εp is independent of pi/pa
when L, the leakiness coefficient for bundle-sheath cells in a C4 plant, is 0.38 (see equation 2.13). The
dotted line represents a hypothetical plant with gas-tight bundle-sheath cells and indicates that the
biomass of such a plant could be enriched in 13C relative to CO2 for pi/pa > 0.45 (from Hayes, 2001).

2.1.1.4.2c

Other pathways of assimilation of inorganic carbon

Most autotrophic microorganisms (bacteria, archaea, and some species of unicellular
algae) utilize other pathways other than C3, C4 and CAM to metabolize inorganic
carbon. Different types of enzymes, substrates and products are involved, each with
associated different isotope effects. Pathways so far known are:


Reverse tricarboxylic acid cycle pathway – This pathway is characteristic of
the obligate anaerobic green photosynthetic (Chlorobiaceae) and sulfate
reducer (Sulfolobus) bacteria with an overall isotope effect of 4≤εp≤13 (much
smaller than the C3 pathway used by most eukaryotes). Summons and Powell
(1986, 1987) first found a carotenoid pigment (isorenieratene) unique to such
Chlorobiaceae species which was in fact 13C enriched by 8‰ with respect to
other co-occurring marine biomarkers in the aromatic-hydrocarbon fractions
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of several North American Palaeozoic Oils.A similar 13C enrichement was
also reported in maleimides (1H-pyrrole-2,5-diones) compounds, attributed to
Chlorobiaceae inputs, from the Kupfershiefer (Permian) and Serpiano shales
(Grice et al, 1996a,b; Grice et al, 1997).


Acetyl-CoA pathway – In this pathway, inorganic carbon is also fixed at more
than one enzymatic site with an overall isotope effect greater than for other
aquatic autotrophs (15≤εp≤36). This pathway is used in methanogenesis (see
also section 2.1.1.4.2b).



3-Hydroxypropionate pathway – This pathway is used by some species of
photoautotrophs with no (εp = 0) isotopic fractionation (Van der Meer et al.,
2001b).

All the above pathways and associated isotope effects for the assimilation of inorganic
carbon are reviewed in Table 2.1. Included are also the different enzymes, substrates,
reactants and products within each pathway.
Upon the production of the first photosynthates (e.g. C3 carbohydrates), these enter
the Calvin cycle where the remaining basic C3-6 carbohydrate units are biosynthesised.
Considering the numerous rearrangements of carbon atoms involved in the Calvin
cycle, the 13C compositions at each carbon position in the C3-6 carbohydrate units
produced are expected to be uniform. However, while the δ13C of the whole
carbohydrate molecule strictly depends on the autotrophic pathway utilised, small
consistent differences (from 2-5‰ enrichment, to 5‰ depletion) have been measured
by Rossmann et al. (1991) at particular carbon positions in a C6 carbohydrate unit (see
also Hayes, 2001, page 245).

41

2.1.1.4.3
lipids

13

C isotope effects associated with the biosynthesis of

Upon the production of carbohydrates, the carbon flowing to build the remaining
compound classes (amino-acids, nucleic acids and lipids) is subject to further kinetic
isotopic fractionations occurring at different branching points in the reaction network.
However, since this thesis focuses on lipid biomarkers, only the main isotope effects
associated with the production of lipids will be reviewed.
According to the basic units forming their carbon skeleton, lipids can be divided into
n-alkyl and isoprenoid. The former are polymers derived from condensation reactions
of the C2 acetate (CH3COO-) unit, while the latter are structured as repeating units of
the isoprene (C5H10) unit. The 13C compositions of the n-alkyl and isoprenoid lipids
depend essentially, but not only, on the isotopic compositions assumed by the direct
precursors of their building block, which are respectively the acetyl coenzyme A
(acetyl-CoA) and the isopentenyl pyrophosphate (IPP). In the case of n-alkyl lipids,
further isotope effects occur at the fatty acids synthase branching point, i.e. the
branching point between the liberation of free fatty acid versus continued elongation.

2.1.1.4.3a

13

C composition of n-alkyl lipids

Fig. 2.5 displays the biosynthetic pathway of saturated fatty acids, which are the first
biosynthesized among the n-alkyl lipids. As shown in the figure, acetyl-CoA is
produced upon the oxidative decarboxylation of pyruvate which is a degradation
product of the C3-6 carbohydrates.
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Figure 2.5 – Biosynthesis of saturated fatty acids in plants and animals. Palmitate is formed by
successive additions of malonyl coenzyme A to the enzyme-bond chain, with CO2 being lost at each
addition. This results in chain elongation by a (CH2)2 unit at each step. Details of the formation of
butyryl (C4) from acetyl (C2) are shown, while the subsequent six further additions, terminating in
palmitate, proceed similarly (from Killops and Killops, 2005).

Fig. 2.6 illustrates such reaction in more detail. Pyruvate represents a branching point
where carbon flows to different fates, including to acetyl-CoA.
The decarboxylation of pyruvate by the action of pyruvate dehydrogenase is
associated with a strong isotope effect (ε). Monson and Hayes (1982) estimated such
isotope effect to be ε = 23‰ during the metabolism of E. coli growing on glucose.
The graph in Fig. 2.6 describes the residual isotopic compositions of the carboxyl
carbons in pyruvate and acetyl-CoA after the reaction; these are expressed by the
equations:
(2.14) δA = δC – ε(1 – f)
(2.15) δP = δC + fε
δA = isotopic composition of the carboxyl carbon in acetyl-CoA
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δC = initial isotopic composition of the carboxyl carbon in pyruvate (then
corresponding to one of the carbon atoms in the C3-6 carbohydrates).
δP = isotopic composition of the carboxyl carbon in pyruvate.
f = fraction of carbon transferred during the reaction from the carboxyl carbon of
pyruvate to the carboxyl carbon of acetyl-CoA
ε = isotope effect associated with the activity of the enzyme pyruvate dehydrogenase.

Figure 2.6 – Flows of carbon at the pyruvate branch point in the metabolism of E. coli growing
aerobically on glucose. As mentioned in the text, 74% of the pyruvate is decarboxylated to yield acetylCoA. The observed depletion of 13C at odd-numbered carbon positions in fatty acids (Monson and
Hayes, 1982), shown in the graph at the right, therefore indicates that the isotope effect at C-2 in the
pyruvate dehydrogenase reaction is 23‰ (from Hayes, 2001).

In the case of heterotrophic bacteria, Monson and Hayes (1982) estimated f = 0.74;
thus, under the assumption of ε = 23‰, this would result in the observed 5.9‰
depletion of the carboxyl carbon in acetyl-CoA (Fig. 2.5). However, it can assume
also different values for other types of organisms. For instance, Sakata et al. (1997)
measured an isotopic depletion of 18‰ (n-alkyl lipids where depleted by 9.1‰) in the
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carboxyl carbon in acetyl-CoA for cyanobacteria; this would suggest either a smaller
value of f (f = 0.22), or that there can be multiple factors playing in concomitance to
this larger depletion (Hayes, 2001). Schouten et al. (1998) reported a 8‰ variability
in the δ13C values of n-fatty acids measured on thirteen different species of algae
(values are displayed in table 2.3).
Once the isotopic depletion of the carboxyl carbon in acetyl-CoA is established, it is
possible to estimate the final isotopic composition of the resulting n-alkyl lipids. In
the case of prokaryotes which lack a specialised compartimentalization within the cell
(e.g. mitochondrion, chloroplast and cytosol) that adds further isotope effects when
the various units are exported from the C2 units-producing organelles (Fig. 2.7), the
overall δ13C values of n-alkyl lipids can be expressed by the equation:
(2.16) δ13C(n-alkyl lipids) = [δ13C(methyl) + δ13C(carboxyl)]/2
where δ13C(methyl) ≡ δC; and δ13C(carboxyl) ≡ δA

Figure 2.7 – Pathways of lipid biosynthesis in eukaryotic organisms. Since no form of acetate is able to
pass through the mitochondrial wall, C2 units produced within the mitochondrion by oxidative
decarboxylation of pyruvate must be packaged as C6 species (citrate) for export. The formation and
subsequent decarboxylation of the C6 units introduces additional branch points where fractionation
may occur (from Hayes, 1993).
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This equation derives from the fact that n-alkyl lipids are direct polymers of the C2
unit acetate, which is in fact composed by carboxyl and methyl carbons derived from
Acetyl-CoA in a ratio of 1:1. For instance, in the case of heterotrophic bacteria
characterised by a carboxyl carbon depleted by 5.9‰ with respect to the methyl
carbon, the expected isotopic depletion of n-alkyl lipids with respect to carbohydrates
would be by about 3‰.
Nevertheless, as already mentioned, the pyruvate branching point is not the only site
where fractionation occurs during the biosynthesis of n-alkyl lipids. Further isotopic
fractionation occurs at the fatty acids synthase branching point which has been
estimated to be ε = 13‰ (Monson & Hayes, 1980). However, since the site of fatty
acid synthesis varies significantly, according both to whether the cell has chloroplasts
and to the number of carbon atoms (more or less than 18) composing the final fatty
acid, the associated mechanisms of fractionation will also be different. These have not
been directly investigated yet.
While the above is valid for even-numbered n-fatty acids (since they derive from
repetitions of a basic C2 molecule), more recent studies have demonstrated that oddnumbered n-fatty acids, as well as branched (iso and anteiso) fatty acids derive from
parallel biosynthetic pathways but with a different precursor molecule other than
pyruvate leading to δ13C values systematically different from those of parent evennumbered n-fatty acids. More specifically, Grice et al. (2008) measured the δ13C
values of plant waxes iso and anteiso n-alkanes (derived from decarboxylation of fatty
acids) and which were systematically more positive than parent n-alkanes by,
respectively, 2.8-4.3‰ and 0-1.8‰, as a result of their different biosyntheic
precursors (valine and isoleucine respectively). Similarly, Zhou et al. (2010) noted a
systematic difference in δ13C values between plant wax long-chain odd-numbered and
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even-numbered n-alkanes (the latter being consistently more negative) as a result of
the different putative precursor for the even-numbered n-alkanes other than pyruvate
(i.e. propionate).

2.1.1.4.3b

13

C composition of isoprenoid lipids

The isotopic composition of isoprenoid lipids depends on the isotopic composition of
their building block, i.e. isopentenyl pyrophosphate (IPP). Two different biosynthetic
pathways have been discovered to produce IPP (Fig. 2.8): the Mevalonic-acid
pathway (MVA) and the Methylerythritol-phosphate pathway (MEP). As seen in the
figure, the MEV pathway includes also the pyruvate branching point in common with
the biosynthetic pathway of n-alkyl lipids, while the MEP pathway is very different.
Unfortunately, the isotope effects associated with the production of IPP from the two
pathways have not been investigated yet. It was speculated in the past (Hayes, 1993)
that, since the only known pathway was the MVA, the overall isotopic composition of
isoprenoid lipids would also depend only on the isotopic compositions of the methyl
and carboxyl carbons in acetyl-CoA upon the decarboxylation of pyruvate. By
assuming that the C5 IPP contained 3 methyl and 2 carboxyl carbon atoms derived
from the acetyl-CoA, the overall isotopic composition of isoprenoid lipids would be:
(2.17) δ13C(MVA isoprenoid lipids) = [3δ13C(methyl) + 2δ13C(carboxyl)]/5
where δ13C(methyl) ≡ δC; and δ13C(carboxyl) ≡ δA
However, such relation might not be correct if further isotope effects are discovered
associated with the biosynthesis and decarboxylation of mevalonic acid during the
biosynthesis of IPP.

47

Figure 2.8 – Relationships between the carbon positions in isopentenyl pyrophosphate and their
sources. In the mevalonic-acid pathway, all five carbon positions in isopentenyl pyrophosphate derive
from acetate and, in turn from the C-1 + C-6 and C-2 + C-5 positions of glucose. In the
methylerythritol-phosphate pathway, one carbon derives from the C-3 + C-4 position in glucose.
Moreover, the mapping of positions from precursors into products of the two pathways differs sharply,
as indicated by structures of acyclic and steroidal carbon skeletons based on the MVA (a, c) and MEP
(b, d) pathways (from Hayes, 2001).

A review on the isotopic shifts of n-alkyl and isoprenoid lipids with respect to the
total biomass of cultured organism is presented in Hayes (2001, pages 258-272). Such
results are summarized in Tables 2.2 and 2.3 for, respectively, prokaryotes and
eukaryotic algae.
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Table 2.2 – Observed depletions of 13C in lipids relative to biomass, prokaryotes (from Hayes, 2001).

As above mentioned, in the case of eukaryotic organisms, the C2 units (acetate)
produced within the mitochondria can be exported only as C6 (citrate) units (Fig. 2.7).
Bonds to the methyl position in acetate are broken and re-made during the formation
of citrate and its subsequent cleavage outside the organelle; all this would provide
further potential branching points where fractionation may occur but that have not
been directly investigated yet.
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Table 2.3 – Observed depletions of 13C in lipids relative to biomass, eukaryotic algae (from Hayes,
2001).

2.1.1.4.4

Resulting cellular 13C budget

The whole cellular carbon budget is composed of the four main compound classes:
nucleic acids (na), proteins (prot), saccharides (sacc), and lipids (lip). From mass
balance requirements, the δ13C value of the cell biomass will be (Hayes, 2001):
(2.18) δBiomass = XCnaδna + XCprotδprot + XCsaccδsacc + XClipδlip
δ = mass-weighted average isotopic compositions for all the compounds within the
indicated class
XC = mole fraction of carbon (XC terms sum up to 1.0)
The resulting isotopic differences between cell biomass and compound classes
therefore depend both on the individual isotope effects during the biosynthesis of the
different compound classes, and on the amount of carbon flowing to the different

50

fates. As already seen in the previous paragraphs, while the values of the single
isotope effects are essentially related to the interaction reactant-enzyme-product, the
mole fractions of carbon flowing to different compound classes depend on the
organism type, growth stage, and on other environmental factors (e.g. availability of
nutrients, light levels). On average, the isotopic differences among compound classes
are: δna ≈ δprot, δprot – δsacc ≈ -1‰, δlip – δsacc ≈ -6‰ (note that lipids are more depleted
in 13C than the other compound classes). The calculated isotopic difference between
lipids and biomass in phytoplankton, as a function of different environmental
variables, is illustrated in Fig. 2.9; for example, δlip – δbiomass ≈ 4.5‰ for
phytoplankton in sub-tropical gyres with a Redfield-ratio supply of nutrients.

Figure 2.9 – Depletion of 13C in lipids relative to biomass as a function of cellular composition, where
XCProt, XCLip, and XCSacch are the mole fractions of carbon in proteins, lipids and carbohydrates,
respectively (see equation 2.18). The indicated relationships are based on isotopic mass-balance
requirements and on concepts outlined by Laws (1991). The cross marked “Redfield (Anderson)”
indicates the position of cells with C/N/P = 106/16/1 but with lower (and much more realistic)
abundances of H and O than those specified by the conventional Redfield formula (Anderson, 1995;
from Hayes 2001).

2.1.1.4.5

13

C isotope effects associated with heterotrophic processes

Unlike autotrophs, heterotrophic organisms assimilate organic molecules. This
process implies the oxidative degradation of such organic material, and therefore it
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requires an external electron acceptor species. This is molecular oxygen (O2) for all
heterotrophic eukaryotic organisms (animals) but, in the case of some anaerobic and
facultatively anaerobic heterotrophic eubacteria and archaea, O2 is substituted by
other oxidative species like nitrate or sulfate. Furthermore, some species of anaerobic
bacteria (fermentative) can utilize an internal source electron acceptor for the
degradation of the organic material (e.g. methanogenesis).
In terms of the associated isotope effect, heterotrophic processes of assimilation of
organic carbon can be distinguished between those operated by eukaryotic and
prokaryotic (bacteria and archaea) organisms.

2.1.1.4.5a 13C isotope effect associated with the eukaryotic assimilation of
organic molecules
Eukaryotic organisms assimilate organic carbon by using exclusively molecular
oxygen as an oxidative species. Such process is schematically illustrated in Fig. 2.10;
fats and carbohydrates are firstly broken-down in smaller molecules and then
processed in the citric acid cycle (or Krebs, or tricarboxylic acid (TCA) cycle) in
order to deliver a biosynthetic precursor molecule for lipids and amino acids, together
with respired CO2, energy in the form of ATP (adenosine triphosphate) and faecal
carbon. Apparently, a normal kinetic isotope effect is associated with the production
of respired CO2 in the citric acid cycle. This results in 13C-depleted CO2 and, by
difference, 13C-enriched biosynthetic precursor and faecal carbon with respect to the
assimilated molecule (substrate). In fact, evidence confirms that the heterotroph
biomass is usually 0.5-1.5‰ (according to the composition of the input) 13C-enriched
per trophic level with respect to the food source (De Niro and Epstein, 1978; Yoshii et
al., 1999).
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Figure 2.10 – Summary of the aerobic respiration of carbohydrates and fats. The biosynthetic
precursors are used in the synthesis of fatty acids, amino acids, terpenoids, etc. (from Killops and
Killops, 2005).

In regard to faecal carbon, Fischer (1991) found that sinking faecal materials
(containing phytoplanktonic biomarkers) were 13C-enriched compared to
phytoplankton by 2-5‰, suggesting a greater isotopic shift between the
phytoplanktonic and zooplanktonic trophic levels. The interpretation given by Fisher
(1991) to such anomalously 13C-enriched faecal material was that it did not represent
direct zooplanktonic heterotrophic biomass, but it reflected loss of 13C-depleted CH4
from zooplanktonic gut bacterial communities (see also next section). However,
studies in more controlled environments, where direct relationships between food
source, heterotrophic organisms and faecal material could be constrained (Grice et al.,
1998a; Klein-Breteler et al., 2002), showed that the δ13C values of lipids (sterols and
alkenones) remained unaltered between those from those three associated OM inputs.

2.1.1.4.5b 13C isotope effect associated with the prokaryotic assimilation
of organic molecules
Heterotrophic bacteria and archaea can assimilate organic carbon through different
metabolisms in relation to the substrate and to the oxidative species utilized; the
associated isotope effects can be largely different between several cases.
In general, the isotopic composition of heterotrophic bacterial biomass is primarily
governed by the isotopic composition of the organic substrate utilized, as for
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eukaryotic heterotrophy; however the isotopic shift can be highly variable.
Experiments on cultured organisms (Abraham et al., 1998) show that the isotopic shift
between substrate and heterotrophic bacterial biomass varies both in intensity and
sign in relation to the substrate utilized (shown in Fig. 2.11). In other studies, Coffin
et al. (1990) measured an average of 2.3‰ δ13C-enrichment in the biomass of the
aerobic bacterium Pseudomonas aeruginosa with respect to its dissolved organic
matter (DOM) source, while Zhang et al. (2003) measured the isotopic composition of
iron-reducing bacterial biomass to be as much as 7‰ δ13C-depleted relative to the
substrates acetate and lactate.
In the case of aerobic heterotrophic bacteria, n-alkyl lipids are generally δ13C-depleted
with respect to biomass by 2 to 4 ‰ (in accordance with the predicted isotope effect
expressed in section 2.1.1.4.3a). In the case of anaerobic heterotrophic bacteria this
offset is usually larger: e.g., Teece et al. (1999) measured a biomass – n-alkyl lipids
offset of 7.3 to 10.7‰ for NO3-utilizing bacteria grown on lactate, while Zhang et al.
(2003) measured such offset to be 10.4 to 14.7‰ for ferric citrate-utilizing bacteria
grown on acetate. In the case of isoprenoid lipids, the isotopic shift with associated
bacterial biomass is still unpredictable and needs measurements of cultured
organisms. This is because bacteria seem to prefer exclusively the MPE pathway for
the biosynthesis of the IPP; the associated isotope effect(s) with this pathway have not
been determined yet.
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Figure 2.11 – Carbon stable-isotope values of biomass and the C16:0 fatty acids from different
fractions of polar and bound lipids of Fusarium solani compared with the values of the corresponding
substrate. PL = polar lipids; GL = glycolipids; BL = bound lipids (from Abraham et al., 1998).

Processes involving either the production or assimilation (at the expense of acetate or
other multi-carbon substrates) of C1 compounds (i.e. CH4 and other methyl
compounds) are accompanied by much larger isotope effects with, in most cases, an
expected isotopic depletion of the heterotroph biomass (Hayes, 2001). Considering
the relevant isotopic shifts associated with those processes, methanogenesis and
methanotrophy will be discussed separately. Note that in the case of methanogenesis
the process can be either heterotrophic or autotrophic.
Methanogenesis

Biogenic production of methane occurs in anoxic environments upon the complete
removal of electron acceptor inorganic species (in order: molecular oxygen, nitrate,
Mn-oxides, Fe-oxides, sulfate; e.g. Jørgensen, 2000) during bacterial degradation and
assimilation of the organic matter contained in sediments and/or the water column.
Throughout the remineralization processes of OM, respired CO2 and H2 can partly
accumulate in sediments together with the more refractory molecular remains. In the
absence of electron acceptor species other than carbon, only methanogenesis and
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fermentation processes can occur. There are three pathways which allow bacterial
production of methane; these are named according to the substrate assimilated
(Whiticar, 1999): hydrogenotrophic (which uses CO2 as a source of carbon and H2 as
a source of energy), acetotrophic (which uses acetate both as a source of carbon and
energy, and releases CO2 and CH4), and methylotrophic (which uses methyl substrates
like trimethylamine or dimethylsulfide and releases CO2 and CH4). The relative
importance of each of these pathways in marine settings (operated exclusively by
several species of archaeal communities) depends on the substrates availability (i.e.
CO2, acetate, methyl compounds) which, in turn, is essentially dependent on the
activity of sulfate-reducing bacteria. In fact, the acetotrophic pathway seems to occur
almost exclusively in freshwater settings where the abundance of sulfate is very low
and accordingly the acetate pool is not entirely consumed by sulfate-reducing
bacteria, which in fact out-compete methanogens in acetate utilization. On the
contrary, both the hydrogenotrophic and methylotrophic pathways occur in marine
environments because there are no other communities competing with methanogens in
the utilization both of CO2 and of methyl substrates (Whiticar, 1999). The kinetic
isotope effects associated with those pathways are the following:
1. Hydrogenotrophic: this pathway is associated with the largest isotopic
fractionation. It is 40 ≤ ε ≤ 95 ‰ between CO2 and CH4, and about 60% of
that value between CO2 and the methanogen biomass (Hayes et al., 1987). The
resulting δ13C values for CH4 range from – 60 to – 110 ‰, while the expected
δ13C values for methanogen lipid biomarkers can be roughly equivalent to
those of primary producers (e.g. – 30‰ reported in Freeman et al., 1990; – 35
to – 36‰ reported in Pancost et al., 2000a).
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2. Acetotrophic: the isotope effect between acetate and CH4 is 24 ≤ ε ≤ 27 ‰
(Whiticar, 1999) which results in much more 13C-enriched CH4 then that
produced by the hydrogenotrophic pathway. This case can be regarded as a
normal heterotrophic bacterial assimilation of multi-carbon substrates,
therefore the expected δ13C values of lipids from acetotrophic methanogens
could vary from – 22 to – 40 ‰, strictly dependent on the isotopic
composition of the acetate precursor (Hayes, 1993).
3. Methylotrophic: the isotopic fractionation associated with this pathway is
intermediate between the other two. Whiticar (1999) estimated an isotope
effect between methyl compounds and CH4 of 40 ≤ ε ≤ 60 ‰, leading to δ13C
values of CH4 between – 50 and – 60 ‰. Summons et al. (1998), in a cultured
experiment growing methanogens on the substrates trimethylamine (TMA)
and dimethylsulfide (DMS), estimated the following isotope effects:


ε(TMA-CH4) = 50.2‰ to 71‰



ε(TMA-methanogen biomass) = 20.2‰ to 49.6‰



ε(TMA-methanogen lipids) = 48.2‰ to 79.9‰

The range of the values depends on the different methanogen species analysed.
However, since in the experiment conducted by Summons et al. (1998) the
availability of the substrates was not a limiting factor, those values represent
maximum isotope effects which are not normally achieved in nature.
In conclusion the isotopic composition of methanogens is influenced by several
factors that are still not completely understood. In fact the above mentioned
“expected” 13C depletion might not occur in all cases: e.g. Schouten et al. (2001) in

57

samples from Ace Lake (Antarctica) measured δ13C values of methanogen biomarkers
as much as 10‰ enriched relative to photoautotroph biomarkers.
Methanotrophy

Bacterial CH4 consumption can be performed either by aerobic or anaerobic
oxidation. While the former is a common process in fresh-water settings normally at
the anoxic-oxic interface (Withicar, 1999), the latter is the dominant pathway for
methane oxidation in marine settings (e.g. Blair and Aller, 1995; Reeburgh, 2007).
Accordingly, in this text, focus will be given to the anaerobic oxidation of methane
(AOM). AOM occurs at sites characterised by high fluxes of methane to the surface
(e.g. organic enriched sediments, cold seeps or mud volcanoes) and it represents the
major biological sink of methane in marine settings (Hinrichs and Boetius, 2002).
Different mechanisms have been proposed for anaerobic oxidation of methane (AOM)
on the basis of the following biomarker evidences collected from different marine
settings (Pancost and Sinninghe Damste’, 2003 and references therein): highly
depleted δ13C values of archaeal biomarkers (-60‰ ≤ Archaeol ≤ -95‰; -77‰ ≤
Hydroxyarchaeol ≤ 110‰), slightly more enriched δ13C values of sulfate-reducing
bacteria biomarkers (-60‰ ≤ C15 and C17 iso/anteiso fatty acids ≤ -85‰). The
hypothesised mechanism that best explains the observed values (and is also able to
explain the electron flow and be thermodynamically favourable) corresponds to the
activity of a syntrophic consortium made by methanotrophic archaea and autotrophic
sulfate-reducing bacteria (Pancost and Sinninghe Damste’, 2003). Archaea utilise CH4
present in the anaerobic marine environment by performing reverse methanogenesis,
that is:
(2.18) CH4 + 2H2O → CO2 + 4H2
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The accumulated CO2 and H2 are instantly taken up by sulfate-reducing bacteria
through the following reaction:
(2.19) SO42- + 4H2 + H+ → HS- + 4H2O
More specifically, such mechanism is able to explain the following factors:


Highly 13C-depleted archaeal biomarkers as a result of assimilation of methane
from archaea either by the RuMP or serine metabolic pathways (see next
section).



Slightly more 13C-enriched (but still significantly depleted with respect to
common autotrophic biomarker) sulfate reducing bacteria biomarkers
consistent with the uptake of respired CO2 from methanotrophic archaea,
partially and variably mixed with already present seawater DIC (the range in
δ13C-values of sulfate-reducing bacteria biomarkers is as much as 10‰ among
various sites).



Removal of molecular hydrogen that keeps accumulating in sediments as a
result of reaction 2.18. Since the energy yield of reverse methanogenesis is
relatively low, particularly in the presence of hydrogen, such bacterial
utilization of hydrogen via sulfate reduction (reaction 2.19) is vital to maintain
methane oxidation under anaerobic conditions (Hoehler et al., 1994; Pancost
et al., 2000b; Boetius et al., 2000).

Two of the known pathways for the assimilation of C1 organic substrates are:


RuMP (Ribulose MonoPhosphate): this is mainly used by methylotrophes and
methanotrophes and yields ultimately carbohydrates. The associated isotope
effect is not yet well defined, however it is expected to be around 30-40‰ on
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the basis of the isotopic values of compounds deriving from methanotrophic
biomass (see Jahnke et al., 1999).


Serine pathway: this is also mainly used by methylotrophes and
methanotrophes, but it ultimately yields Acetyl-CoA after the C1 unit is
initially added to glycine to yield serine. The associated isotopic fractionation
is very complex and variable because it involves the assimilation of both CH4
and CO2 and a concomitant dissimilation of carbon derived from methane
(Jahnke et al., 1999). In fact, under CH4-limiting conditions, biomarkers from
methanotrophic biomass metabolized through the serine pathway (e.g. C32
hopanols), can even result in enrichment by 10-12‰ with respect to the CH4
substrate (Jahnke et al., 1999).

2.1.1.5

Distribution of δ13C values in the environment

This section provides an overview of the expected and measured ranges of δ13C
values of carbon species and organisms in the environment, and ultimately in lipid
biomarkers, based on processes and associated isotope effects presented in the
previous section.
The δ13C values of carbon species in sedimentary OM study must be considered in
terms of the differences in δ13C values among those carbon species rather than in
terms of their absolute δ13C values since the 13C content of each carbon species
(whether individual biomarker or total organic carbon) is a result of a sequence of
processes occurring upstream in the carbon flow (e.g. carbon sources and
metabolisms) which can be, in turn, highly spatially and temporarily variable and
dependent on the interaction between environmental and biogeochemical factors
(Hayes, 2001).
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The δ13C values of atmospheric carbon dioxide

2.1.1.5.1

Atmospheric CO2 presents a relatively constant δ13C composition worldwide.
However, its value has been decreasing from -6.3‰ (pre-industrial era) to about 7.8‰ (end of 20th century) because of the anthropogenic emission of combusted fossil
fuels. (e.g. Keeling et al., 1995). This is known as “13C Suess effect” and there is
already evidence of uptake of such anthropogenic carbon in the marine environment
(e.g. Quay et al., 1992a; Takahashi et al., 2000; Caldeira and Duffy, 2000; Murnane
and Sarmiento, 2000).

The δ13C values of terrestrial lipid biomarkers

2.1.1.5.2

The δ13C values of lipid biomarkers derived from terrestrial higher plant waxes
depend firstly on the δ13C of their carbon source, i.e. atmospheric CO2, then on the
isotope effects associated with the metabolic processes during the biosynthesis of
lipids (see section 2.1.1.4). Since the δ13C value of atmospheric CO2 is assumed to be
rather uniform worldwide (section 2.1.1.5.1) what mostly determine differences in the
δ13C values between terrestrial plant lipid biomarkers is the isotope effect associated
with the metabolism utilized by the plants for the fixation of external inorganic carbon
(i.e. C3, CAM or C4 pathways). Yet, under the same metabolic processes slightly
different δ13C values are expected between n-alkyl and isoprenoid terrestrial lipid
biomarkers, which in fact will be discussed separately. The δ13C end-member values
for n-alkyl terrestrial higher plant lipid biomarkers are (refer to section 2.2.1 for
details on the source specificity of the following lipid biomarkers):


For C3 plants: long-chain even-over-odd predominance (EOP) nalkanes (-39‰≤δ13C≤-31‰; e.g. Collister et al., 1994b; Bird et al.,
1995; Bi et al., 2005), and long-chain OEP n-fatty acids (-
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38.5‰≤δ13C≤-32.4‰; e.g. Ballentine et al., 1998). Similar δ13C-values
are expected also for long chain OEP n-alcohols.


For CAM plants: long-chain EOP n-alkanes (-29‰≤δ13C≤-23‰; e.g.
Collister et al., 1994b; Bi et al., 2005).



For C4 plants: long-chain EOP n-alkanes (-25‰≤δ13C≤-18‰; e.g.
Collister et al., 1994b; Bird et al., 1995; Bi et al., 2005), long-chain
OEP n-fatty acids (-28.2‰≤δ13C≤-21.1‰; e.g. Ballentine et al., 1998).

As described in 2.1.1.4.3b, the δ13C values of isoprenoid lipid biomarkers are not
completely predictable yet, however, most frequently measured δ13C values of
isoprenoid lipid biomarkers of terrestrial land plant waxes are slightly enriched (1-2
‰) in 13C with respect to parent n-alkyl lipids (e.g. phytol isolated from C3 plants was
1.5‰ enriched with respect to the average δ13C values of co-occurring n-alkanes;
Collister et al., 1994b).

2.1.1.5.3
The δ13C values of dissolved inorganic carbon (δ13CDIC) in
oceanic waters
δ13C(DIC) in oceanic waters is on average enriched by 8‰ with respect to atmospheric
CO2. This derives from the fact that the most stable DIC species at average pH values
of oceanic waters is HCO3- (Fig. 2.2) whose thermodynamic isotope effect with
respect to CO2(A) is expressed by equations 2.6-2.8 (section 2.1.1.2). Subsequently,
DIC of surface oceanic waters presents an average δ13C value of 1.5‰ and which
varies no more than ± 0.8‰ (Freeman, 2001). Such average value may vary according
both to the latitude (thermodynamic isotope fractionation affected by temperature,
equations 2.6-2.8) and to local factors linked to the balance between marine
production and remineralization rates. In fact, while increased primary productivity
tends to enrich the δ13C(DIC) values of the surrounding waters because of the
62

discrimination of 13C during autotrophic processes (par. 2.1.1.4.2), heterotrophic and
remineralization processes tend to deplete the δ13C(DIC) values in surrounding waters
because of the emission of 13C-depleted CO2 produced from the oxidation of already
13

C-depleted OM. Since surface oceanic waters are sites where most primary

production occurs, while deep oceanic waters are normally characterised by higher
rates of heterotrophy and oxidization of the sinking OM particles from surface waters,
an isotopic gradient is usually created between the two layers of water (surface, 13Cenriched vs. deep, 13C-depleted, waters); such isotopic difference can be up to 15‰ as
estimated by δ13C values of lipid biomarkers in the Kyllaren Fjord (Smittenberg et al.,
2004). This isotopic gradient gives information on the “biological pump”, that is, the
transfer of atmospheric carbon into the oceans (e.g. Anderson et al., 2002; and
references therein). However, isotopic enrichment in δ13C(DIC) values can also occur in
deep waters (usually in closed and semi-closed settings) where autotrophic
methanogenic assimilation of DIC occurs. According to what is described above in
section 2.1.1.4.5b, this process is associated with a strong isotopic discrimination of
12

C, leaving the residual DIC pool significantly enriched in 13C (Whiticar, 1999).

In addition, global δ13C(DIC) values of surface oceanic waters are constantly changing
by an estimated -0.1‰ to -0.25‰/yr (varying with latitude) because of the uptake of
isotopically depleted anthropogenic atmospheric carbon (Suess effect).

2.1.1.5.4

The δ13C values of marine lipid biomarkers

The δ13C values assumed by lipid biomarkers of eukaryotic organisms of marine
origin depend on several factors. The most important are: the type and the isotopic
composition of the DIC source (paragraphs 2.1.1.2 and 2.1.1.5.3), the isotope effect
during inorganic carbon metabolism (the pathway is C3 but the isotope effect at the
carbon fixation site varies whether dissolved CO2 or HCO3- is utilized as substrate;
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section 2.1.1.4.2), the physiological and physical factors of the environment where
fixation occurs (these act on the isotope effect during inorganic carbon fixation as
explained in section 2.1.1.4.2a), and the isotope effect(s) during lipid biosynthesis
(which may be highly variable particularly among lipids differing in carbon
skeletons). The δ13C values of lipid biomarkers from autotrophic marine sources vary
approximately between those of C4 and C3 land plants (about 20 to 30‰), but with
great intra-variability. For instance, Schouten et al. (1998a) measured, for the same
algal material, differences between C16 fatty acid and sterols ranging from 0 to 8‰,
and from 2 to 5‰ between C16 fatty acid and phytol. Grice et al. (1998a) suggest that
the δ13C value of cholesterol might represent an average of the δ13C values of the
whole marine autotrophic community since zooplankton convert all other sterols of
algal origin into cholesterol without significant isotopic fractionation. However,
considering such high variability in the δ13C values of marine lipid biomarkers, linked
both to biosynthetic and environmental factors, the different possible sources of
marine lipid biomarkers must be inferred by considering the relative δ13C values
among biomarkers.

2.1.1.5.5

The δ13C values of prokaryotic biomarkers

Prokaryotic organisms (Bacteria and Archaea) can utilize a number of different
pathways for the metabolism of either organic or inorganic carbon. As seen in section
2.1.1.4, different metabolic pathways are associated with different isotope effects,
therefore, without considering the stable-isotope composition of the carbon source,
the utilized metabolic pathway has the most influence on the resulting δ13C values of
prokaryotic lipid biomarkers. Here, microorganisms will be classified as:
heterotrophic bacteria (aerobic and anaerobic), photosynthetic bacteria (aerobic and
anaerobic), and chemoautotrophs. This classification tends to generally differentiate
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prokaryotic organisms per metabolic pathways; however, between and within each
group from this classification different metabolic pathways can actually co-exist.
The carbon stable-isotope composition of lipid biomarkers from aerobic heterotrophic
bacteria has always been thought to be strictly dictated by the δ13C value of their
carbon source. In the four experiments reviewed by Hayes (2001), fatty acids were
consistently depleted in 13C by about 3‰ with respect to their glucose carbon source.
However, Abraham et al. (1998) found an array of different δ13C values of fatty acids
from bacteria grown on different substrates (Fig. 2.11) while Coffin et al. (1990)
measured an average of 2.3‰ 13C-enrichment in the biomass of the aerobic bacterium
Pseudomonas aeruginosa with respect to its DOM source. The assumption that
aerobic bacterial biomass is usually similar to its carbon source seems to need further
testings (Pancost and Sinninghe Damste’, 2003).
Lipid biomarkers from anaerobic heterotrophic bacteria (which utilize oxidative
species other then O2 for their metabolism) seem to be more 13C-depleted with respect
to their carbon source than those from aerobes. Teece et al. (1999) measured a
biomass – n-alkyl lipid offset of -7.3 to -10.7‰ for NO3-utilizing bacteria grown on
lactate, while Zhang et al. (2003) measured such offset to be -10.4 to - 14.7‰ for
ferric citrate-utilizing bacteria grown on acetate. Furthermore, Zhang et al. (2003)
measured the isotopic composition of iron-reducing bacterial biomass to be as much
as 7‰ 13C-depleted relative to the substrates acetate and lactate.
It is worth remembering that in the case of aerobic and anaerobic methanotrophy
(section 2.1.1.4.5b), the strong 13C depletion of the carbon source can be
straightforwardly identified in the δ13C values of heterotrophic bacterial lipid
biomarkers.
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Photosynthetic aerobic bacteria (cyanobacteria) incorporate external DIC with a
pathway similar to that for eukaryotic algae; they use the C3 photosynthesis for the
fixation of inorganic carbon (however with a different form of the enzyme rubisco,
i.e. rubisco form II which imparts less fractionation, Table 2.1) and the Calvin Cycle
for biosynthesis of carbohydrates. However, lipids seem to be more 13C-depleted with
respect to their biomass than those from algae, possibly because of the minor fraction
of carbon flowing to biosynthesis of lipids (section 2.1.1.4.3) in cyanobacteria. Sakata
et al. (1997) measured n-alkyl lipids from a cyanobacterium (Synechocystis) depleted
by 9.1 ‰ with respect to its biomass, while isoprenoid (phytol, diplopterol and
diploptene) were depleted by 6.8 ‰, 6.9 ‰ and 6.5 ‰, respectively.
Photosynthetic bacteria differ from cyanobacteria in that they are similarly
phototrophs (they use light as source of energy) but use electron donor species (e.g.
H2S for sulfur green and purple bacteria, or organic electron donors for non-sulfur
green and purple bacteria) other than water and they can metabolise both inorganic
and organic carbon (they are known also as anoxygenic photosynthetic bacteria since
they do not produce oxygen as a by-product of photosynthesis). Photosynthetic
bacteria can use different pathways for metabolizing the external carbon source that
varies according to the species. Chlorobiaceae (green sulfur bacteria) utilize the
characteristic TCA cycle (see section 2.1.1.4.2c) which produces lipid biomarkers
diagnostically 13C-enriched (e.g. Summons and Powell, 1986, 1987). Chloroflexus
auranticus (green non-sulfur bacteria) uses the 3-hydroxypropionate pathway for the
fixation of external inorganic carbon and the TCA cycle for generating ATP during
lipid biosynthesis. This results in n-alkyl lipids 1‰-2‰ depleted in 13C relative to
biomass but diagnostically 13C-enriched with respect to other photoautotrophic
biomarkers (Van der Meer et al., 2001b). Chromatiaceae (Chromatium and
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Thiocapsa) can fix both organic and inorganic carbon; when grown autotrophically
they use the same metabolic pathway as cyanobacteria, however T. roseopersicina
uses in addition the TCA cycle for the biosynthesis of acetate, this results in n-alkyl
lipids more 13C-enriched with respect to isoprenoid lipids (Van der Meer et al., 1998;
see also Table 2.2).
Chemoautotrophs are microbes (including varieties of both bacteria and archaea) that
receive energy not from light (as for photosynthetic aerobic and anaerobic bacteria)
but from the oxidation of reducing inorganic species such as H2S, NH4, and ironbearing compounds. They fix inorganic carbon and even though they are mostly
obligate aerobes they are usually found at the interfaces between aerobic and
anaerobic environments. Chemoautotrophs can be generally classified into the
following groups: methanogens, halophiles, sulfur reducers, nitrifiers,
anammoxbacteria and thermoacidophiles. Apart from methanogens (whose
metabolisms and δ13C values have been already described in section 2.1.1.4.5b), not
much is known yet about metabolisms and associated isotope effects for
chemoautotrophic organisms; however a few studies on halophilic (Grice et al.,
1998b) and non-extremophilic archaea (e.g. Kuypers et al., 2001; Schouten et al.,
1998b) point to their 13C-enrichment with respect to algal biomass.

2.1.1.5.6
carbon

The δ13C values of biomarkers from fossil petrogenic

Contributions from fossil petrogenic carbon to present-day marine sedimentary
environments include:


Kerogens, coals and graphitic black carbon eroded from sedimentary rocks
outcropping on continents;
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Petroleum products derived either from natural local seepages on the seafloor
or from anthropogenic emissions;



Products deriving from incomplete combustion of fossil fuels (i.e. polycyclic
aromatic hydrocarbons, or PAHs, and black carbon; see also section 2.2.4)

In the case of the solvent-extractable fractions of kerogens and coals (i.e. bitumen),
the δ13C values of the related lipid biomarkers are strictly dependent on their original
sources (e.g. Hayes et al., 1990).
In the case of petrogenic oils, the carbon stable-isotope compositions of the associated
lipid biomarkers tend to be more uniform and less dependent on the original inputs
because of the large homogenisation processes undergone by the carbon atoms during
the thermal cracking of OM during petroleum generation. Similarly to the δ13C values
of bulk oils, organic compounds tend to become 13C enriched by 2-3‰ with
increasing maturity of the oil itself (Clayton and Bjorøy, 1994). For some classes of
non-saturated and aromatic hydrocarbons, Clayton and Bjorøy tried to distinguish
source vs maturity effects on the resulting δ13C values of lipids by taking into account
also ratios in molecular abundances (e.g. pristane/phytane). For n-alkanes instead,
data seem to point to uniform and constant δ13C values throughout the whole
homologous series ranging from about -30.5‰ to -28.5‰ in relation to oil maturity
(e.g. Wilhelms et al., 1994; Pearson and Eglinton, 2000). Yet, in the case of aromatic
hydrocarbons, there seems to be a relationship between the origin (marine vs
terrestrial) of petrogenic oils and the δ13C values of such compounds (Andrusevich et
al., 1998; Maslen et al., 2011).
Furthermore, despite that petroleum-derived n-alkanes can be subjected to weathering
processes gradually decreasing their abundance (section 2.2.4), their δ13C values seem
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to remain generally unaltered, or subject to slight enrichment in 13C, during such
processes (e.g. Mansuy et al., 1997).
However, the most straightforward method for identifying and apportioning
contributions from fossil petrogenic carbon in lipid biomarkers in modern marine
sediments is by compound-specific radiocarbon measurements (e.g. Pearson and
Eglinton, 2000; Drenzek et al., 2007). The same is valid also for the apportionment of
PAHs and graphitic black carbon from incomplete combustion of fossil fuels (e.g.
Reddy et al., 2002).

2.1.1.5.7

The δ13C values of total sedimentary OM

The δ13C value of total sedimentary OM is essentially a result of the fractional
abundances of the different original OM inputs and of the in situ
diagenetic/bioturbation processes. Diagenetic processes can act in modifying the
isotopic composition OM both in terms of selective preservation processes and
additional inputs due to bacterial activities. Bioturbation processes act to homogenise
the composition of the top few cm of sediment (about 10 ± 4.5 cm; Boudreau, 1998).
Details of diagenetic and bioturbation modifications of the isotopic composition of
sedimentary OM are given in section 2.4.2.

2.1.2 14C systematics
As introduced in section 2.1, radiocarbon is produced in the upper atmosphere
through the collision of 14N with neutrons produced by cosmic rays.
neutron + 14N → 14C + proton
This newly produced 14C readily reacts with O2 to produce CO2 which is then
dispersed in the whole atmosphere and then enters the global active carbon cycle.
Since 14C is the radioactive isotope of carbon (named in fact radiocarbon), once its
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rate of decay (half-life ≡ t1/2), its initial amount (N0) and its final amount (Nt) are
known, it is possible to estimate the time since any organism was last in equilibrium
with its primary carbon source (e.g. atmospheric CO2 or DIC) according to the
formula:
(2.20) t = t1/2/ln2*ln(Nt/N0)
The half-life is known (t1/2 =5740±40 years; Godwin, 1962), and also, N0 is being
estimated by other studies and such data are freely accessible (i.e. Reimer et al., 2004;
Hughen et al., 2004; McCormac et al., 2004). Therefore, in order to know the age of
any carbon species it is necessary to measure Nt.

2.1.2.1

Measurement of Nt

With the advent of accelerator mass spectrometry (AMS; see Tuniz et al., 1998) 14C
atoms can be measured by direct counting. In fact, AMS provides a measure of the
ratio between 14C and either 13C or 12C (depending on the technical properties of the
AMS; e.g. ANTARES at ANSTO measures 14C/13C). Such ratio is expressed as:
Rs = 14C/13C (non normalized ratio measured in any sample by AMS)
Such value is then subject to further corrections, as follows:
1. Similarly to 13C measurements, the Rs value has to be normalized to an
absolute international standard; the standard currently used is called SRM
4990C (i.e. oxalic acid II, HOxII; Currie, 2004) corresponding to the 14C/13C
ratio that a hypothetical “1890 wood” would have in 1950 (this is done to
avoid the influence of normal atmospheric 14C contents from the burning of
fossil fuel since the Industrial Revolution and from the nuclear weapons
testings in the 1950-60s: see also section 2.1.2.2).
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2. Since 14C is also subject to isotopic fractionation during natural processes, just
as 13C, the 14C/13C measured in a sample by the AMS will reflect this
fractionation as well as radioactive decay (see also section 2.1), a correction of
δ13C = -25‰ (average isotope effect between atmospheric CO2 and biomass
during C3 photosynthesis) is applied for the 14C/13C ratio of HOxII, while the
δ13C value of the sample (δ13Cs) is also needed to correct for the 14C/13C ratio
of the sample itself.
Then, the normalized 14C/13C of a sample (Rsn) is expressed by:
(2.21) Rsn = Rs[1+0.001*(-25)]/[1+0.001*δ13Cs]
Such Rsn value is then converted into other expressions which are more commonly
found in literature. These are: fraction modern (fm), percent modern (pM),
radiocarbon age (14C yr) and Δ14C value (Stuiver and Polach, 1977). Definitions are
the following:
fm = 0.01(pM) = Rsn/Rm (for definition of Rm see Stuiver and Polach, 1977)
14

C yr = -8033 ln(fm) (the coefficient 8033 is based on the Libby half-life of 14C)

(2.22) Δ14C = 1000[fm*expλ(1950-y) – 1]
(y is the year in which the sample was collected, λ is the decay constant for 14C based
on its real half-life; λ = 1/8267; Stuiver and Polach, 1977).
Note that, as also already introduced in the previous section, all those expressions
(including 14C yr) do not provide a true estimate of the time spent since the sample
was last in equilibrium with its carbon source since they refer to an initial atmospheric
14

C amount (defined as N0 in the previous section) equal to the one in 1950 corrected

for the influence of fossil fuel combustion since the Industrial Revolution. In fact the
natural production of 14C in the atmosphere has not been constant through time,
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therefore in order to have a real estimate of such time it is necessary to calibrate the
14

C yr against the real initial amount of 14C in the atmosphere, which is in turn

determined by other types of studies (e.g. van der Plicht et al., 2004).
In this thesis, the radiocarbon content of a sample is prevalently used as an additional
measure for characterizing the composition of sedimentary OM, and not for
estimating its actual age. Accordingly, the radiocarbon content throughout this review
and thesis will be expressed with one of the non-calibrated radiocarbon expression
(conventionally Δ14C is the most suitable in geochemical studies since it subtracts the
time spent from sample collection to its analysis). Δ14C is expressed in permil (‰)
and it ranges form -1000‰ (radiocarbon free) to 0‰ (radiocarbon content in the
atmosphere in 1950). The positive Δ14C values found in literature and next in this
review are in fact due to the presence of nuclear weapon testings derived radiocarbon
in samples collected after 1950s (see section 2.1.2.2 for more details).

2.1.2.2

Anthropogenic perturbations to atmospheric Δ14C values

Anthropogenic activities have altered the normal trend of atmospheric radiocarbon
concentration in two ways. Firstly, from the emission of radiocarbon-dead CO2 from
fossil fuel combustion since the intensification of the industrial revolution from the
1890s. This has progressively lowered the normal atmospheric radiocarbon activity
(Suess Effect; Levin and Hesshaimer, 2000). It was estimated that from 1890 to 1950
the Δ14C values of atmospheric CO2 decreased by 17‰ because of this process
(Stuiver and Quay, 1981). The second anthropogenic effect (reflected in a shift in the
Δ14C values of atmospheric CO2 by a much larger magnitude than that of the Suess
effect) came from the alteration of the normal rates of production of radiocarbon in
the atmosphere from the nuclear bomb testings in the stratosphere during the 195060s. Such testings had in fact almost doubled the Δ14C values of atmospheric CO2, i.e.
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from 0‰ in 1950 (as a result of equation 2.22 which is referred to 1950) to about
900‰ in 1964 (Fig. 2.12).

Figure 2.12 – Radiocarbon levels (14C) in atmospheric CO2 and surface ocean DI14C since 1955, i.e.
enclosing the “bomb spike”. The red dashes and circles represent individual measurements; red and
green lines show annual average clean air; blue dots represent measurements of surface ocean DI14C;
blue lines are ocean surface data reconstructed from coral measurements (from McNichol and
Aluwihare, 2007).

Since 1964 nuclear bomb testing has stopped and, since the flux of carbon from
atmospheric CO2 to the other reservoirs of carbon is high enough with respect to the
concentration and residence time of CO2 in the atmosphere, the radiocarbon activity
of atmospheric CO2 has been progressively decreasing towards pre-bomb values.
However, not all reservoirs involved in the active cycle of carbon have been affected
by the introduction of bomb-derived carbon, like deep ocean DIC (e.g. Hesshaimer et
al., 1994) and deep ocean DOC (e.g. Bauer et al., 1995).
It is worth stressing the point that, even though the introduction of bomb-spike
radiocarbon seems to have added further complication to the interpretation of Δ14C
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values, since the time scale of the radiocarbon bomb-spike is negligible with respect
to the radiocarbon decay, such bomb 14C can be actually used as a conservative and
useful tracer for the cycling of OM within the last few decades.

2.1.2.3
Distribution of Δ14C values in the main reservoirs of OM
participating in the active carbon cycle
The radiocarbon content in any sample is essentially proportional to the time passed
since the carbon contained in the sample was last in equilibrium with atmospheric
CO2 (whose isotope composition is assumed to be uniform worldwide). However,
during its cycle from atmospheric CO2 to marine sedimentary OM, carbon flows
throughout different reservoirs with different timescales. The rate at which carbon
flows throughout such reservoirs before reaching the seafloor ultimately affects the
radiocarbon content of the different components of sedimentary marine OM.
Accordingly, in order to interpret the radiocarbon signature in sedimentary OM, it is
important first to review how radiocarbon concentrations globally vary among the
several reservoirs participating in the active cycle of carbon.
The next paragraphs review the Δ14C values of the main phases of carbon both in
terrestrial and marine environments; finally, the main factors affecting the Δ14C
values of sedimentary OM are discussed.

2.1.2.3.1

The Δ14C values of OM from terrestrial inputs

Terrestrial plants and animals have a radiocarbon content which can be assumed to be
very close if not identical to that of atmospheric CO2, i.e. in equilibrium with the
production of 14C in the atmosphere at the time of this OM production (Figures 2.12
and 2.13).
Part of the biological carbon produced is accumulated and stored in terrestrial soils.
Through transformation and degradation processes, carbon cycles in soils throughout
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at least three different reservoirs approximately characterised by residence times of
10-, 100- and 1000 years (Trumbore, 1993). Hedges and Oades (1997) estimated that
the most recent fraction of soil carbon can be classified into living vegetation and soil
litter (with turnover times of 1-20 yrs), and soil humus (80 years). However, such
estimates of residence times of carbon in soils (particularly for the more refractory
fraction) might differ greatly in relation to climatic factors. For instance, for highlatitude areas, Smittenberg et al. (2006), on the basis radiocarbon compound-specific
analysis of terrestrial biomarkers accumulated in Saanich Inlet (Canada) during the
last 12 ka, inferred that the turnover times of the refractory fraction of carbon in
boreal soils might be up to 10,000 or even 100,000 years. Therefore, the Δ14C values
of soil-derived OM may vary between -400 and +800 ‰, according to the relative
amounts of the various fractions of soils (and related turn-over times) transported.
All the remaining carbon present on continents with an age greater than 50,00060,000 years (e.g. kerogen in sedimentary rocks, fossil fuels) is radiocarbon dead with
Δ14C = -1000‰.

2.1.2.3.2

The Δ14C values of OM from marine inputs

OM from marine input presents Δ14C values essentially similar to the Δ14C of marine
DIC. However, the marine environment is slightly more complex than the terrestrial
since there is no natural reservoir starting with a “zero” radiocarbon age. In fact, the
radiocarbon age of the “youngest” reservoir of marine carbon (DIC in surface oceanic
waters) is variably around 400 years older than atmospheric CO2 (correspondent to a
Δ14C shift of about 80‰; e.g. Hessaimer et al., 1994). This is known as the “marine
reservoir effect” which is due, in the case of oceanic DIC, to the interaction of two
factors. Firstly, even though the surface oceanic water CO2(aq) concentrations
equilibrate with the atmosphere within few years, the carbon isotopic equilibration
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requires additional time to distribute the isotopes among the various DIC species
(about 10 years; McNichol and Aluwihare, 2007). Secondly, surface oceanic waters
mix with deeper water masses (commonly characterised by lower Δ14C(DIC) values)
with a frequency higher than the time required for isotopic equilibration. The result is
that the Δ14C(DIC) composition in surface oceanic waters is constantly kept out of
equilibrium with the atmospheric CO2 by an average of -80‰; such value may locally
change in relation to upwelling and downwelling processes as explained next. The
reason why upwelled deeper water masses are expected to present lower Δ14C(DIC)
values comes from the global evidence of a sharp decrease of Δ14C(DIC) values with
water depth, particularly at the thermocline depth interval, reaching Δ14C values more
or less constant at -190‰. Reasons for this can be several (e.g. remineralisation
processes of OM in the water column and surface sediments, and/or hydrocarbon
seeps from the seafloor). However, the strict correlation with the thermocline suggests
that the latter in fact compartmentalizes surface and deep oceanic waters into two
discrete water bodies with different dynamics and timescales, and the Δ14C(DIC)
gradient with depth seems to be mostly due to in situ ageing of deep water masses
throughout their deep oceanic circulation, that, according to the Δ14C values of DIC,
has been estimated to occur in about 1500 radiocarbon years (Williams and Druffel,
1987). When the thermocline is disrupted by upwelling processes, the radiocarbon age
of DIC in surface oceanic waters may be lowered by mixing with deep water masses
with lower radiocarbon age, as a result, DIC in surface oceanic waters may reach
1300 14C years as observed in the Southern Ocean (Stuiver et al., 1986).
Dissolved organic carbon (DOC) can also contribute to the OM in sediments by
different processes of transfer of carbon from DOC to particulate organic carbon
(POC) suspended in waters (Pearson, 2000), so Δ14C values of DOC should be also
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considered; however, since these processes are significant only in deeper waters than
in the continental shelf setting as in this study, they will not be further discussed.

2.1.2.3.3

The Δ14C values of OM in surface marine sediments

The Δ14C values of OM in marine sediments result from the combination of the Δ14C
values of the original OM inputs (i.e. terrestrial and marine inputs) and subsequent
diagenetic/bioturbation processes.
As it can be inferred from the previous two paragraphs, the OM inputs to marine
sediments can present a wide range of Δ14C values, so that the fractional abundances
of such inputs dictate the overall Δ14C values of sedimentary OM. However,
diagenetic processes can modify the total Δ14C value of sedimentary OM from the
original inputs by preferential preservation processes, resulting in a bias towards the
values of the preserved carbon species. Since the carbon species (“fresh”)
characterised by higher Δ14C values degrade usually at faster rates than those
(“refractory”) characterised by lower Δ14C values, sediments may seem to experience
a “rapid ageing” during diagenesis on the basis of radiocarbon data (e.g. Aller and
Blair, 2004). The lower Δ14C values of TOC with increasing diagenesis are explained
by selective preservation of more refractory and 14C-depleted carbon phases.
Bioturbation processes also have an impact on the Δ14C of total sedimentary OM. The
action of both diagenetic and bioturbation processes on the Δ14C values of
sedimentary OM are detailed in section 2.4.2.

2.2 Lipid biomarkers in recent marine sediments
The total OM in marine sediments consists essentially of a mixture of recognisable
organic compounds (i.e. carbohydrates, proteins, lipids and nucleic acids) and of a
more complex macromolecular material that cannot be identified by conventional
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analytical techniques (e.g. gas or liquid chromatography) referred to as molecularlyuncharacterised component (MUC; e.g. Hedges et al., 2000). Lipids are part of that
fraction of sedimentary OM that can be extracted by organic solvent extraction and be
molecularly characterised by gas chromatography.
Most of the total sedimentary OM is composed of MUC (Fig. 2.13) and lipids usually
constitute less than 5% of the total sedimentary organic matter content in present
marine sediments (Tissot and Welte, 1978). Although lipids have little direct
influence on the bulk organic carbon properties, lipids still present significant
advantages for studies aiming to identify the original inputs of sedimentary OM.
These are:


Since lipids are the structural components of the cell membranes of all living
organisms, the various sedimentary OM inputs are likely to be identified by
the study of the lipid content.



Lipids contain information about the various OM inputs. This property is due
to their wide diversity of structures often commonly assignable to specific
biological sources.



The principal structural characteristics of lipids are chemically stable during
sedimentation and early diagenesis, and therefore may be preserved in the
geological record.



Lipids are readily amenable to analysis by standard gas chromatographic and
mass spectrometric techniques following their solvent-extraction from the bulk
sediment.
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Figure 2.13 – Particulate organic carbon (POC) fluxes (in mg per m2 per day) to a water depth of
4500m and corresponding fractions of amino acids, carbohydrate, lipid and molecularly
uncharacterised organic carbon in plankton, sediment trap and sediment samples from the Equatorial
Pacific Ocean (from Wakeham et al., 1997). Note how the molecularly uncharacterised fraction of
organic carbon increases with depth (and degradation) in the water column and sediments, leaving a
progressively smaller percentage of the recognisable components (including lipids).

Those properties have led to a series of geochemical studies which have progressively
developed to a better understanding of the various biological origins of sourcespecific lipid compounds in nature (e.g. Hedges et al., 1997, and references therein;
Killops and Killops, 2005; Peters et al., 2005) that are in fact termed as lipid
biomarkers.
However, the lipid biomarker method for determining the origin of OM in sediments
presents also some disadvantages:
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As already mentioned, lipid biomarkers occur only as trace components with
little influence on the bulk OM. Although lipids can be more or less reliably
used for identification of the various OM inputs, it is necessary that some
intrinsic property other than the measurement of their relative concentrations
be employed in order to normalize their amounts to the total OM.



In some cases, information on lipid biomarker specificity is still incomplete.



Even though some biomarkers can be attributed to specific precursors, most
individual lipid biomarkers may derive from more than one specific source
within the same environmental sample.



Lipid biomarkers, like bulk organic materials, are sensitive to diagenetic
changes. Differential diagenetic alteration at a molecular level can strongly
affect the outcome of all types of lipid biomarker applications developed for
reconstructing the original sedimentary inputs of the associated OM (Hedges
and Prahl, 1993).

The measurement of the δ13C values (Hayes et al., 1990; Freeman et al., 1990) of
individual lipid biomarkers, as they are employed in this thesis, can provide strong
constrains in regard to these issues. Particularly, by constraining the sources of lipid
biomarkers, and in some cases estimating the fractional amounts of such sources (e.g.
Collister et al., 1994a), but also, compound-specific δ13C values provide a further
bridge between the individual lipid biomarkers and compositional characteristics (i.e.
δ13C and Δ14C) of the total organic carbon (e.g. Villinski et al., 2008).
The following section is a general review of the most common lipid biomarkers and
their associated sources, and of some common proxies that utilize lipid biomarker
concentration ratios to establish the relative inputs among sources.
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2.2.1 Lipid biomarkers of terrestrial sources
The most commonly employed molecular markers of terrestrial origin are:


Higher plant waxes. These are composed essentially of the long chain
counterparts of the homologous series of n-alkyl lipids like OEP (odd-overeven predominance in carbon chain number), long chain (23 ≤Cn≤ 33) nalkanes, EOP (even-over-odd predominance) long chain (24 ≤Cn≤ 34) nalcohols and n-fatty acids (e.g. Hedges et al., 1997 and references therein).
Furthermore, some isoprenoid lipids can also be useful markers of higher plant
wax inputs, these are: 3-ring diterpenoid hydrocarbons with 18-20 carbon
atoms (e.g. Simoneit, 1977), various sesquiterpenes (Elias et al., 1996), and 3oxytriterpenoid compounds such as α- and β-amyrin (Brassel and Eglinton,
1983).
These lipid biomarkers can be considered as indicators of OM deriving from
land plant litter or OM stored in soils (note that humic substances which
represent the major components of soil OM still present challenges for their
molecular characterization).



Higher plant tissues. These non-lipid biomarkers include essentially
methoxylated phenols derived from lignin (Sarkanen and Ludwig, 1971) and
internally hydroxylated n-C16 and n-C18 carboxylic acids composing a large
part of cutin (Stark et al., 1989). However, despite their high specificity, these
molecular tracers will not be employed in the present study (and thus will not
be further discussed) since they require more complex techniques other then
solvent extraction (e.g. Goni and Eglinton, 1996) to render them amenable to
gas chromatographic analysis.
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Archaeal ether-linked isoprenoid lipids. Some of these lipids, belonging to the
glycerol dialkyl glycerol tetraether (GDGT) homologous series, have been
recently recognized to have a solely terrestrial origin because they are
exclusively biosynthesized by some species of archaeal prokaryotes living in
soils (Hopmans et al., 2004). Accordingly, Hopmans et al. developed a
Branched and Isoprenoid Tetraether (BIT) index as a supplementary tool to
distinguish terrestrial- from marine-derived OM in marine sedimentary
environments. However, these molecular markers will not be employed in this
thesis (and are not further discussed) as they require HPLC-, or LCMStechnologies for their analytical separation.



Hydrocarbons deriving from the weathering of fossil (petrogenic) OM sources
contained in outcropping sedimentary rocks.
Weathered petrogenic OM (e.g. kerogen contained in sedimentary rocks,
brown coal, graphitic black carbon) can contribute more or less significantly to
the OM content transported to contemporary marine sedimentary
environments. While kerogen, by definition, is the residual amorphous, high
molecular weight and insoluble fraction of fossil OM after solvent, acid and,
in some cases, base extraction (Larter and Horsfield, 1993; Whelan and
Thompson-Rizer, 1993), a small fraction of such fossil OM (i.e. the
bituminous fraction; Killops and Killops, 2005) can be solvent-extracted and
characterised for its lipid content which is a mixture of hydrocarbons
(aliphatic and aromatic) and polar compounds.. Therefore, hydrocarbons of
fossil origin contained in the bituminous fraction of petrogenic OM within
sedimentary rocks can occur within contemporary soils and sediments with
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more or less the same type of hydrocarbons but of recent biological origin
(e.g. Pearson and Eglinton, 2000).

2.2.1.1

Molecular proxies for terrestrial OM inputs

The standard way of using the concentrations of individual lipid biomarkers for more
quantitatively inferring OM sources is by establishing the original ratio between the
biomarker and the associated OM from one particular source, then applying this ratio
to estimate the fractional amount from that particular source to the total OM content
of the sediment samples, by knowing the biomarker concentration in such samples
(e.g. Volkman et al., 2008). However, this method is affected by uncertainties. Firstly,
it is not always possible to establish the exact ratio between biomarker/associated OM
(it commonly needs ancillary data). Secondly, lipid biomarkers can degrade in
sediments at different rates than the associated bulk OM, so that the measured
concentration of a particular biomarker may not faithfully reflect the amount of the
associated bulk OM (e.g. Hedges and Prahl, 1993). Therefore, a common practice in
lipid biomarker studies is to estimate ratios between biomarkers with similar chemical
structures (so that the degradation rates between them are similar; Hedges and Prahl,
1993), but from different origins. In this way it is possible to more authentically
establish the relative contributions between such sources in sediments.
Here, the most commonly utilized molecular proxies for constraining the origin of
terrestrial OM are listed:


CPI (Carbon Preference Index)
This index is built on the relative abundances of long chain (23 ≤Cn≤ 33) nalkanes and distinguishes petrogenic from contemporary higher plant waxes
(Bray and Evans, 1961). The CPI ratio (originally developed for estimating
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petroleum thermal maturity) expresses the ratio in the abundances between
odd- and even-numbered n-alkanes in the following manner:
CPI = ½[(C25+C27+C29+C31+C33)/(C24+C26+C28+C30+C32) +
(C25+C27+C29+C31+C33)/(C26+C28+C30+C32+C34)]
Hydrocarbons composed of a mixture of compounds originating from landplant material show a predominance of odd-numbered carbon chains with CPI
≈ 5-10 (Rieley et al., 1991; Hedges and Prahl, 1993), whereas petrogenic
inputs have a CPI ≈ 1 (the expected uniformity in relative abundances of fossil
n-alkanes is due to the fact that they have undergone rearrangement reactions
altering their original relative amounts, and carbon-isotope composition, due
to thermal cracking at high temperature and pressure; e.g. Farrington and
Tripp, 1977; Pendoley, 1992; Killops and Killops, 2005). However, similar
values of CPI approximating 1 can also derive from marine microalgal and
bacterial inputs (e.g. Kennicutt et al., 1987; Feakins et al. 2007).


ACL (Average Chain Length)
The ACL is the weight-averaged number of carbon atoms of the higher plant
C25-C33 n-alkanes. ACL is expressed as (Poynter and Eglinton, 1990):
ACL = [25(C25)+27(C27)+29(C29)+31(C31)+33(C33)]/[C25+C27+C29+C31+C33].
ACL provides information on the environment of provenance of leaf waxes,
like: grassland/forest (Cranwell, 1973), temperature and associated latitudinal
belt (e.g. Simoneit et al., 1991; Poynter et al., 1989), aridity/humidity (Huang
et al., 2000; Shefuß et al., 2003). Moreover, when used in combination with
CPI, ACL has been tested as a useful additional indicator for the detection of
petrogenic hydrocarbons in coastal marine sediments (Jeng, 2006).
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Paq (aquatic proxy)
This proxy is based also on the relative abundances of long chain n-alkanes. It
is expressed as (Ficken et al., 2000): Paq = (C23+C25)/(C23+C25+C29+C31)
Paq allows distinguishing between non-emergent (submerged and floatingleaved) species, emergent aquatic plants and terrestrial plants. It exploits the
evidence of enhanced abundances of mid-chain length C23 and C25 n-alkanes
in non-emergent plants. This proxy has been found to be very useful in
lacustrine, estuarine and marshy environments where the traditional two endmember (terrestrial/marine) mixing models do not apply (Mead et al., 2005).

Several other biomarker ratios exist that exploit organic compounds of homologous
series, other than n-alkanes, for constraining the inputs of terrestrial OM, including
those for n-alcohols and sterols (e.g. Mudge and Norris 1997; Fernandes et al.,
1999a,b; Treignier et al., 2006).

2.2.2 Lipid biomarkers of marine inputs
OM inputs from marine sources are several: these are mostly represented by various
algal species, phytoplankton, zooplankton and seagrasses. Also included are
heterotrophic bacteria living in the water column and surface sediments (reworking
marine and terrestrial OM) and archaea (growing on a wide diversity of carbon
sources). However, lipid biomarkers from prokaryotic sources are separately
described in section 2.2.3. Lipid biomarkers specific to marine sources are commonly
represented by the shorter chain counterparts of n-alkyl lipid homologue series, like:
C15-C21 n-alkanes (e.g. Volkman et al., 1998) or C16-C24 n-alcohols (e.g. Sargent et
al., 1977), but also by mono- and polyunsaturated or hydroxy fatty acids, sterols,
diols, ketols, and long chain n-ketones (e.g. C37 and C38 alkenones which are
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exclusively biosynthesized by few species of haptophyte algae; e.g. Marlowe et al.,
1984; Brassell et al., 1986; Conte et al., 1994), phytol (Rontani and Volkman, 2003).
Information on the source specificity of marine lipid biomarkers can be found in the
above cited references and in specific publications examining each particular case. In
chapter 4 of this thesis, Table 4.4.2.6 provides more specific information on sourcespecificity of some of the most important sterols (both marine and terrestrial).

2.2.3 Lipid biomarkers of prokaryotic inputs
There is increasing evidence that microbial biomass may significantly contribute to
the total amount of OM preserved in marine sediments (e.g. Canuel and Martens,
1993; Keil et al., 2000; Keil and Fogel, 2001). Furthermore, bacteria and archaea are
involved in a range of processes that can modulate the preservation potential of OM in
marine sediments and that directly impact on global biogeochemical cycles.
Accordingly, the identification of microbial biomass in marine sediments from their
molecular remnants is important not only for a more accurate budgeting of the
terrestrial/marine sources, but also for a better understanding of the various
biogeochemical processes occurring in sediment mainly responsible for the
sequestration/recycling of nutrients and carbon, and consequently, for the atmospheric
oxidation state and carbon dioxide partial pressure. Here follows a brief overview on
some prokaryotic lipid biomarkers largely based on the review paper by Pancost and
Sinninghe Damsté (2003). Prokaryotic lipid biomarkers are divided into bacterial
biomarker and archaeal biomarkers.

2.2.3.1

Lipid biomarkers of bacterial origin

Hopanoids (pentacyclic triterpenoids) are biosynthesized by most bacteria including
cyanobacteria, methanotrophs and aerobic bacteria (e.g. Ourisson et al., 1987;
Ourisson and Rohmer, 1992), and, despite previous indications, also by some few
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species of anaerobic bacteria (Sinninghe Damsté et al., 2004; Hartner et al., 2005).
However, hopanoid lipids can derive also from terrestrial sources like ferns, mosses,
and fungi; and they can be also a major component of plant waxes and resins (Peters
et al., 2005).
Some types of fatty acids can also be diagnostic of bacterial inputs. The most
common are the C16 and C18 n-fatty acids (which are also produced by eukaryotic
organisms), but there are also more source-specific fatty-acid compounds like those
containing cyclopropyl units widespread in anaerobic bacteria (Fang and Barcelona,
1998), or branched fatty acids specific to sulfate-reducing (Kaneda, 1991),
actinomycets (Kroppenstedt and Kutzener, 1978), and alkane-utilizing bacteria
(Ringelberg et al., 1989; Slater et al., 2006). The most source-specific bacterial fatty
acids are some types of C16 and C18 monounsaturated fatty acids uniquely
biosynthesized by few species of methanotrophic bacteria (Makula, 1978; Nichols et
al., 1985; Jahnke and Diggs, 1989; Bowman et al., 1991; Pancost and Sinninghe
Damsté, 2003).

2.2.3.2

Lipid biomarkers of archaeal origin

Archaeal lipids differ, in part, from bacterial lipids because of two characteristics:
their sn-2,3 rather than sn-1,2 stereochemistry of the glycerol moieties (Koga et al.,
1998a, b), and their ether bonds to isoprenoid carbon skeletons rather than ester bonds
to alkyl carbon skeletons (De Rosa and Gambacorta, 1988). Archaeal lipids have been
found in a wide variety of environments, including the most extreme in terms of
temperature and salinity (Pancost and Sinninghe Damsté, 2003 and references therein)
and they are most commonly derived from methanogenic biomass (Koga et al.,
1998a, b). The main archaeal lipid structures include glycerol diether and glycerol
dialkyl glycerol tetraethers (GDGTs) varying in terms of carbon chain number of the
87

isoprenoid skeleton, structural arrangement, and number of cyclopentane rings within
the isoprenoid carbon skeleton (Pancost and Sinninghe Damsté, 2003 and references
therein).

2.2.4 Molecular biomarkers for anthropogenic and petroleum
inputs
Oil spills and products from the incomplete combustion of fossil fuel of
anthropogenic origin, together with natural hydrocarbon seepages occurring on the
seafloors, can contribute to the amount of OM stored in contemporary marine
sediments.
Petroleum (both from anthropogenic and natural seepage origin) is essentially
composed of aromatic and aliphatic hydrocarbons, and thus lipid biomarkers
recording such input belong exclusively to those compound classes. However,
similarly to inputs from fossil OM eroded from continental rocks (section 2.2.1), in
biogeochemical studies it is more important to estimate the overall amount of
petroleum-derived inputs rather than the origin of the oil itself. Considering their
chemical stability and significant relative abundance in all types of fossil oils, nalkanes can be employed also in this case as lipid biomarkers of petroleum-derived
carbon in contemporary marine sediments (e.g. Ishiwatari et al., 1994; Pearson and
Eglinton, 2000). In this case, the CPI for petroleum derived n-alkanes approximates 1
(section 2.2.1.1) and their δ13C values tend to be similar throughout the whole
homologous series (see section 2.1.1.5.6). However, petroleum-derived n-alkanes can
be subject to bacterial degradation. This is seen as a “hump” in the gas
chromatography traces, as an unresolved complex mixture (UCM), which extends
over much of the range formerly occupied by n-alkanes and whose area increases with
increasing biodegradation (e.g. Killops and Al-Juboori, 1990). Another lipid
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biomarker commonly used for identifying petroleum inputs, since it is present in most
oils, is the isoprenoid 17α(H),21β(H)-hopane.
Other organic compounds partly of anthropogenic origin and that are sufficiently
refractory to accumulate in contemporary sedimentary environments are some
aromatic hydrocarbons containing several fused benzenoid rings that are generally
referred to as polycyclic aromatic hydrocarbons (PAHs; Killops and Killops, 2005).
These originate by incomplete combustion processes either of fossil fuels (i.e. of
anthropogenic origin), or of contemporary biomass (anthropogenic or natural origin)
and are included in the aromatic fractions of lipid solvent-extracts. The apportioning
of PAHs between the two possible sources is very important for two reasons. firstly,
because of their high levels of toxicity and genotoxicity it is necessary to trace
anthropogenic inputs; and secondly for their use as biomarkers of bush-fire events in
the past (Lima et al., 2005). The most effective methods for accomplishing this task is
by measuring the radiocarbon content of individual PAHs (e.g. Reddy et al., 2002;
Kanke et al., 2004).

2.3 Diagenetic effects
Some individual lipid biomarkers are subject to transformation pathways in their
structure during diagenesis, so that the concentrations of the biomarkers from the
original input decrease in sediments and do not faithfully reflect the sedimentary
content of associated OM. Also the δ13C and Δ14C values of bulk OC, and the δ13C
values of individual biomarkers, are affected by diagenetic changes so that the
reported values may not reflect the initial inputs.
The effect of diagenesis on the lipid biomarker structures (and concentrations), and on
the isotopic composition of the different carbon species will be discussed in the
following paragraphs.
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2.3.1 General diagenetic processes undergone by lipid
biomarkers
The main reactions by lipids during diagenesis are: defunctionalization, aromatization
and isomerization (Killops and Killops, 2005). Defunctionalization is the process by
which biological lipids progressively lose their oxygen-containing functional groups
through reactions such as dehydration and decarboxylation. With progressive
diagenesis, these defunctionalization processes lead to the formation of hydrocarbons,
either saturated or aromatic. Upon loss of their functional groups, the resulting
unsaturated hydrocarbons undergo rearrangement reactions involving migration of
C=C bonds: subsequent hydrogenation would lead to saturated hydrocarbons (e.g. nalkanes), while, if the C=C bonds are in a six-membered cyclic system,
dehydrogenation would lead to aromatic compounds (e.g. diasteroids from original
sterols; Rubinstein et al., 1975; Sieskind et al., 1979).
Isomerization processes consist in the interconversion of isomers and they occur both
during diagenesis and catagenesis. An introduction to such processes is given in
Killops and Killops (2005, page 175).
The above mentioned processes lead to more stable forms of non-living organic
molecules that can eventually be preserved in modern and ancient sediments.

2.3.1.1
Examples of diagenetic pathways for some types of lipid
biomarkers
Individual biological organic compounds (or classes) are subject to degradation
pathways in a reactant(s)/product(s) relationship through the processes described in
the previous section. These follow an intricate pattern according both to the chemical
nature of the precursor(s) and to the chemical and physical properties of the
sedimentary environment. Diagenetic alteration of organic molecules begins already
in the water column through heterotrophic processes operated both by eukaryotes (e.g.
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zooplankton) and prokaryotes (e.g. aerobic heterotrophic bacteria) that change the
original structure of some of the organic material formed during primary production.
One classic example of an early diagenetic pathway (that is considered also in this
thesis, see Chapters 3 and 4) is the hydrogenation (reduction) of free unsaturated
sterols (stenols) to their saturated counterpart (stanols). This process occurs under
anaerobic conditions both in the water column and surface sediments and is mediated
by micro-organisms. This process leads to an increasing stanol/stenol ratio in
sediments which is considered a proxy for the degree of diagenesis (Wakeham, 1989).
Successive reactions at later diagenetic (and catagenetic) stages would lead either to
sterenes and then steranes (through reduction reactions in anoxic waters or
sediments), or to diasterenes (and diasteranes) in the case of rearrangement and
aromatization reactions catalysed by acidic sites on certain clay minerals (Van KaamPeters et al., 1998).
Diagenetic pathways for other important biomarker compound classes such as
chlorophylls, carotenoids, fatty acids, and triterpenoids (e.g. hopanoids), both in the
water column and sediments are detailed in Killops and Killops (2005, pages 175196; see also references therein).

2.3.2 Diagenetic effects on δ13C and Δ14C values
2.3.2.1

Diagenetic effect on the δ13C and Δ14C values of bulk OM

While the δ13C values of the different specific inputs of OM do not change generally
during diagenesis (e.g. Meyers, 1994), the δ13C value of the total organic carbon (as
well as the 14C content) can change by differential degradation rates of the individual
OM components. This process leads to isotopic values of TOC that, during
diagenesis, converge towards the values of the carbon phases that are preferentially
preserved.
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The preservation of OM in sediments is a function of several factors, as (Wakeham
and Canuel, 2006): substrate character, redox condition, matrix effect and sediment
mixing regime (bioturbation and physical mixing). According to those factors some
carbon species degrade with different rates than other (Wakeham and Canuel, 2006;
Burdige, 2007). One of the models that describe the differential preservation of OM in
sediments is the continuum multi-G model (Boudreau and Ruddick, 1991). This
model was used to explain the changing δ13C and Δ14C values of bulk OM in marine
sediments during diagenesis (Aller and Blair, 2004).
Another factor that can affect the δ13C value of sedimentary OM is the contribution of
bacterial biomass produced in situ. Because of the isotope effects associated with the
metabolism of the different bacterial species (as illustrated in section 2.1.1.4.5)
leading to a bacterial biomass overall 13C-enriched with respect to the substrate
utilized, the resulting δ13C of TOC may shift towards more positive values with
increasing diagenesis (e.g. Lehman et al., 2002).

2.3.2.2
Diagenetic effects on the δ13C values of individual lipid
biomarkers
One of the basic assumptions of compound-specific δ13C analysis (Hayes et al., 1990)
was that δ13C values of individual sedimentary lipids would not be affected by
diagenetic changes, so that their δ13C values reflect their carbon source(s) and
organism metabolism(s). This was confirmed to be true for aliphatic and polycyclic
aromatic hydrocarbons (Freeman et al., 1994; Huang et al., 1997; Mazeas et al.,
2002). However, some recent studies highlight the presence of 13C fractionation for
some other types of organic compounds during their microbial degradation (Sun et al.,
2004; and references therein); the extent of such 13C fractionation seems to vary in
relation to compound type, redox conditions and bacterial species. Generally, 13C
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fractionation during a molecule’s breakdown is expected when the distribution of 13C
atoms within the molecule itself is not uniform. Therefore, it is possible that
molecules more complex than the above-mentioned hydrocarbons do not present such
uniform distribution, and consequently degradation reactions occurring at a particular
carbon position within the molecule would result in a different overall δ13C value
composition of its reaction products. On the basis of this evidence and hypotheses,
Sun et al. (2004) investigated the potential δ13C changes during microbial degradation
(both in oxic and anoxic environments) for some other important classes of lipid
biomarkers (i.e. alkenones, fatty acids and sterols). Alkenones decreased from -4‰ to
-6‰, while fatty acids increased from +2‰ to +7‰ relative to their initial δ13C
values, with the isotopic shift overall more pronounced under anoxic conditions. The
δ13C values of sterols remained the same (refer to paper for the potential explanations
for such isotopic shifts). Ultimately, the paper indicated that a 13C shift (whose
mechanisms are complex and not fully understood yet) can occur during the
diagenesis of individual lipid biomarkers. Such potential changes should be
considered when using the δ13C values of individual lipid biomarkers for the inference
of the original OM sources.
Another potential cause of the change in δ13C values of individual biomarkers during
diagenesis is the additional input to any particular compound from a specific source
(e.g. short chain n-fatty acids from algal input) with similar compounds from bacterial
biomass produced in situ.
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Chapter3:
The origin of organic matter in
surface sediments of the Arafura Sea
mid-outer continental shelf from
bulk (δ13C, Δ14C) and compoundspecific δ13C analysis

3.1 Introduction
The organic matter (OM) content in marine sediments provides a wealth of
information on the biological inputs and associated environments (both of marine and
terrestrial origin), and on biogeochemical processes occurring both in the water
column and at the sediment-water interface. Accordingly, the study of OM in
sedimentary deposits, either in marine cores or in outcropping sedimentary sequences,
is a very useful tool for inferring biology, climatic conditions and biogeochemical
processes in the past. In order to interpret more accurately the OM signal in past
sediments, it is important first to understand how this signal occurs in contemporary
marine sediments, and how it is altered during early diagenetic processes prior to OM
ultimate burial. A first step towards this understanding is to improve the identification
and quantification of the chemical composition of sedimentary OM found in different
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key contemporary environments relevant for OM burial, and then to relate such
sedimentary OM content to the regional environmental conditions.
The conventional method by which OM is characterised in sediments is by measuring
the total organic carbon / total nitrogen content (C/N) and the carbon stable-isotope
composition (δ13C) of the total organic carbon (TOC). Those two values were
assumed to remain largely unaltered during diagenesis, and then to reflect the
composition of OM at the time of accumulation in surface sediments (e.g. Meyers,
1994; Lamb et al., 2006 and references therein); the composition of OM can be so
distinguished into C3 land plant-, C4 land plant-, and marine-derived. More recently,
the addition of radiocarbon (Δ14C) measurements of TOC (e.g. Blair et al., 2003; Goni
et al., 2005), provides additional information on detecting the presence of fossil
and/or pre-aged (in continental and/or marine reservoirs) OM accumulating in
contemporary surface sediments.
In parallel to bulk OM analyses, organic geochemical studies have been developed to
characterize the origin of the OM content in sediments and rocks by quantification of
remnant source-specific lipids (i.e. lipid biomarkers) within OM extracts from
sediments (e.g. Eglinton and Hamilton, 1967; Reddy et al., 2000). The development
of methodologies to measure also the δ13C (Hayes et al., 1990) and Δ14C (Eglinton et
al., 1996, 1997) values of individual source-specific lipids has formed a bridge
between bulk OM and lipid biomarker analyses. The coupling of bulk and compoundspecific isotopic measurements of carbon in sedimentary OM has proven very
powerful in constraining the origin of OM in sediments, and the diagenetic processes
undergone by OM prior to its burial (e.g. Pearson et al., 2001; Drenzek et al., 2007).
Because of the complexity and sophistication of the instrumentation needed for these
types of measurements, such data are still sparsely available on a global scale. In
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particular, there is a lack of organic geochemical studies in continental shelf
sediments in tropical environments (e.g. Grosjean et al., 2007).
In the present project the OM accumulating in surface sediment samples from the
Arafura Sea continental shelf floor has been studied by combining bulk OM
measurements (i.e. C/N, δ13C and Δ14C) with compound-specific δ13C analysis of the
following lipid biomarker compounds: C14-34 n-alkanes, even-numbered C16-28 nalcohols, cholesterol (C27Δ5), C27Δ0, β-sitosterol (C29Δ5), C29Δ0, dinosterol
(C30(4α,23,24)Δ22) and ββ-C32 hopanol.
The data collected show that the coupling of isotopic bulk OM measurements with
concentrations and δ13C values of individual biomarkers is necessary to infer OM
inputs and processes occurring within surface sediments. It is concluded that the
conventional single dataset used to discriminate the composition of sedimentary OM
(i.e. C/N and δ13C values of bulk OM) would have led to an erroneous interpretation
on the origin of OM in these sediments.

3.2 Background of the study area and sample
locations
The Arafura Sea is a shallow sea (mostly less than 200m water depth) on continental
crust, located between Australia and Papua New Guinea and it connects the Indian
Ocean to the west with the Gulf of Carpentaria and Coral Sea to the east (Fig. 3.1).
The shelf is a broad (350km wide) gently sloping seaward (WNW) platform whose
geomorphology is mostly dictated by the low sea-level erosional processes during the
Quaternary (Jongsma, 1974). The presence of palaeo-channels on the seafloor (Fig.
3.1) extending in WNW direction from the Gulf of Carpentaria to the Arafura Sea
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suggests that the area receives most siliciclastic sediment inputs form the Gulf of
Carpentaria, and to a minor extent from Arnhem Land rivers (Logan et al., 2006).
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Figure 3.1 (previous page) – Map showing the location and main bathymetry of the study area.
Surface-sediment samples examined in this study are part of the Geoscience Australia Marine Survey
282 “Shallow Gas and Benthic Habitat Mapping, Arafura Sea” (Logan et al., 2006). More specifically,
samples in this study were collected from the areas C and D. The bathymetry shows that the major
draining palaeo-channel begins from the Gulf of Carpentaria (GC channels) , while minor draining
palaeo-channels derive from Arnhen Land Rivers (map from Logan et al., 2006).

The area also hosts gas seepages (mainly CO2 and CH4) that are linearly oriented in a
WNW direction. Such gases have a biogenic origin from the degradation of organic
matter contained in the Holocene sediment infill of those WNW oriented
palaeochannels (Grosjean et al., 2007). As a consequence of the gas emissions,
patches of the seafloor are characterised by pockmark fields (Logan et al., 2006). The
targeted area in this study is included between 9˚S to 10˚S latitude and 133˚E to
134˚30’E longitude and was extensively surveyed and sampled during the Geoscience
Australia survey 282 “Shallow Gas and Benthic Habitat Mapping, Arafura Sea” in
May 2005 by the RV Southern Surveyor. In this study, only four surface-sediment
grab samples collected during that survey are analysed, these come from a cross-shelf
transect from around 90 m to 230 m (the Geoscience Australia sample identification
names are: 1666989, 1666854, 1667532, and 1667661). Within this thesis, for
simplifying the coding, those samples are named A, B, C, and D, respectively).
Coordinates of sample locations and water depths are shown in Fig. 3.2. Sample sites
vary not only in terms of water depth but also in terms of seafloor geomorphology and
sedimentology (all data from Logan et al., 2006) of which a brief description follows
from the shallowest (easternmost) to the deepest (westernmost) sample. Sample A
(water depth 90m) comes from a generally flat area composed mostly of sandy mud
with an abundant presence of calcareous shell material (mollusc and foraminifera
fragments); an extensively pockmarked field is present a few km west of the sample
site and CH4 concentrations in core-top samples collected in the area do not exceed
500 ppm. Sample B (water depth 110 m) is located on a WNW oriented bank. On top
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of the bank, ESE verging lithified dunes are present. Sediments are muddy, fine- to
medium-grained sand and gravel. The area is also characterised by medium-density
pockmark fields and CH4 concentrations less than 500 ppm on average but that in a
particular core-top reached 70000 ppm. Sample C (water depth 190 m) was recovered
within a WNW palaeochannel just to the north of a carbonate WNW ridge (Pillar
Bank) that rises up to 125 m water depth. The sediment is mostly calcareous mud and
the seafloor is also affected by a pockmark field. A video footage across this channel
shows heavy bioturbation and occasional areas in which a hard rock substrate crops
out. Sample D (water depth 230 m) was collected on a plain area to the north of the
channel from where C was collected. The sediment type is also mainly calcareous
mud and no pockmarks are recorded on this part of the seafloor.
The oceanography of the area is characterised by a 60 m thick surface layer of mixed
water with a near-constant temperature of 28°C and salinity of 32.5 ‰. No light
penetrates below 80 m at which depth a strong thermocline is developed. Below such
thermocline the water temperature drops down to 15° C and the salinity increases up
to 34.6 ‰. Transmission values drop by 20 % on average close to the seafloor
indicating the presence of suspended sediment. In terms of water circulation the area
is mainly affected by a steady westerly flow up to 0.5 m/s through the Torres Strait
into the northern Arafura Sea for most of the year (Morrison and Delaney, 1996). Tide
currents (up to 42 cm/s) have also been recorded (Logan et al., 2006). Flood tide
currents are directed to the ESE while ebb tide currents trend to the WNW. Bedload
transport calculations indicate that flood tide currents have the main net effect on
sediment transport (Logan et al., 2006).
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Figure 3.2 (previous page) – Locations of the surface-sediment samples (yellow dots) from the
Arafura Sea continental shelf analysed in this study. Samples names have been modified from the ones
of Geoscience Australia. These are: 1666989 (A), 1666854 (B), 1667532 (C), and 1667661 (D).
Bathymetry and main morphological features of the sea-floor are also displayed (map from Logan et
al., 2006).

Identification and partial quantification of the major lipids present in the four surface
sediment samples was already carried out by Grosjean et al. (2007). The major lipid
occurring in the three most offshore samples (D, C and B) include dinosterol (mainly
produced from dinoflagellates; Boon et al., 1979; Robinson et al., 1984), while the
most abundant lipid in the most inshore sample A is cholesterol which is a proxy of
herbivory crustaceous metazoan input (Volkman, 1986; Grice et al., 1998a). Grosjean
et al. (2007) concluded that surface sediments in the area receive OM inputs mainly
from algal (e.g. dinoflagellates and diatoms) sources with localised significant
zooplankton sources (as for sample A). Even though very low abundances of higher
plant derived pentacyclic triterpenoids were detected in all samples, a minor
contribution of terrestrial OM to the surface sediments in the area was suggested on
the basis of the even-over-odd predominance of n-alcohols in the C26-32 range
(Pancost and Boot, 2004).

3.3 Geochemical analyses
3.3.1 Bulk OM
Bulk samples were dried and de-carbonated by the addition of 1M HCl until no signs
of de-carbonatization reaction where visible; CaCO3 contents were estimated by
weight difference. The determinations of TOC%, C/N and δ13CTOC were carried out
with an Elemental Analyser (Fisons NA 1500 NCS) – Stable-Isotope Mass
Spectrometer (PRISM III) in the geochemistry laboratories of the University of
Wollongong; the reproducibility of the values was tested with two replicates of the
same sample. An aliquot of the de-carbonated samples was sent to ANSTO where
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measurements of the Δ14C values of TOC were carried out through the 14C AMS
ANTARES (Fink et al., 2004).

3.3.2 Lipid biomarkers (identification, concentrations and δ13C
values)
Samples were freeze-dried and ground with a mortar and pestle. The extraction of OM
from sediments was carried out with a large Soxhlet apparatus using 100% DCM
(dichloromethane); about 100g of dry sediment was used for each sample. The
organic matter extract (EOM) was then fractionated into 5 classes using flash SiO2-gel
chromatography (glass column dimensions 40 x 15 mm, SiO2-gel: 70 - 230 mesh
ASTM); SiO2-gel was deactivated before use with 2% distilled water. The 5 fractions
were eluted by the following sequence:
•

F1 (aliphatic hydrocarbons): 7/16 dead volumes (DV) of hexane

•

F2 (aromatic hydrocarbons): 2.5 DV of hexane/DCM 8/2

•

F3 (ketones): 2.5 DV of DCM/hexane 8/2

•

F4 (alcohols): 4 DV of DCM/acetone 9/1

•

F5 (acids): 4 DV of DCM/acetic acid 98/2

The fractions analysed in this study were F1 (i.e. n-alkanes) and F4 (i.e. n-alcohols,
sterols and ββ-C32 hopanol); F1 was run through the GC column without
derivatisation while F4 was derivatised with BSTFA (N,O-bis-trimethylsilyltrifluoroacetamide, Alltech p/n 18085; batch n. 80711-01; δ13C value of BSTFA was 34.1‰ which was determined in the laboratory by using a procedure similar to Jones
et al., 1991).
The GC/MS analyses were performed in Geoscience Australia. Compounds were
identified using gas chromatography–mass spectrometry (GC–MS) with a HP6890
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GC attached to a Hewlett Packard MSD 5973. Each sample was injected into an oncolumn injector coupled to a DB-1 column (60 m, 0.25 mm ID and 0.25 μm film
thickness, J&W Scientific). The oven was programmed from 40˚C, 4 min hold to
150˚C at 10˚C/min, 150˚C to 310 C at 4 ˚C/min with 65 min hold at 310 ˚C. He was
the carrier gas at a constant pressure of 25 psi. The spectrometer was operated in
electron ionisation mode at 70 eV and in full scan mode, scanning a range of 50–650
Daltons at 0.8 scan s-1.
GC-FID and GC-C-IRMS analyses were carried out in the geochemistry laboratories
of the University of Wollongong. The GC conditions were identical both for GC-FID
and GC-C-IRMS analyses. The GC type was an Agilent 6890N and He was used as
carrier gas kept at constant flow of 1.6 mL/min. Each sample was injected in hot
splitless mode (280˚C) in an 870 μL glass liner with a purging flow of 50 mL/min at
1.3 min. The GC column was an Alltech AT-5ms, 60 m length, 0.25 mm internal
diameter, 0.25μm film thickness. The GC oven was programmed to remain at 40˚C
for 4 minutes, then ramp at 10 ˚C/min until 150˚C, and then ramp at 1 ˚C/min until
310˚C which was held for 60 min. The FID was operated at T˚ = 340˚C, hydrogen
flow = 40 ml/min, and air flow = 300 ml/min.
For GC-C-IRMS analyses, the combustion interface (GC5 MKI; GV Instruments) was
kept at 850˚C. The organic compounds eluting from the GC column were converted to
CO2 by means of 20 cm of CuO wires placed inside the furnace quartz tube. The H2O
produced in the combustion process was removed by means of nafion trap membrane
and counter-flow helium. The continuous-flow mass spectrometer (Isoprime) was
checked for stability and linearity with 10 pulses of CO2 for each test (standard
deviations of mass 45/44 ratios were below 0.1‰ as required from specifications).
Each sample was run in three replicates; a potential drift in the mass spectrometer
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conditions during the time of the analysis was checked by introducing 10 CO2 pulses
both before and after the chromatographic run. The δ13C values measured for each
peak were corrected by comparison with a spiked internal standard of known 13C
composition. The internal standards used were perdeuterated C24 n-alkane (C24d50 nalkane) for the F1 fractions, and C19 n-alcohol for F4. The offset resulting from the
known δ13C values of the internal standards and the measured ones was applied to
each peak. Values were then averaged among the three replicates and only the average
δ13C values with standard deviations less than 0.6‰ were considered as valid. The
δ13C values of the trimethylsilyl derivatives in the F4 fraction were corrected by mass
balance for the addition of the 3 carbon atoms from the TMS group in the following
way:
δ13C(underivatized hydroxy compound) = [(N+3)*δ13C(measured) – 3*δ13CTMS]/N
where N is the number of carbon atoms of the underivatized hydroxy
compound, TMS is the derivatizing trimethylsilyl group.

The identification of compounds was carried out both by comparing the GC/MS
spectra with known libraries, and by comparing the retention times of the unknown
compounds with the retention times of standard mixtures. The standard mixtures
were: C15-33 n-alkanes, C14-28 n-alcohols, cholesterol, 5α-cholestan-3β-ol, campesterol,
and β-sitosterol.
As indicated in sections 3.4.2.1 and 3.4.3.1 where the data are presented, at the time
of the analyses it was not possible to carry out absolute quantifications of the targeted
compounds. Accordingly, only the relative quantifications are available. However,
since the GC calibration curves for n-alkane quantifications were made a few months
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after the time the analyses for this study were done (and no modifications to the GC
conditions were made in the meantime), the relative concentrations of n-alkanes in
this study were estimated by the product of the GC-FID area counts times the
retention time coefficients derived from the n-alkane calibration curves.

3.4 Results and discussions
3.4.1 Bulk sediment data
The bulk sediment data of the four Arafura Sea surface sediment samples consist of
measurements of their CaCO3 content, TOC content, C/N atomic ratio, δ13CTOC, and
Δ14CTOC. The data are listed in table 3.1 and plotted in Figures 3.3 and 3.4.
The CaCO3 content is roughly constant at around 33-35% for samples A, B and C,
while higher at almost 50% for the deepest and most offshore sample D. The TOC
content ranges between 0.9 and 1.5%, maximising at samples A and C. Both δ13C and
C/N values display a very mild inshore gradient for the three most offshore samples
(δ13C from -20.2‰ to -20.4‰; C/N from 4.78 to 6.70) that steepens for the most
inshore A sample (δ13C = -23.2‰; C/N = 11.58). A similar pattern is seen also for the
Δ14C values ranging between -180‰ to -160‰ for the three offshore samples, and 400‰ for A.
Overall these data show an increase in the CaCO3 content further offshore, a variable
amount of TOC ranging by about 50% among samples, a pronounced change in the
composition and age of total OM (i.e. δ13C, C/N and Δ14C) for the shallowest sample
A. A first preliminary interpretation of these data is that:
1. Different factors linked essentially to the interaction of local sedimentological
and geochemical processes account for the randomly variable TOC content
among the four samples.
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Table 3.1 – Bulk OM values of the surface sediments samples from the Arafura Sea continental shelf
(pMC = percent modern carbon).

Figure 3.3 – δ13C-C/N plot of the four Arafura Sea surface sediment samples. Source ranges are
indicated after Lamb et al. (2006).

Figure 3.4 – Bulk OM compositional values of the surface sediment samples of the Arafura Sea
continental shelf in a cross-shelf-like plot, from the shallowest (A) to the deepest (D) sample.
pMC (percent modern carbon) is derived from the Δ14C value.
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2. The composition of sedimentary OM seems to be exclusively of recent marine
origin for all samples but the shallowest A sample (90 m water depth) that,
from its δ13C and C/N values, displays a composition intermediate between
terrestrial and marine OM (see Fig. 3.3). However, the interpretation that
sample A contains a higher relative amount of terrestrial OM (and expectedly
a higher relative amount of sediment of siliciclastic composition) is not
supported by the carbonate data showing relatively uniform content for all
samples (33-35%), with the exception of the deepest one D (50%).
3. An alternative interpretation that could explain the anomalous δ13C, C/N and
Δ14C values for sample A with respect to the others is the following. This area
of the seafloor of the Arafura Sea is affected by natural emissions of gases
(prevalently CO2 but also CH4; Logan et al., 2006). Even though seepages
seem to follow linear patterns of tectonic origin, the gases seem to have a
biogenic origin from the biodegradation of OM contained in the surface
Holocene sedimentary layer (Grosjean et al., 2007). Because of its biogenic
origin, the CO2, emitted from the seafloor in this area of the Arafura Sea has a
C isotopic composition (δ13C = -32‰; which is much more negative than
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that of standard marine DIC (-1.5 ± 0.8‰; e.g. Freeman, 2001 and references
therein). Logan et al. (2006) did not measure the Δ14C values of such biogenic
CO2, however, considering that it is produced from the degradation of OM
contained in the Holocene sedimentary layer, its Δ14C values will probably
vary according to depth within sediment reaching very negative values. If this
CO2 of biogenic origin is reintroduced by autotrophic organisms in the
present-day marine organic carbon cycle as a primary carbon source, that
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would result in such OM being characterised by more negative δ13C and Δ14C
values than co-occurring marine OM consuming contemporary DIC.
Isotopic compound-specific analyses (see below) will provide more constrains on
whether the different composition of OM in sample A is due to a higher fraction of
OM of terrestrial origin, or to other factors such as that illustrated above.

3.4.2 Concentrations: F1 fraction (C14-34 n-alkanes)
3.4.2.1

Results

The concentration distribution of C14-34 n-alkanes from GC-FID data for the four
Arafura Sea surface sediment samples is displayed in Fig. 3.5. Note that the
concentrations of n-alkanes are not expressed in absolute concentrations but in
relative concentrations which were in fact estimated just by the product of the GCFID area counts times the retention time coefficients (see also section 3.3.2).

Figure 3. 5 – Relative concentrations distribution of C14-34 n-alkanes in the surface sediment samples
from the Arafura Sea continental shelf.
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Even though it is not possible to directly compare the concentrations of individual
compounds among samples, the relative distributions in concentrations among C14-34
n-alkanes still provide important insights into their origin and are comparable among
samples.
All samples show a bimodal distribution in n-alkanes relative abundances maximising
at C18 and to a lesser extent at C31 (C33 for A) with a minimum at C23-24. According to
this distribution, some molecular proxies (such as CPI and Σshort chain/Σlong chain) have
been estimated for the two C14-24, and C24-34, n-alkane homologous series ranges;
furthermore, other proxies relevant for constraining the origin of the n-alkane
homologous series in this sedimentary environment, like the C25-33 average chain
length (ACL) and the hydrocarbon terrestrial/aquatic ratio (TARHC) have been
estimated. For each sample, all proxies are listed in Table 3.2 while the most
significant are plotted in Fig. 3.6.
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Table 3.2 (previous page) – Some proxies built on the relative concentrations of C14-34 n-alkanes in
the surface sediment samples from the Arafura Sea continental shelf. Such proxies are expressed as
follows:
- Paq (aquatic proxy) = (C23+C25)/(C23+C25+C29+C31) (Ficken et al., 2000)
- ACL (Average Chain Length) =
[25(C25)+27(C27)+29(C29)+31(C31)+33(C33)]/[C25+C27+C29+C31+C33] (Poynter and Eglinton,
1990)
- CPI (Carbon Preference Index) = ½[(C25+C27+C29+C31+C33)/(C24+C26+C28+C30+C32) +
(C25+C27+C29+C31+C33)/(C26+C28+C30+C32+C34)] (Bray and Evans, 1961)
- CPI(C14-24) = ½[(C15+C17+C19+C21+C23)/(C14+C16+C18+C20+C22) +
(C15+C17+C19+C21+C23)/(C16+C18+C20+C22+C24)]
- TARHC (Terrestrial/Aquatic ratio) = (C27+C29+C31)/(C15+C17+C19) (Bourbonniere and Meyers,
1996)
*this is the reciprocal ratio

Furthermore, a more or less pronounced unresolved complex mixture (UCM) is
observed (Fig. 3.7) in all F1 fractions in the first half of the chromatogram (between
around C14 and C24 n-alkanes).

Figure 3.6 – Some of the estimated n-alkanes molecular proxies of the surface sediment samples of the
Arafura Sea continental shelf in a cross-shelf-like plot, from the shallowest (A) to the deepest (D)
sample.
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Figure 3.7 – Unresolved complex mixture (UCM) seen in the first half of the chromatograms of the F1
fractions in the surface sediment samples from the Arafura Sea continental shelf. Such UCM is
particularly enhanced in this sample (A). Numbers on x-axis express the gas chromatography time in
min.
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3.4.2.2

Discussion

The Σshort chain/Σlong chain values in all samples, ranging within 0.7 to 6.6 for the
shallowest sample A (see table 3.2 and Fig. 3.6), show an overall greater contribution
from phytoplanktonic/heterotrophic bacterial products over higher plant leaf wax and
petroleum products that becomes by far predominant in sample A (6-7 times more
than other samples as indicated in the last column of Table 3.2). The CPI values in the
C14-24 n-alkanes range (0.2-0.4) would indicate that heterotrophic bacteria
predominate over phytoplankton; this stems from the fact that even-numbered C14-22
n-alkanes maximising at one or two carbon numbers (e.g. C18; Collister et al., 1994a,
and references therein) are typically found in heterotrophic bacterial biomass, while
odd-numbered C15-19 dominate the n-alkanes distribution in algal and cyanobacterial
material (e.g. Gelpi et al., 1970). From Fig. 3.6, the sharp increase of
phytoplanktonic/heterotrophic bacterial biomass in sample A (i.e. increase in Σshort
chain/Σlong chain)

seems to be due mostly to a local increase in heterotrophic bacterial

biomass (i.e. the C14-24 CPI reaches its lowest value of 0.2). The CPI values in the C2434

n-alkanes range instead vary irregularly (i.e. not following a water depth trend)

among samples between 1.7 and 2.4. These CPI values indicate a mix of higher plant
leaf wax with petroleum and/or bacterial/algal sources. C24-34 CPI > 1 already
indicates OM inputs from higher plant leaf waxes (Eglinton and Hamilton, 1967),
however a CPI value of at least 4 (Collister et al., 1994b; Kolattukudy, 1976) or 5
(e.g. Rieley et al., 1991; Hedges and Prahl, 1993) is needed to attribute the origin of
the long-chain n-alkanes exclusively to a land plant source. A better constraint on the
origin of these long-chain n-alkanes can be achieved from the compound-specific
δ13C data (see par. 3.4.4.1). Fig 3.6 also displays a plot of the hydrocarbon
terrestrial/aquatic ratio (TARHC; Bourbonniere and Meyers, 1996). A TARHC value
less than 1, indicative of an exclusive aquatic source, is recorded only for the A
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sample. The other samples show values variably greater than 1 (1.5 to 2.8) indicating
a more or less significant presence of higher land-plant derived OM over aquatic OM.
The presence of a UCM hump in the first section of the chromatograms (e.g. sample
A; Fig. 3.7) may also indicative of the presence of bacterial biomass (e.g. Killops and
Al-Juboori, 1990). However, the UCM reported in this study for sample A is not very
significant.
Overall, n-alkane distribution concentration data in all four samples points to a strong
heterotrophic bacterial contribution to the C14-34 n-alkanes homologous series with
minor contributions of algal, higher leaf plant waxes and possibly petroleum products.
The autochthonous contributions (bacterial plus algal) sharply increase in the
shallowest sample A; such increase is due mostly to the bacterial input.

3.4.3 Concentrations: F4 fraction (C16-28 even n-alcohols, sterols,
ββ-C32 hopanol)
3.4.3.1

Results

Lipid biomarkers presented in this section are: C16-28 even-numbered n-alcohols,
cholesterol (or C27Δ5), C27Δ0, β-sitosterol (or C29Δ5), C29Δ0, dinosterol and ββ-C32
hopanol.
Also in this case, at the time the analyses were done, it was not possible to estimate
the absolute concentrations of each compound; only relative concentrations are then
available and were estimated as follows. The amount of each targeted compound
within a gas chromatographic run is estimated from the GC-FID area counts; such
areas have been then normalized to the more abundant ones within the two classes of
compounds, that is: C22 n-alcohol for n-alcohols, and dinosterol for sterols and ββ-C32
hopanol. Data are plotted in Figures 3.8, 3.9, and 3.10 (concentrations data are then
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expressed with a value ranging from 0 to 1, with the exception of cholesterol for
sample A that is more abundant than dinosterol).

Figure 3.8 – GC-FID area counts of even-numbered n-alcohols normalized to C22 n-alcohol for the
surface sediment samples from the Arafura Sea continental shelf.

The main patterns that can be highlighted from the distribution in concentrations of nalcohols are the following (see Fig. 3.8):
1. C24 n-alcohol is the second most abundant n-alcohol in all samples; its ratios
to C22 n-alcohol remain approximately uniform among samples ranging
between 0.6 and 0.7.
2. The commonly regarded terrestrial-plant biomarkers, C26 and C28 n-alcohols
(Kolattukudy, 1976), present similar concentrations among themselves (C28
always slightly more abundant). Their concentrations range from about 0.2 to
0.4, progressively increasing further inshore (from sample D to A).
3. C20 and C16 n-alcohols (commonly considered as general marine biomarkers;
Sargent et al., 1977; Cranwell, 1980) present similar and uniform
concentrations at about 0.2; only C16 n-alcohol for sample A (C20 n-alcohol
was not measured), is 3 times more abundant than the other compounds (0.6).
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4. C18 n-alcohol (a marine input biomarker as well; Sargent et al., 1977;
Cranwell, 1980) presents the lowest concentrations among the measured nalcohols (0.1-0.2).

Figure 3.9 – GC-FID area counts of sterols and ββ-C32 hopanol normalized to dinosterol for the surface
sediment samples from the Arafura Sea continental shelf.

Figure 3.10 – GC-FID area counts of sterols and ββ-C32 hopanol normalised to dinosterol (cholesterol
for sample A is neglected) for the surface sediment samples from the Arafura Sea continental shelf.

The main patterns that are highlighted from the distribution in concentrations of
sterols and ββ-C32 hopanol are the following:
1. Dinosterol is the most abundant compound for all samples but A in which
cholesterol is 5.7 times higher (Fig. 3.9).
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2. β-sitosterol and C29Δ0 present similar concentrations between 0.6 and 0.8
(Fig. 3.10). Similarly to C26 and C28 n-alcohols the concentrations of these
C29 sterols seem to increase towards the more inshore samples (with the
exception of β-sitosterol for sample D; Fig. 3.10).
3. The C27 sterols, cholesterol and C27Δ0, also display a similar pattern (Fig.
3.10). Their concentrations vary widely, they decrease from 0.8
(cholesterol) and 0.5 (C27Δ0) further inshore from sample D to B reaching
0.2, and then they sharply increase in the most inshore sample A (5.7 for
cholesterol, 0.8 for C27Δ0).
4. ββ-C32 hopanol has not been measured in sample A. In the remaining
samples its concentrations vary between 0.2 and 0.4.

3.4.3.2

Discussion

From the distribution in concentrations of n-alcohols the following points are inferred:
1. All samples received predominant input from algal/zooplanktonic biomass, as
deduced from the highest abundances of C22 and C24 n-alcohols. The fact that
the ratio between C22 and C24 n-alcohols remains overall constant among
samples may suggest that they derive from a common source (i.e.
algal/zooplankton), and that this source is present in all samples.
2. The contribution from terrestrial plant material (i.e. C26 and C28 n-alcohols)
seems to be intermediate, and it gradually decreases further offshore.
3. The contribution from algal/bacterial sources appears to be relatively minor
(i.e. C16-18-20 n-alcohols).
From the concentrations of sterols and ββ-C32 hopanol the following points are
inferred:
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1. The predominant contribution from algal/zooplankton sources to all samples
as inferred from the distribution in concentrations of n-alcohols, seems to be
due mostly from algal (dinoflagellates), as evidenced from the greater amounts
of dinosterol over the other compounds. As already pointed out (i.e. Grosjean
et al., 2007) the most inshore sample A seems to receive by far larger
contributions from animal products over phytoplankton, as indicated by the
amount of cholesterol almost 6 times larger than dinosterol. Grosjean et al.
(2007) pointed out that such an anomalous amount of cholesterol in this
sample is most probably derived from macro-fauna rather than zooplankton;
this was consistent with the visible large amount of shell material in the
sediment sample.
2. Commensurate with the n-alcohol data, the concentrations of sterols display
intermediate inputs of terrestrial plant material, as indicated by the
concentrations of β-sitosterol and C29Δ0. In the same way as for land plant nalcohols, the amounts of β-sitosterol and C29Δ0 (and associated land plant
input) seem to relatively decrease progressively offshore.
3. If cholesterol is assumed to derive mostly from zooplanktonic biomass in all
samples but A, such contribution seems to be quite variable, significant in the
most offshore sample D. As already indicated, the anomalously high amount
of cholesterol in sample A seems to be due more to macro-fauna.
4. Cyanobacteria (as evidenced by ββ-C32 hopanol, see discussion on its δ13C
values in section 3.4.4.2 for inferences on the origin of this lipid biomarker)
are also present, but in minor amounts
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5. The stanol/stenol ratios have been estimated for the two couples of C27 and C29
Δ5-Δ0 sterols (Fig. 3.11). Fig. 3.11 shows that the stanol/stenol ratios between
this couple of sterols appear similar for each sample (with the exception of
sample A of which the C27Δ0/C27Δ5 is obviously affected by the anomalously
large amounts of cholesterol). These data may confirm that, if Δ0 sterols derive
from diagenetic reduction of Δ5 sterols in these sediments, this process has
acted at similar rates for both C27 and C29 sterols. These data also show that for
the most offshore sample D, diagenetic reduction of stenols has been less
severe (about half) than for the other samples. A further discussion on the
genetic relationships between stanols and stenols in these sediments will
appear in the compound-specific δ13C analysis section (par. 3.4.4.2).

Figure 3.11 – Stanol/stenol ratios for the two couples of C27 and C29 Δ5-Δ0 sterols for the surface
sediment samples from the Arafura Sea continental shelf.
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3.4.4 Compound-specific δ13C analysis
3.4.4.1

F1 fraction (C14-34 n-alkanes)

3.4.4.1.1

Results and discussions

Compound-specific δ13C data for the C14-34 n-alkane homologous series of the four
samples are summarised in Table 3.3 and displayed in Fig. 3.12. The accuracy of the
δ13C values for each n-alkane is expressed both in terms of the standard deviations
among the 2-3 replicates of each measurement (error bars in Fig. 3.12) and in terms of
the pooled standard deviation among the four samples, which is estimated for each
compound as ∑d2/(D.F.)0.5 (d is the difference between the observed δ13C value and
the corresponding mean; D.F. is the number of degrees of freedom which is given, in
this case, by the total number of observations - number of means; e.g. Villinski et al.,
2008). Note that Table 3.3 reports also the average, range of variation and standard
deviation of the mean value of each n-alkane among the four samples.
The δ13C values of n-alkanes range between -34.4‰ for C32 n-alkane in sample A to –
21.9‰ for C24 in sample D. The average δ13C value among all studied n-alkanes is 27.0‰; the most inshore sample (A) presents the lowest n-alkane δ13C values
(average is -28.4‰), while the most offshore sample (D) presents the most positive
δ13C values (average is -26.0‰).
The isotopic data suggest that n-alkanes receive partial contributions from different
sources that variably contribute to different groups of n-alkanes within the studied
homologous series. In order to identify such sources and possibly their end-member
13

C composition, n-alkanes have been grouped according to their proposed main

origin from literature data. Accordingly: C17, C19, C21, C23 n-alkanes are grouped into
“algal derived” (e.g. Bourbonniere and Meyers, 1996); C16, C18, C20, C22 n-alkanes are
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Table 3.3 (previous page) – δ13C values of C14-34 n-alkanes for each sample (values are expressed in
‰ V-PDB)
a
Sample name
b
Pooled standard deviation (expressed in ‰ V-PDB): this is another way of checking the
reproducibility of the δ13C values by considering all the single measurements of a particular compound
across the four samples (after Villinski et al., 2008). The definition on how it is estimated is given in
the text.
c
Degree of freedom: is needed for estimating the pooled standard deviation; its definition is also given
in the text.
d
Average (expressed in ‰ V-PDB): this is the average of the average δ13C values for each n-alkane
across the four samples.
e
Range (expressed in ‰ V-PDB): this is the range of variation in the δ13C values of each n-alkane
across the four samples.
f
Standard deviation (expressed in ‰ V-PDB): this is the standard deviation of the averages as
expressed in footnote d.

grouped into “heterotrophic bacterial derived” (e.g. Collister et al., 1994a, and
references therein); C27, C29, C31, C33 n-alkanes are grouped into “terrestrial plant
derived” (Eglinton and Hamilton, 1967). The δ13C values of each n-alkane group are
averaged across all samples as shown in Table 3.4 (the standard deviation among all
values is also displayed). After taking into account the fact that there is a natural range
of variation in δ13C values for n-alkyl compounds from a single organism (maximum
range is 1.6‰; Monson and Hayes, 1982), the data in Table 3.4 will be discussed with
the assumption that a standard deviation less than 0.8‰ (that is 1.6/2 ‰) can be
exclusively due to natural variation in the δ13C values for n-alkanes produced from the
same organisms growing on the same carbon source.
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Figure 3.12 (previous page) – Plot of the δ13C values of C14-34 n-alkanes for each sample from the
Arfaura Sea continental shelf (values are expressed in ‰ V-PDB). The standard deviations of the
means from three replicates for each compound are expressed by the error bars.

Table 3.4 – Averages, standard deviations and ranges of variation of the δ13C values of the so grouped
algal, bacterial and terrestrial plants n-alkanes across the four samples (values are expressed in ‰ VPDB). See text for the discussion on these values.

The C17, C19, C21, C23 n-alkanes present an average δ13C value of -24.8‰ and a
standard deviation of 0.9‰; these data confirm that they are entirely of algal origin
for all samples. In fact, if we assume that the δ13C value of the bulk algal derived OC
in this area is -20‰ (e.g. Meyers, 1994; this value is also confirmed from the
measured bulk OC δ13C values in this study, see section 3.4.1), there is an average ≈ 5‰ difference between the assumed 13C composition of algal biomass and associated
n-alkanes, and this difference falls within that expected (e.g. Bidigare et al., 1997;
Pancost et al., 1999). The C16, C18, C20, C22 n-alkanes present an average δ13C value
of -27.3‰ and standard deviation of 1.2‰; these data suggest that these compounds
probably derive from a combination of sources. One possibility is that they derive
from mixtures of eukaryotic (algal) and prokaryotic biomass, with prokaryotes
growing partially on a carbon source depleted in 13C with respect to oceanic DIC.
Alternatively, these short chain even n-alkanes may derive exclusively from
prokaryotes growing on a carbon source whose isotopic composition varies from local
mixing processes. If we assume this second possibility the δ13C average of C16, C18,
C20, C22 n-alkanes (i.e. -27.3‰) may represent a δ13C end-member value for n-alkanes
derived from this prokaryotic biomass. The average δ13C value of the terrestrial C(2729-31-33)

n-alkanes is -28.2‰, which is more positive than the expected range in δ13C
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values if these compounds were derived uniquely from C3 land plants (-33 to -39‰;
e.g. Bird et al., 1995; Naraoka and Ishiwatari, 1999). At the same time, the wide range
of variation in the δ13C values of these compounds (i.e. 7.4‰ as in Table 3.4)
suggests that these compounds originated from different sources that variably
contribute to the composition of each of these long-chain n-alkanes in sediments.
In fact, long chain n-alkanes can derive from a number of origins: odd numbered
long-chain n-alkanes (i.e. C27, C29, C31, C33) are usually ascribed as terrestrial plant
biomarkers (both C3 and C4); however, they can originate also from shale kerogen and
petroleum spills (Pearson and Eglinton, 2000), as well as from diagenetic reduction of
algal- (Lichtfouse et al., 1994) and fresh-water Botryococcus braunii algal-derived nalkenes (Grice et al., 1998c), and possibly from different types of bacteria (e.g.
Collister et al., 1994a and references therein).
Even numbered long-chain n-alkanes can also derive from the same combination of
sources as odd numbered long-chain n-alkanes; however they would probably contain
relatively a more minor amount of material from terrestrial plant origins (e.g. Pearson
and Eglinton, 2000) whose δ13C values would be anyway slightly more positive than
the associated odd-numbered ones as a result of the different biosynthetic patway
(Zhou et al., 2010; see also section 2.1.1.4.3a). Those different sources are
characterised by different δ13C end-member values so that the resulting measured
δ13C value represents the weighed average of each source.

3.4.4.1.1.1 IsoSource mixing model to estimate the fractional abundances
of long-chain n-alkanes sources
In order to estimate the fractional abundances of each source for the long-chain nalkanes on the basis of their δ13C values, a source partitioning mixing model freely
available from the USEPA website
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(www.epa.gov/wed/pages/models/stableIsotopes/IsoSource/IsoSource.htm) is used
here. Such software is able to estimate the fractional abundances of any isotopic
species where the number of sources is more than n+1 (where n is the number of
isotopes). To do so it is necessary first to establish the number and type of potential
sources contributing to the long-chain n-alkanes homologues, as well as the δ13C endmember values of such source.
Then, following is a discussion to infer the potential different sources of carbon to the
studied long chain n-alkanes, then to establish their δ13C end-member values. Finally
the model is run by using the measured and estimated end-member δ13C values (a
more detailed description on the use of the software will appear in this section).
From the range in the measured δ13C values, it is clear that long chain n-alkanes are
not uniquely derived from C3 terrestrial plants; as mentioned, if that were the case,
δ13C values should range between -33 and -39‰ (e.g. Bird et al., 1995; Naraoka and
Ishiwatari, 1999) while the measured values appear more positive (see Table 3.3).
However, in this studied area, the OM accumulating in sediments can receive
contributions also from C4 terrestrial plants that produce n-alkanes with much more
positive δ13C values than from C3 plants (values ranging from -18 to -25‰; e.g.
Collister et al., 1994b). Modelling the δ13C values of long-chain n-alkanes as derived
solely from C3 (e.g. average end-member δ13C value = -34‰; Rommerskirchen et al.,
2006) and C4 (e.g. average end-member δ13C value = -22‰; Rommerskirchen et al.,
2006) terrestrial plants would already be able to explain the data pattern; however,
additional potential sources need to be considered. Another potential source of longchain n-alkanes is petroleum. Ishiwatari et al. (1994) considered C20-22-24 n-alkanes in
their surface sediment samples as representative of petroleum input, and used their
average δ13C value to model the fractional abundances of petroleum input to the
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remainder of the homologous n-alkanes (average δ13C value = -27.9±0.6‰). Pearson
and Eglinton (2000) selected the δ13C value of C24 n-alkane (δ13C = -29.5‰) as
representative of petroleum input. Few factors point to the fact that in the present
study n-alkanes do not receive contributions from a petroleum source. First is that the
studied area is a few hundred kilometres offshore, very far from potential
contamination from anthropogenic oil spills; and also, Logan et al. (2006) confirmed
that the gas seepages from the seafloor detected in the area are due to biogenic
production of gas in the Holocene sequence, with no association with petroleum
reservoirs. From the δ13C data of n-alkanes in the present study, the C16, C18, C20, and
C22 n-alkanes showed overall similar δ13C values that were attributed prevalently to
bacterial input while C24 n-alkanes vary widely between -21.8‰ to -25.8‰. If C24 nalkane was derived uniquely from a petroleum source (as in Pearson and Eglinton,
2000) it would be characterised by more uniform and more negative δ13C values
among samples, and also, the values would be similar to C22 and C20 n-alkanes (as in
Ishiwatari et al., 1994). It is concluded that the studied samples do not receive inputs
from a petroleum source. Another potential source for long-chain n-alkanes is fossil
kerogen from the erosion of continental rocks outcropping on the continents. Drenzek
et al. (2007) assumed that C26, C28 and C30 n-alkanes were derived uniquely from such
petrogenic source whose measured δ13C values among all samples were very similar
(within -30‰ and -29‰). Pearson and Eglinton (2000) constrained a range of δ13C
values for n-alkanes of petrogenic (shales) origin for their mixing model. Values
ranged from -28‰ for C24-25 n-alkanes to -32.0‰ for C31-33 n-alkanes. In this study,
the measured δ13C values for C26 n-alkane vary between -26.4‰ to -30.2‰ (3.8‰
range), between -27.3‰ to -30.0‰ for C28 n-alkane (2.7‰ range), and between 28.0‰ to -28.5‰ for C30 n-alkane (0.5‰ range). It may be possible that C30 n-alkane
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is originated by a unique source (possibly petrogenic); however, the range in δ13C
values of C26 and C28 n-alkanes is too wide to attribute them also to a unique origin. If
the average δ13C value of C30 n-alkane (i.e. -28.2‰) represents the end-member δ13C
value of n-alkanes from petrogenic origin, then both C26 and C28 n-alkanes should be
composed of an additional two sources, one characterised by a δ13C end-member
value more positive than -28.2‰, and the other characterised by a δ13C end-member
value more negative than -28.2‰. The most likely candidates for those two sources
are C3 terrestrial plants (average end-member δ13C = -34‰) and algal n-alkanes
derived from diagenetic reduction of n-alkenes (average end-member δ13C = -24.8‰).
Moreover, considering that the area most likely receives contributions also from C4
plants, it is possible that C26 and C28 n-alkanes are composed also of such input
(average end-member δ13C = -22.0‰).
Yet, it may be that sediments in this study do not receive (or only in a very minor
amount) contributions from fossil OM derived from the erosion of continental rocks.
A first aspect in support of this hypothesis is that the main siliciclastic input of
sediment in the area comes from rivers draining towards the Gulf of Carpentaria.
These catchments lie on a passive-type margin in tropical climate: these geologicalgeographical settings are the most favourable for the complete remineralization of
fossil OM in catchment soils (e.g. Blair et al., 2004). Secondly, if the studied
sediments received fossil OM inputs, such contribution should be particularly evident
in the δ13C values of n-alkanes of sample A, whose radiocarbon content of TOC is
much lower (Δ14C = -400.4‰) then the other three samples (ranging between about 180 and -160‰; Table 3.1). However a significant difference in the δ13C values of nalkanes between sample A and the other samples is not reported. On the contrary, nalkanes in the C29-32 range display more negative δ13C values than the other samples;
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this goes against the expected shift towards more positive δ13C values of n-alkanes
from thermal cracking processes (Clayton and Bjorøy, 1994; see also section
2.1.1.5.6). Lastly, it is assessed whether the long-chain n-alkanes receive inputs also
from algal material (including the fresh-water Botryococcus braunii). As indicated
above, the pattern in δ13C values of long-chain can be modelled by considering two
end-members only (C3 and C4 plants). However, there are indications that part of the
long chain n-alkanes are derived also from algal material. First, the most offshore
sample (D) presents values in the C25-30 range constantly offset by 3-4‰ more
positively with respect to the other with values gradually decreasing from C25 (24.8‰) to C30 (-28.0‰). If the long-chain n-alkanes were derived uniquely from C3
and C4 plants, they would have had most probably similar δ13C values among
samples. Secondly, the CPI values for long-chain n-alkanes range between 1.7 to 2.4
(see Table 3.2); such values are well below 4 indicating that long chain n-alkanes are
not derived uniquely from terrestrial plants (e.g. Collister et al., 1994b). Since both
the petroleum and petrogenic inputs (potentially responsible for lowering the CPI
values) have been ruled out for these samples, the remaining most likely cause that
would lower the CPI values is the contribution of algal material to the long chain nalkanes series (e.g. Collister et al., 1994a). As mentioned, the fresh-water alga
Boytrococcus braunii (race A) can also contribute to the sedimentary long-chain oddnumbered n-alkanes upon diagenetic reduction of biosynthesized n-alkandienes and
trienes (Grice et al., 1998c). However, the δ13C values of such n-alkanes appear
highly varible in the C25-33 range, ranging from about -33‰ to -26‰ (Grice et al.,
1998c) and values for individual n-alkanes seem to change between samples. On these
bases, it would surely be erroneous trying to model the contribution from
Boytrococcus braunii to the measured long chain odd n-alkanes of this study by
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considering one δ13C end-member value alone; furthermore, there are not yet clear
data in the literature confirming more precise δ13C values of Boytrococcus brauniiderived n-alkane series. In this study, the contribution to the long-chain odd n-alkanes
from Boytrococcus braunii is neglected. However, even though the sediment samples
here were collected a few hundred kilometres offshore, considering the quite
refractory nature of the Boytrococcus braunii-derived lipids (Grice et al., 1998c, and
references therein) the possibility that some of the lipids input derive from such algae
from fresh- and brackish-water bodies in the catchments cannot be discounted.
Finally, it is assumed that the long chain n-alkanes are derived from 3 sources: C3 and
C4 land plants, and algal material. After constraining the end-member δ13C values of
each source, the fractional contribution of each source to each long chain n-alkane can
be modelled by using the IsoSource software. The δ13C end-member values from each
source as estimated below, apply to all individual long-chain n-alkanes.
The end-member δ13C values of C3 and C4 plants are constrained from data in
literature (that is -34‰ for C3 plants and -22‰ for C4 plants: Rommerskirchen et al.,
2006), the end member δ13C value for algal input is constrained from the average δ13C
value of C17-19-21-23 n-alkanes in this study (i.e. -24.8‰) since such compounds have
been suggested to derive exclusively from algal input. Such data (the end-member and
the measured δ13C values of long chain n-alkanes) have been used in the IsoSource
mixing model. For n δ13C values the software would provide one unique solution for n
+ 1 sources. In this case there is one δ13C value for 3 sources (i.e. n + 2). The software
is able to provide a range of feasible solutions that are statistically constrained; it
provides a probability distribution of feasible solutions (i.e. fractional amounts) from
each source and the statistical mean and standard deviation for each fractional amount
from each source. The actual proportion of each source would most likely lie within
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the estimated statistical means and associated standard deviations (Gibbs, 2008, and
references therein). The fractional amounts and associated standard deviations from
each source for each long chain n-alkane so estimated are shown in Table 3.5 and
plotted in Figures 3.13, 3.14, 3.15, 3.16, 3.17. In addition, the average fractional
amounts for each compound across samples have been estimated and plotted (Fig.
3.18).

Table 3.5 – Output of the Isosource mixing model to estimate the fractional abundances between C3
plants, C4 plants and algal material for the homologous C25, C27, C29, C31 and C33 n-alkanes.
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Figures 3.13 and 3.14 – Outputs of the Isosource mixing model for, respectively C25 and C27 nalkanes.

Figures 3.15 and 16 – Outputs of the Isosource mixing model for, respectively, C29 and C31 n-alkanes.
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Figure 3.17 Output of the Isosource mixing model for C33 n-alkane.

Figure 3.18 – Across-sample averages of the outputs of the Isosource mixing model for each n-alkane
(average data are expressed in Table 3.5).

Fig. 3.18 shows that the algal contribution is significant to these long-chain n-alkanes
(from 20% to 40% on average); in fact algal input seems to be predominant for C25
and C33 n-alkanes (about 40%). On the other hand C27, C29 and C31 are composed
predominantly of C3 land plant material (ranging from 40% to 60%). The average
contribution from C4 land plant material range from 15% to 35%, representing an
intermediate input for C25 and C33 n-alkanes while it makes the least contribution to
C27, C29 and C31 n-alkanes. As an exercise, the hydrocarbon terrestrial/aquatic ratio
(TARHC) is now recalculated by considering only the fractional amounts of C27, C29
and C31 n-alkanes derived from C3 and C4 terrestrial plant sources (see second last
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row in Table 3.2). This leads to TARHC values closer to 1, which is indicative of an
almost unique contribution from algal material.
Overall, the combination of compound-specific δ13C and relative concentration
analysis of n-alkanes suggests that the samples studied receive dominant contributions
from algal and bacterial derived OM, and more minor contributions from C3 and C4
land plant material. Such distribution of sources is similar among the three more
offshore samples D, C, and B, while it drastically differs for the most inshore sample
A. Even though the fractional amounts from C3 land plants for the long chain nalkanes of sample A are overall slightly higher than other samples (Fig. 3.18), the
concentration data of n-alkanes for sample A suggest that this sample contains 5-6
times less than the other samples the amount of terrestrial OM with respect to algal
and bacterial OM (this is indicated by the much lower TARHC values and much higher
Σ(C14-23)/Σ(C24-34), as appearing in Table 3.2 and Fig. 3.6). At the same time, as
already suggested in section 3.4.2.2, the overall highest amounts of algal/bacterial
OM in sample A seem to be due mainly to the increased bacterial biomass, as inferred
from its lowest CPI(C14-24) values (i.e. predominance of bacterially-derived evennumbered short-chain n-alkanes over algal-derived odd-numbered ones).

3.4.4.2

F4 fraction (n-alcohols, sterols, hopanols)

3.4.4.2.1

Results and discussions

Compounds analysed within these compound classes consist of: even numbered nalcohols within C16-C28 range, cholesterol, C27Δ0, β-sitosterol, C29Δ0, dinosterol and
ββ-C32 hopanol. Data are listed in table 3.6 and plotted in Fig. 3.19.
The main trends in δ13C values inferred from this dataset are the following:
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1. The δ13C values of all compounds between samples D and C are similar (with
the exception of C18 n-alcohol). If C18 n-alcohol is excluded, the δ13C values of
the n-alcohol homologous series for samples D and C gradually increase from
about -28‰ (for C16 n-alcohol) to about -25‰ for C28 n-alcohol. Instead,
values for sterols and ββ-C32 hopanol vary between -26‰ and -23‰. It is
interesting to note that the compounds more specific of terrestrial plant input
(C28 n-alcohol and β-sitosterol) present the most positive δ13C values (-25‰
and -23‰ respectively).
2. In line with the isotopic data pattern of n-alkanes, it was expected that
compounds from sample B would display similar δ13C values to samples C
and D. Yet, n-alcohols in the C20-28 range and cholesterol, for sample B,
present δ13C values constantly offset more negatively by 2‰ to 6‰ with
respect to the other two samples D and B.
3. Compounds measured in sample A display overall similar values to D and C
with the exception of C22 n-alcohol, C24 n-alcohol and C27Δ0 displaying more
negative values with respect to other samples, offset by 1‰ to 4‰.
4. C18 n-alcohol of sample C displays an anomalously low δ13C value.
5. The δ13C values of ββ-C32 hopanol are the ones that range the least compared
to the other compounds among the samples (range of variation 0.7‰; average
δ13C value = -25.2‰).
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Table 3.6 (next page) – δ13C values of even-numbered C16-28 n-alcohols, sterols and ββ-C32 hopanol
for each sample (values are expressed in ‰ V-PDB)
a
Sample name
b
Pooled standard deviation (expressed in ‰ V-PDB): this is another way of checking the
reproducibility of the δ13C values by considering all the single measurements of a particular compound
across the four samples (after Villinski et al., 2008). The definition on how it is estimated is given in
the text in section 3.4.4.1 (as for Table 3.3).
c
Degree of freedom: is needed for estimating the pooled standard deviation; its definition is also given
in the text.
d
Average (expressed in ‰ V-PDB): this is the average of the average δ13C values for each compound
across the four samples.
e
Range (expressed in ‰ V-PDB): this is the range of variation in the δ13C values of each compound
across the four samples.
f
Standard deviation (expressed in ‰ V-PDB): this is the standard deviation of the averages as
expressed in footnote d.
*Value of sample C is neglected.

136

137

138

Figure 3.19 (previous page) – Plot of the δ13C values of the even-numbered C16-28 n-alcohols, sterols
and ββ-C32 hopanol for each surface-sediment sample from the Arafura Sea continental shelf (values
are expressed in ‰ V-PDB). The standard deviations of the means from three replicates for each
compound are expressed by the error bars.

The pattern in δ13C values of these compounds leads to the following inferences on
their potential different sources in these sediments.
1. Dinosterol and ββ-C32 hopanol present a narrow range of variation in δ13C
values (2‰ and 0.7 respectively), and their average values are also similar (24.7‰ and -25.2‰ respectively). This indicates that they are likely produced
from organisms with similar metabolisms sharing the same carbon source
whose 13C composition remains constant among samples. Since dinosterol is a
common biomarker for dinoflagellates it is probable that, according to its
pattern in δ13C values, it is derived mostly from one type of photosynthetic
organisms (i.e. dinoflagellates) growing on dissolved inorganic carbon (DIC).
By extension, ββ-C32 hopanol most likely also derives from one type of
photosynthetic organism consuming DIC; it is known that ββ-C32 hopanol can
be produced from a variety of prokaryotic organisms (Ourisson et al., 1987);
however, according to the conditions set by its 13C composition, the most
likely candidate for its presence in this study is cyanobacteria.
2. The C29 sterol β-sitosterol (commonly ascribed as terrestrial plants biomarker)
and its potential diagenetic product C29Δ0 (24α-ethylcholestan-3β-ol if
diagenetic product of β-sitosterol) also display a narrow range of variation in
δ13C values (1.4‰ and 1‰ respectively); however, while the average δ13C
value of 24α-ethylcholestan-3β-ol (-25.6‰) is similar to those of dinosterol
and ββ-C32 hopanol, the average δ13C value of β-sitosterol is slightly more
positive (-23.7‰). Even though β-sitosterol is commonly viewed as a
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terrestrial plant biomarker, in this case, similarly to what seen for the longchain n-alkanes, it is also most likely made up of fractional abundances of
different sources (i.e. C3 and C4 terrestrial plants, algal). The reason for its
δ13C values being even more positive than the algal biomarkers (e.g.
dinosterol) may be due to a higher percentage of C4 land plant material (see
mixing model in section 3.4.4.1.1.1). On the other hand, the observed isotopic
difference between β-sitosterol and C29Δ0 can be explained by either of the
following two reasons. One is that C29Δ0 derives from diagenetic reduction of
β-sitosterol (in this case C29Δ0 is represented by 24α-ethylcholestan-3β-ol),
and this process is accompanied by isotopic fractionation leading to a product
progressively more depleted in 13C. The other is that C29Δ0 has a completely
different origin than β-sitosterol, possibly uniquely algal. As an attempt to
establish whether reduction of β-sitosterol into C29Δ0 has occurred, and if this
process was associated with isotopic fractionation, the differences in δ13C
values between β-sitosterol and C29Δ0 are plotted against the stano/stenol
ratios estimated from the concentration data (displayed in Figures 3.9 and
3.10). The correlation coefficient is estimated (Table 3.7 and Fig. 3.20). Data
show that the correlation between those two arrays of data is not strong (r =
0.47). If sample C is neglected the correlation increases to 0.88. These data
may confirm that, at least for all samples but C, C29Δ0 is derived from
diagenetic reduction of β-sitosterol and this process is accompanied by
isotopic fractionation. In fact, for a normal kinetic isotope effect (see Hayes,
2001), it is expected that the isotopic difference between reactant and product
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decreases with increasing carbon flowing to the product

Table 3.7 – Correlation coefficients between the differences in δ13C values and the concentration ratios
for the two couples of C27 and C29 Δ5-Δ0. The last row shows how the correlation increases for both C27
and C29 sterols when sample C is disregarded.

Figure 3.20 – Plots of the differences in the δ13C values against the concentration ratios for the two
couples of C27 and C29 Δ5-Δ0.
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(in this case with increasing production of C29Δ0 that results in increasing
C29Δ0/β-sitosterol ratio). The fact that C29Δ0 in sample C presents negative
δ13C values also at its higher yields (high C29Δ0/β-sitosterol ratio) may indicate
that an additional source, other than diagenetic reduction of β-sitosterol
(according to its δ13C value, probably algal), is responsible for a direct input of
C29Δ0 in these sediments.
3. The remaining two sterols analysed in this study (i.e. cholesterol and C27Δ0)
show a wider range of δ13C variation across samples (5.1‰ and 4.4‰
respectively), but average δ13C values within the same range of the other
triterpenoid alcohols (i.e. -26.0‰ and -24.6‰ respectively). However, as
specified above, the wider range in those δ13C values is due exclusively to
outliers: these are cholesterol in sample B, and C27Δ0 in sample A. If these two
compounds from those samples are disregarded, the average δ13C values of
those compounds from the three remaining samples would be -24.9‰ (for
cholesterol) and -23.7‰ (for C27Δ0); the range of variation for both
compounds would become limited to 1.4‰ (value included within the natural
δ13C variation from a single source). Those averages suggest that the main
source of cholesterol for all samples but B is algal and zooplankton material
from the photic zone, while the main source of C27Δ0 for all samples but A is
most likely from heterotrophic faecal material (average δ13C value of C27Δ0 is
1.2‰ more positive than the average δ13C value of cholesterol, this difference
lies within the 0.5-1.5‰ difference expected between faecal carbon and
associated biomass; DeNiro & Epstein, 1978; Yoshii et al., 1999). This
conclusion has consequently another implication, that is, C27Δ0 for samples D,
C and B is represented mostly by 5β-cholestan-3β-ol (i.e. coprostanol), which
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is in fact originated from faecal material, and probably in minor amount by
5α-cholestan-3β-ol (which forms from the diagenetic degradation of
cholesterol). The reasons why cholesterol in sample B and C27Δ0 in sample A
display δ13C values more negative (about 4‰) than other samples still needs
to be determined. It is possible that factors such as digestibility of the food or
selective feeding may have locally influenced the 13C isotopic fractionation
associated with the biosynthesis of cholesterol in sample B and C27Δ0 in
sample A leading to such more negative δ13C values (Klein-Breteler et al.,
2002). Similarly to the consideration of C29 sterols, the C27Δ0/cholesterol
ratios are plotted against their δ13C differences (Fig. 3.20). Similarly to C29
sterols, the correlation is not strong when all samples are included (r = 0.43),
whereas it increases to 1 when sample C is neglected. However, differently to
C29 sterols showing only negative stanol-stenol δ13C differences, the δ13C
differences for C27 stanol-stenol range from negative (e.g. -2.4‰ for sample
A) to positive (e.g. 5.8‰ for sample B). This pattern cannot be explained in
the same way as for C29 stanols-stenols.
4. The n-alcohol homologous series in this study is represented by the even
numbered C16-28 components.
Note that C18 n-alcohol for sample C is neglected in the following discussion
since both its δ13C value (Fig. 3.19) and concentration (Fig. 3.6) point to
potential coelution.
As already pointed out, the two most offshore samples D and C display similar
δ13C values among such compounds. After excluding C18 n-alcohol the δ13C
values of each n-alcohol for D and C present a range of variation between 0.2
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and 1‰ (Table 3.6); the average values between the two samples will be
discussed. Such average δ13C values range from -29‰ to -25‰ (Table 3.6),
overall gradually increasing from C16 to C28. These values confirm a
predominant marine origin for such compounds, although some differences in
their sources can be noted. C22 and C24 n-alcohols display very similar δ13C
values (-25.6‰ and -25.5‰ respectively), and these values are about 0.50.6‰ more negative than the average δ13C value of cholesterol (i.e. -24.9‰,
without considering B, Table 3.6). This isotopic difference lies within the
expected up to +1.5‰ difference between isoprenoid (in this case cholesterol)
and acetogenic (in this case C22-24 n-alcohols) lipids produced from the same
organism through two different biosynthetic pathways and associated isotope
effects (e.g. Hayes, 2001). Therefore, considering that cholesterol is a
common zooplankton biomarker (e.g. Grice et al., 1998a), and also C22 and
C24 n-alcohol are abundantly produced in the wax esters by zooplanktonic
copepods (e.g. Sargent et al., 1977), it is reasonable to assume that also C22
and C24 n-alcohols for samples D and C, and cholesterol for samples D, C and
A are almost uniquely derived from zooplankton feeding on photosynthetic
organisms.
The average δ13C values of C18, C20 and C16 n-alcohols of samples D and C are
gradually more negative (i.e. -26.4‰, -27.6‰ and -28.6‰), this indicates that
a source characterised by a more negative δ13C end-member value than algalzooplanktonic production contributes to those compounds. Considering their
carbon number, similarly for short chain n-alkanes, it is possible that bacteria
with a different metabolism and associated isotope effect contribute to the
fractional abundances of such compounds. The average δ13C value for
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bacterially-derived (C16-18-20-22) n-alkanes was -27.3‰, but individual values
were reaching values as negative as -29.2‰ (e.g. C18 and C22 n-alkanes for
sample C).
The average δ13C values of C26 and C28 n-alcohols of samples D and C are
respectively -27.0‰ and -25.1‰. Since these compounds are commonly
regarded as terrestrial plant biomarkers, if they were uniquely derived from a
C3 terrestrial plants source, their values would be in the -32‰ to -39‰ range.
Thus, in this case, other sources contribute to the input of those long-chain nalcohols in sediments; similarly for n-alkanes, these sources can be assumed to
be both algal, and C4 land plants. However, because of the larger uncertainties
in establishing the δ13C endmember values of the sources contributing to those
compounds, the IsoSource model as used for long-chain odd n-alkanes to
estimate the fractional abundances is not applied in this case.
The δ13C values of n-alcohols of sample B are constantly offset by -2‰ to 6.5‰ with respect to samples D and C (Fig. 3.19). Considering that both the
bulk OM values and the δ13C data of n-alkanes do not show significant
differences between sample B and samples C and D, the reasons for those
anomalously 13C-depleted values for n-alcohols in sample B are not clear;
probably one particular source characterised by a more negative δ13C endmember value then photosynthetic algal material contributes to the whole
series of n-alcohols in sample B; however, these data will not be further
discussed.
Also some of the n-alcohols in sample A present δ13C values significantly
more negative than the ones in samples C and D. These are C22 and C24 n145

alcohols; they differ respectively by -2.9‰ and -7.8‰ with respect to the
average δ13C values of the same compounds in samples D and C. While those
compounds have been suggested above to derive uniquely from zooplanktonic
sources for samples D and C because of their δ13C values similar to the cooccurring cholesterol, in this sample (A) they are more negative than the cooccurring cholesterol by 3.5‰ and 8.3‰, suggesting a different source. It
must be noted also that, while all n-alcohols and cholesterol from sample B
display consistently more negative δ13C values, suggesting that primary
sources (e.g. C16-18-20 n-alcohols) are already depleted in 13C and this signal is
transferred upwards in the trophic chain (e.g. C22-24 n-alcohols), in the case of
sample A the other n-alcohols measured (i.e. C16 and C28) present δ13C values
similar to the two samples D and C, suggesting instead that primary sources of
carbon (e.g. C16 n-alcohol) are not characterised already by more negative
δ13C values.

3.5 Conclusions
The OM content in surface sediments from the Arafura Sea continental shelf have
been studied by combining bulk OM analyses (i.e. TOC content, C/N atomic ratio,
CaCO3 content, δ13CTOC, ∆14CTOC) with compound-specific δ13C analysis of nalkanes, n-alcohols, sterols and ββ-C32 hopanol. Each individual data set suggested
different processes and origins of the OM inputs within the studied sediments.
1. Bulk OM data indicate that the OM accumulating within those sediments is
almost exclusively of recent marine origin for all samples but A. From the
δ13C values it is inferred that sample A contains about 40-50% of OM from
terrestrial C3 land plants origin; this material seems to have been trapped in
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soils before delivery to the continental shelf as indicated by its lower ∆14C
values. However the higher amount of land plant material in sample A is not
corroborated by the CaCO3 content that shows no difference between sample
A and the other samples.
2. The n-alkanes δ13C values also show that the OM is predominantly of marine
(algal/bacterial) origin; also about 40% of the long-chain homologues of all
samples seem to be composed of algal-derived material. In contrast to what
could be inferred from the bulk OM data, n-alkane concentration data suggest
that sample A contains the least amount of terrestrial OM. Instead, this sample
seems to contain about 3 times more the amount, with respect to the other
samples, of marine input over the terrestrial one, and such marine input seems
to consist mostly of bacterially derived material. At the same time (as
appearing in Table 3.4) the δ13C values of bacterial n-alkanes (C16-18-20-22;
average δ13C = -27.3‰) are more depleted in 13C by about 2.5‰ than algal nalkanes (C17-19-21-23: δ13C = -24.8‰). From the combination of these data it is
proposed that the lower δ13C values of TOC for sample A (Table 3.1, Fig. 3.3)
can be explained alternatively by much larger contributions of bacteriallyderived OM which, from the compound-specific data of n-alkanes, appears to
be depleted by 2.5‰ on average with respect to algal-derived OM.
3. Finally, the analysis of even C16-28 n-alcohols, sterols, and ββ-C32 hopanol
again point to a predominant input of marine OM. This is evidenced by the
overall predominance of dinosterol and C22-24 n-alcohols in all samples, as
well as by the δ13C values of the individual compounds. Also the more
specific land plant biomarkers among these compounds (i.e. C26 and C28 n-
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alcohols, β-sitosterol) display δ13C values characteristic of algal origin.
However, the analysis of these compounds shows some further differences
among samples: two are the most significant differences. The first is that the
δ13C values of all n-alcohols and cholesterol from sample B appear offset by 2‰ to -6.5‰ with respect to the averages of the two most offshore samples D
and C, indicating that the primary carbon source of these compounds for this
sample must be depleted in 13C. The second is that the most inshore sample A
differs from the remaining samples, by its anomalously high amount of
cholesterol (which is by far the most abundant lipid biomarker in this sample),
and by its δ13C values for C22 and C24 n-alcohols more negative by 2.9‰ and
7.8‰ with respect to the averages of the two most offshore samples D and C.
These data show that there is general agreement between bulk and compoundspecific isotopic analyses for the three most offshore samples (D, C and B),
displaying that the predominance of OM accumulating in those sediments is of
autochthonous origin. On the other hand, the same datasets show disagreement for
the most inshore sample A. While C/N and δ13C values of bulk OM suggest that at
least 40% of C3 land plant input is present in this sample, the lipid biomarkers
concentration analysis, as well as their δ13C values, point to the least amount of
terrestrial input in sample A, while instead a much larger contribution of
bacterially-derived OM characterised by lower δ13C values than algal OM. The
reasons why bacterially-derived OM is characterised by lower δ13C values than
algal OM have not been clearly explained. One possibility, mentioned in section
3.4.1, is that the whole area is influenced by biogenic gas seepages from the
seafloor produced within the Holocene sedimentary layer. The carbon derived
from such gases (mostly CO2, but also CH4; Logan et al., 2006) may be
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reintroduced into the active cycle of carbon via bacterial activity, that was more
prolific within the sediments from which sample A was collected (possibly
because gas emissions were larger). This latter interpretation would encompass
also the lower Δ14C values of TOC recorded for sample A since such bacterial
activities would grow on a primary carbon source derived from the degradation of
already buried OM.
It is concluded that care must be taken when reconstructing the OM inputs in
sediments from the conventional C/N-δ13C values of bulk OM. Processes and
associated inputs of OM other than C3 terrestrial input can lead to similar C/Nδ13C values. An erroneous interpretation of the composition of OM in this sense
would dramatically affect inferences on the palaeo environmental conditions from
sediment core data.
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Chapter 4:
The origin of organic matter in
surface sediments of the Shoalhaven
river-estuary-continental shelf
system from lipid biomarker and
δ13C and Δ14C analysis of total
organic carbon

4.1 Introduction
The main challenge in understanding the fate of terrestrial OM that reaches the oceans
is in providing methods for a mechanistic and quantitative understanding of the
processes that affect terrestrial OM during its transport from continental areas to
marine sediments (Benner, 2004).
From studies so far, it appears that the preservation potential of terrestrial OM
exported both from small and large fluvial systems is linked mainly to the
geodynamic setting, and subordinately to the climatic/environmental conditions of the
drained catchments (Blair et al., 2004). As contrasting examples, more than 70% of
the OM exported from river systems developed on passive margins in tropical
environments (e.g. Amazon River system) is degraded during transfer, and little
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autochthonous marine OM is added to deltaic sediments (Aller et al., 1996; Keil et al.,
1997), while the OM exported from river systems developed on active margins in
temperate environments (e.g. Ganges- Brahmaputra river system) seems to be mostly
preserved and accumulates in the adjacent continental margin sediments (Galy et al.,
2007).
On the basis of these and similar results (e.g. Blair et al., 2003), Blair et al. (2004)
proposed a conceptual model that predicts the changing composition of terrestrial OM
as it is transferred from catchment soils to marine sediments. The model illustrates
that the composition of terrestrial OM is subject to more or less significant changes as
it travels through major bioactive reservoirs such as catchment soils, river channel,
floodplain, estuarine infill, and finally surface marine sediments. Such changes are a
function essentially of the residence times of OM within each reservoir, and such
residence times are in fact linked to the combination of the geodynamic setting and
climatic/environmental conditions. Under this perspective, it is possible to explain the
composition and amount of OM accumulating in surface sediments on continental
margins associated with fluvial systems from a variety of environments (e.g. Burdige
et al., 2005 and references therein; Blair et al., 2003; Gordon and Goni, 2003, 2004;
Aller and Blair, 2004; Goni et al., 2005; 2006; Galy et al., 2007).
However, since those studies have been carried out mainly on river-dominated deltas,
there is still a lack of equivalent data for wave-dominated deltas in temperate
climates. Such data are needed to extend the validity of Blair et al. (2004)’s model to
those types of environments.
The Shoalhaven River is developed on a passive-type continental margin in temperate
climate draining towards the wave-dominated southeast coast of Australia. The
Shoalhaven River is an example of wave-dominated delta (Wright, 1985) at its mature
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stage of estuarine infill (Roy, 1984). The Shoalhaven River is an ideal laboratory for
the study of OM exported to the continental shelf in such type of environments
because of the following characteristics:
1. The catchment area is mainly covered by forested vegetation, so that the
composition of land-plant derived material can be assumed to be represented
with one C/N and δ13C end-member value (i.e. C3 land-plant).
2. The hydrological regime of the river is dominated by floods. Therefore, it can
be assumed that surface sediment samples collected from the river bed in
quiescent waters are representative of sediment taken up into suspension by
the river during times of flood and exported towards the ocean.
3. The lithologies drained contain fossil OM in the form of both coal and
kerogen. According to Blair et al. (2004)’s model, the relative amounts of
fossil OM accumulating in marine sediments is strictly connected to the
geodynamic setting and associated residence times of sediment within major
bioactive reservoirs.
4. Deposition of sediment exported to the adjacent continental margin is focussed
within a narrow band parallel to the coast (Davies, 1979; Boyd et al., 2004).
Therefore, it can be assumed that the OM of terrestrial origin within the
continental shelf sediments is derived uniquely from the Shoalhaven River.
Surface sediment samples from the Shoalhaven river-estuary-continental shelf system
have been collected during several field trips between December 2007 and February
2008 (samples from the river and estuary bed were collected in low energy water) and
their OM content studied by coupling compositional measurements of bulk OM (i.e.
C/N, δ13CTOC, Δ14CTOC) to lipid biomarker analysis of: C14-39 n-alkanes; polycyclic

152

aromatic hydrocarbons (i.e. phenanthrene, fluoranthene, pyrene) C14-30 n-alcohols; C930

n-fatty acids; phytol; sterols (i.e. cholest-5,22E-dien-3β-ol, cholesterol, 5α-

cholestan-3β-ol, 24-methylcholesta-5,22-dien-3β-ol, 24-methyl-5α-cholest-22-en-3βol, campesterol, stigmasterol, β-sitosterol, 24-ethyl-5α-cholestan-3β-ol, dinosterol);
bishomohopanol (ββ-C32 hopanol); pentacyclic triterpenoid alcohols (i.e. taraxerol
and β-amyrin); iso- and anteiso- C15:0 and C17:0 n-fatty acids; pentacyclic triterpenoid
acids (i.e. oleanolic, betulinic and ursolic acid). Those data have been integrated with
inorganic sediment analyses such as particle size analysis and XRD (X-ray
diffraction) and XRF (X-ray fluorescence) measurements of the (clay + silt) particle
size fraction.
These data lead to a comprehensive understanding of the compositional changes of
OM, and the roles of particle size and mineralogy on OM preservation, as sediment
travels through the major bioactive reservoirs of the Shoalhaven river-estuarycontinental shelf system.
It is concluded that OM of terrestrial origin is extensively remineralized in the oceanic
environment and, similarly to other passive-type continental margins, only 30% of the
OM transported by the river accumulates in adjacent continental shelf sediments.
However, the mode of sediment transport combined with ocean hydrodynamics,
dictated by the local geographical-climatic setting, has an impact on the final
composition of OM accumulating in continental shelf sediments that differs from that
on other passive-type continental margins.
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4.2 Background of the study area and sample
locations
4.2.1 Introduction
The Shoalhaven River is one of the largest rivers in New South Wales (NSW) and the
major source of terrestrial sediment to the ocean in the Illawarra area (SE NSW).
The river drains a mainly forested catchment of 9260 km2 (Fig. 4.1) overlying a
tectonically stable rock substrate composed of two main units, both containing fossil
organic matter either in the form of shale kerogen (Palaeozoic Lachlan Fold Belt) or
coal (Sydney Basin).
The estuary of the Shoalhaven River is approximately 160 km south of Sydney; it is a
wave-dominated delta (Wright, 1985) at a mature stage of estuarine infill (Roy, 1984).
Fluvial sediment export to the ocean occured mainly during flood episodes (Roy and
Thom, 1981), until the flow was regulated by the construction of a dam (Tallowa
dam, completed in 1976) 75 km upstream of the mouth (Figures 4.1 and 4.2).
Sediment dispersal and deposition onto the adjacent continental margin is
significantly affected by the strong ocean hydrodynamics, so that the deposits
supported by the fluvial input (mainly in the silt-clay particle size range) are confined
within discontinuous narrow bands extending in a NNE-SSW direction at midcontinental shelf water depths (Davies, 1979; Boyd et al., 2004).
In order to establish the changes in composition of OM transported from the river to
the ocean seafloor, 23 surface sediments were collected from each of the most
significant depositional environments in terms of OM input/degradation.
The various depositional environments are (Fig. 4.2):
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1. The river bed above the tidal limit. Four of the five fluvial samples were
collected from just upstream of the Tallowa dam, which also corresponds to
the point of confluence of the two major streams draining the catchment area
(i.e. the Shoalhaven River from the south and the Kangaroo River from the
north), the remaining sample was collected about 20 km downstream (at
Burrier), at the tidal limit.
2. The estuary bed (Fig. 4.3). Six samples were collected in a N-S transect from
several significant locations within the estuary in terms of local
hydrodynamics. One sample is taken from Shoalhaven Heads in the north
(corresponding to the original opening of the river to the ocean, and still
breached during times of floods). Two samples were collected from the banks
of Comerong Island just beside the Berry channel (an artificial channel built in
1822 that now directs the river flow towards the ocean at Crookhaven Heads).
A further two samples were collected from quiescent waters behind Comerong
Island. The last estuarine sample was collected from Curley Bay which is
located south of the Berry Channel.
3. The remaining samples were collected from the continental shelf. The first
four samples nearest the river mouth were collected from sandy sediment
between 15 and 50 m water depth, while the remaining samples were collected
from the narrow band of silty-clayey sediment located at water depths between
75 and 110 m (Fig. 4.2) in a NNE-SSW transect (i.e. tracing the river plume).
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Figure 4.1 – Shoalhaven River catchment (source data from: Terara Village Floodplain Management
Study, Shoalhaven City Council, 2005). Surface sediment samples were collected within the area
highlighted by the yellow inset: this is displayed more in detail and with sample locations in Fig. 4.2.
The inset map highlights the steep continental shelf of south-eastern Australia.
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Figure 4.2 – Location of surface sediment samples collected from the Shoalhaven river-estuarycontinental shelf. Samples denoted R were collected from the river bed, samples E were collected from
the estuary bed, samples S were collected from the continental shelf.
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Figure 4.3 – Detail map of the sample locations from the Shoalhaven estuary (map from Google Earth:
image taken on 15/08/2009).

4.2.2 Catchment
The Shoalhaven River catchment is readily divided into three physiographic areas
(Nott et al., 1996):
1. The upland plateau
2. The incised gorges of the middle reaches
3. Coastal lowlands
The upper and middle regions of the catchment are part of the Palaeozoic Lachlan
Fold Belt, and the lower region is part of the Permo-Triassic Sydney Basin, with the
near horizontally bedded Sydney Basin overlying the steeply dipping rocks forming
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the Lachlan Fold Belt (Nott et al., 1996). The Shoalhaven and its tributaries have
incised steep gorges and where they meet form steep cliffs of Permo-Triassic
sandstones, including the Permian Nowra Sandstone (Nott et al., 1996). In the gorge
below Tallowa dam, the Nowra Sandstone (Shoalhaven Group) overlies Late
Devonian sandstone, quartzite, siltstone and shales (Lachlan Fold Belt).
The surface lithologies of the Shoalhaven Plateaus are Permian in age, and are
composed of Nowra Sandstone and some Berry Siltstone residuals; the gorges are
composed of Ordovician and Devonian shales and phyllites, with an isolated
limestone unit also present (Nott et al., 1996).
The geological units containing fossil OM in the Shoalhaven River catchment consist
of:
1. Coal seams from the Illawarra coal measures (within the Sydney Basin). More
specifically, the formations which cropout within the Shoalhaven catchment
are the Bulli coal and the Wongawilly coal formations.
2. Various shale units containing fossil kerogen within the Lachlan Fold Belt.
The Shoalhaven Floodplain, which accounts for 120 km2 of coastal flats below the
escarpment, is composed of Quaternary sands and silts from both fluvial and marine
sources (Nott et al., 1996; Shoalhaven City Council, 2005-2006).
The topographic relief is very modest (a few hundreds of metres), characteristic of
passive margins at a mature stage.
The hydrology of the Shoalhaven River catchment is characterised by periodic floods
with average rainfall for the catchment being 890 mm/yr; although the lower
Shoalhaven receives substantially more, with up to 1200-1500 mm/yr occurring in the
headwaters of the Kangaroo River catchment at Barren Grounds (EPA, 1997).
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The vegetation in the catchment consists mainly of forests dominated by a variety of
Eucalyptus species such as Spotted Gum, Ironbark, and Bloodwood (Shoalhaven City
Council, 2005).

4.2.3 Estuary
The Shoalhaven estuary extends from Crookhaven Heads to Burrier (the tidal limit
found 49 km upstream). Approximately 6000 years ago, a barrier formed partially
enclosing the estuary to form an embayment which has since been infilling with
marine sands and fluvial sediments. The Shoalhaven estuary is at a mature stage of
estuarine infilling (Roy, 1984; Wright, 1985), with the evolution of these deltaicestuarine plains described by Young et al. (1996) and Umitsu et al. (2001). The delta
is primarily Holocene, underlain by extensive Pleistocene sediment. The latter was
partly eroded prior to Holocene deposition, and remnants of Pleistocene terraces still
exist both above the plain and in the subsurface (Young et al., 1996). The extensive
floodplain is predominantly the result of lateral accretion (point bar deposits) that has
been overlain by vertically accreted sediment deposited from suspension during
floods (Shoalhaven City Council, 2005). Large backswamps occur on the floodplain.
The aquatic habitat associated with the estuary comprises both riparian and lentic
habitats, with sedges (Melaleuca and Leptospermum species) in the riparian zone,
with periphyton and macrophytes in lentic areas. Benthos, typical of the temperate
east coast of Australia, is also present; its diversity and abundance is variable and
heavily influenced by the salinity gradient, and hence location within the estuary.
Benthos mainly comprises aquatic insects, oligochaetes and bivalves.
The vegetation cover in the estuary consists mainly of mangrove (17% of the estuary
area), salt marsh (7.4% of the estuary area), and seagrass (4.9% of the estuary area)
(data from Shoalhaven City Council, 2005). Mangrove vegetation is dominated by
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Avicenna marina and Aegiceras corniculatum, seagrass vegetation is dominated by
Zostera, while Sporobolus virginicus prevails in salt marshes.

4.2.4 Continental shelf
The SE Australian margin is a passive margin characterised by a very narrow (less
than 30 km) and steep continental shelf (Wright, 1995). The inner shelf has about a 1˚
slope and it extends to 50-60m water depth; the slope reduces for the mid- (until 110120m) and outer shelf (until 150m), then it increases again at the shelf break (150m).
Sediment dispersal and deposition on the shelf (as well as its morphology) are
dictated by the strong oceanography characterised by high wave energy, alongshore
transport to the north (Boyd et al., 2002), coastal upwelling and downwelling
currents, cyclonic and anticyclonic eddies created by mixing processes at the shelf
break between the East Australian Current and the local water (Middleton et al.,
1997). As a consequence of the high wave energy, mud-silty sediment can accumulate
on the seafloor only below 60-70m depth, so that the sediment covering the inner
shelf is well-rounded and sorted medium to fine quartzose sands with some calcareous
debris (Davies, 1979; Davey, 1993; Ferland and Roy, 1997). Finer grained sediments
can accumulate at mid-shelf water depths (75-120m) creating a mid-shelf muddy sand
to sandy mud facies, commonly termed the “mud-belt”. This facies occurs
discontinuously along the shelf, it is typically at least 3 m thick (Davies, 1979; Roy et
al., 1992) and it is maintained by sediment which escapes local estuaries during times
of flood (Roy and Thom, 1981). In the case of the Shoalhaven River such facies is
found north of the river mouth because of the regional longshore northward drift
(Boyd et al., 2002). Mantling the outer shelf is a seaward thickening wedge of very
coarse calcareous bioclastic sediment extending from 120 to 150 m to the shelf break
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(Davies, 1979; Wright, 1995). These deposits are relicts from the last sea-level
lowstand (Ferland et al., 1995; Ferland and Roy, 1997).
Contemporary OM accumulates mostly on the mid-shelf mud belt sediments where it
is likely composed of a variable mixture of OM produced in the marine environment
and exported by the river.

4.3 Geochemical and sediment analyses
4.3.1 Bulk OM
Bulk samples were dried and de-carbonated through the addition of 1M HCl; CaCO3
contents were estimated by weight difference. The determinations of TOC %, C/N
and δ13CTOC were carried out with an Elemental Analyser (Fisons NA 1500 NCS) –
Stable-Isotope Mass Spectrometer (PRISM III) in the geochemistry laboratories of the
University of Wollongong; the reproducibility of the values was tested with two
replicates of the same sample. Aliquots of the de-carbonated samples were analysed
for Δ14CTOC values at the Australian Nuclear Science and Technology Organisation
(ANSTO) using the ANTARES Accelerator Mass Spectrometer (AMS) (Fink et al.,
2004).

4.3.2 Sediment particle size, XRD and XRF (trace elements)
The particle size analysis was undertaken on a Malvern Mastersizer 2000. Sediment
sample with particle size less than 2 mm (larger particles would damage the
instrument) was added until the detection was in range, and with ultrasonic
disaggregation for a minimum of 30 seconds, depending on the cohesiveness of the
sample, whereupon the sample was analysed, and the results were imported into
Microsoft Excel for further analysis and interpretation.
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Sediment samples were hand-sieved with a 63 μm mesh sieve. The particle
size fraction less than 63 μm was collected, dried at 40 ˚C and then ground with a
mortar and pestle for XRD (X-ray diffraction; a 1g aliquot) and XRF (X-ray
fluorescence; a 4-6 g aliquot) analysis.
The XRD raw data were processed by using the software Siroquant for background
subtraction, peak identification and quantification. The mineral phases pre-selected in
the software are the following: quartz, calcite 1, high-Mg calcite, aragonite, kaolin
(BISH12), illite 1, muscovite, chlorite, montmorillonite 1, albite (low), labradorite,
orthoclase 1, and pyrite. The data are reported in percentages of those mineral phases,
summing to 100 (Appendix 4.2).

4.3.3 Lipid biomarkers (identification and concentrations)
Whole-sediment samples were freeze-dried and ground with a mortar and pestle. The
extraction of OM from dry sediments (about 100 g per sample) was carried out with a
large Soxhlet apparatus using 97/3 DCM (dichloromethane)/methanol. The organic
matter extract (EOM) was then fractionated into 3 classes using flash SiO2-gel
chromatography (glass column dimensions 40 x 15 mm, SiO2-gel 0.06-0.2 mm mesh);
SiO2-gel was deactivated before use with 2% distilled water. The 3 fractions were
eluted by the following sequence:
•

F1 (aliphatic and aromatic hydrocarbons): 3 dead volumes (DV) of
hexane/DCM 8/2

•

F2 (ketones and alcohols): 2.5 DV of DCM/acetone 95/5

•

F3 (fatty acids): 3 DV of DCM/methanol 7/3

All fractions were characterised by GC/MS and GC/FID analyses.
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The GC/MS analyses were performed in the Research School of Earth Sciences
(RSES; ANU, Canberra) by means of an Agilent 6890 gas chromatograph (GC)
coupled to an AutoSpecPremier (Micromass) mass spectrometer (MS), while GC-FID
analyses were made in the geochemistry laboratories of the University of Wollongong
also with an Agilent 6890 GC.
The GC/MS conditions in the RSES were the following. Each sample was injected by
means of a Programmed Temperature Vaporising (PTV) splitless injection into a DB1 column (60 m, 0.25 mm ID and 0.25 lm film thickness, J&W Scientific). The
injection temperature program was: 40˚C for 0.10 min, then ramp at 260˚C/min until
300˚C, and then hold for 5 min; inlet purging flow (50 mL/min) at 2 min, gas saver
flow (20 mL/min) at 5 min. The oven was programmed from 40˚C for 4 min, then
ramp at 30˚C/min until 150˚C, and then ramp at 3˚C/min until 315˚C, hold for 30 min.
He was the carrier gas at a constant flow of 1.0 mL/min. The spectrometer was
operated in full scan mode from 55 to 600 Daltons at 0.7 scan s-1; inter-scan delay =
0.2 s; total cycle time = 0.93 s.
The GC conditions in the geochemistry laboratory at the University of Wollongong
for GC-FID analyses were the following. Sample was injected in hot splitless mode
(280˚C) in an 870 μL glass liner with a purging flow of 50 mL/min at 1.3 min. The
GC column was an Alltech AT-5ms, 60 m length, 0.25 mm internal diameter, 0.25μm
film thickness. The GC oven was programmed to remain at 40˚C for 2 minutes, then
ramp at 30 ˚C/min until 150˚C, and then ramp at 3 ˚C/min until 320˚C which was held
for 35 min. The FID was operated at T˚ = 340˚C, hydrogen flow = 40 mL/min, and air
flow = 300 mL/min. He was the carrier gas at a constant flow of 1.6 mL/min.
The identification of compounds was carried out by comparing the GC/MS spectra of
the unknown compounds with known GC/MS spectra libraries (NIST05 database; i.e.
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National Institute of Standards and Technology, 2005), and with the GC/MS spectra
and retention times of standard mixtures. The standard mixtures were: C15-33 nalkanes, C14-28 n-alcohols, cholesterol, 5α-cholestan-3β-ol, campesterol, and βsitosterol. All standards were purchased from Sigma Aldrich.
Quantification of each peak from GC-FID chromatograms was carried out by means
of an internal standard of known concentration and calibration curves (for estimating
the curve coefficient for each peak) for the n-alkane homologous series, while only
with an internal standard of known concentration for the other compounds. The
calibration curves for n-alkanes were made with 5 different concentrations ranging
from 1 to 20 μg/mL. The internal standards used were: perdeuterated C24 n-alkane
(C24d50 n-alkane) for the n-alkane homologous series and polycyclic aromatic
hydrocarbons (PAHs); C19 n-alcohol for the n-alcohol homologous series, sterols and
hopanols; perdeuterated C16 n-fatty acid (C16d31 n-fatty acid) for the n-fatty acid
homologous series, branched fatty acids, and pentacyclic triterpenoid acids.

4.4 Results and discussions
4.4.1 Bulk sediment data
Organic geochemical bulk sediment data of the Shoalhaven river-estuary-continental
shelf system samples include measurements of their carbonate content (CaCO3 %),
TOC content (TOC %), C/N atomic ratio, and δ13CTOC contents. Δ14CTOC
measurements have also been carried out on few selected samples. Further analyses of
the bulk sediment composition include particle size distribution analysis, XRD and
XRF (trace elements) analysis of the ≤63µm particle size fraction of sediment. All
these data are displayed in Table 4.1 (for particle size distribution, XRD and XRF
analyses only the most significant data are displayed).
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4.4.1.1

Bulk OM data (results and discussions)

The total organic carbon content (TOC %) for each sample ranges from 0.05 % to
1.90 %. As it will be discussed next, the relative amounts of TOC for all samples are
positively correlated mainly to their (clay + silt) content (Fig. 4.10), and to a much
less extent to compositional characteristics of TOC such as its δ13C, C/N and Δ14C
values.
C/N and δ13C data seem to predominantly reflect the three different sedimentary
environments (i.e. river, estuary and continental shelf surface sediments) from which
samples have been collected (δ13C-C/N plot in Fig. 4.4). Samples collected from the
river bed display -26.5<δ13C<-25.5‰ and 15<C/N<20, samples collected from the
estuary bed display -26<δ13C<-25‰ and 20<C/N<30, samples collected from the
continental shelf surface sediments display -20.5<δ13C<-23‰ and 4<C/N<11. The
pattern of these data is consistent with the following interpretation:
1. The accumulation of predominantly C3 land-plant litter in fluvial sediments
potentially mixed with variable contributions of soil and/or fossil OM.
2. The transfer and accumulation of this terrestrial material in estuarine surface
sediments with minor contributions of autochthonous estuarine inputs
(estuarine C/N ratios values higher than the fluvial ones may indicate in-situ
bacterial degradation of the allochthonous OM due to the preferential
bacterial uptake of nitrogen with respect to carbon; Sampei and Matsumoto,
2001).
3. The transfer and accumulation of both fluvial and estuarine material in
continental shelf surface sediments extensively mixed with autochthonous
contributions of marine OM that alter the δ13C and C/N values of TOC
towards the marine end-member.
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In order to highlight a geographic pattern in the distribution of δ13C values of TOC on
the continental shelf sediments, the δ13CTOC of the samples collected in the NS
transect at 90-110 m water depth (from S13 to S23) are plotted in relation to their
distance from the river mouth (Fig 4.5).
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Table 4.1 (previous page) – Bulk sediment analyses of surface sediment samples from the Shoalhaven
river-estuary-continental shelf. Values are obtained according to the procedures described in Section
4.3. XRD and XRF analyses refer to the (clay + silt) fraction of sediment. For particle size, XRD and
XFR analyses, only the most significant data are displayed in this table. Complete particle-size, XRD
and XRF datasets are shown in Appendices 4.1, 4.2 and 4.3.
- musc. = muscovite
- chl. = chlorite
*Samples are ordered according to their distance (in km) from the river mouth. Negative values refer to
the distance from the river mouth along the river channel, for fluvial and estuarine samples. Positive
values refer to the distance from the river mouth for continental shelf samples.

Figure 4.4 – Bulk OM δ13C-C/N plot of surface sediment samples from the Shoalhaven river-estuarycontinental shelf. Source ranges (i.e. marine Particulate Organic Carbon (POC) and C3 terrestrial
plants) are displayed after Lamb et al. (2006). The plot shows how samples are overall grouped in their
δ13C-C/N values according to the depositional environment; outliers have been indicated with their
sample names.
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Figure 4.5 – Bulk OM δ13C and Δ14C values of surface sediment samples from the continental shelf
offshore Illawarra area. Samples are shown in a S-N transect from the Shoalhaven River mouth (see
Fig. 4.2 for sample locations).
Numbers in brackets represent the distance (in km) from the Shoalhaven River mouth.

The plot shows the δ13CTOC values are progressively more negative with increasing
distance from the river mouth northwards, with the most negative value for sample
S15. From there δ13CTOC values are progressively more positive northwards with the
most positive value for sample S23. Similarly, a plot of δ13CTOC values versus
distance from the shore for few samples collected at the northern end of the sampling
area in a cross-shelf transect (Fig. 4.6) indicates that the terrestrial signal decreases
offshore. These patterns may indicate that the accumulation of fluvial discharge in
these oceanic sediments (and associated terrestrial OM) is localised within a narrow
band running parallel to the coast in mid-shelf water depths. This band occurs
discontinuously along the coast and is interrupted both on its northern and southern
end by a combination of local topographical and oceanographic factors (Davies, 1979;
Roy et al., 1992).
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Figure 4.6 – Bulk OM δ13C values of surface sediment samples from the continental shelf offshore
Illawarra area. Samples are shown in a W-E transect offshore from Port Kembla (see Fig. 4.2 for
sample locations).
The numbers in brackets express the distance (in km) of the samples from Hill 60 (Port Kembla).

A few samples seem to be affected by factors that locally modify the composition of
their OM content: these are R5 (δ13C=-25.6‰; C/N=85.7), E10 (δ13C=-21.6‰;
C/N=10), and E7 (δ13C=-25.8‰; C/N=48.3). The anomalously high C/N ratio value
for sample R5 may be due to the fact that the OM in this location (just above the tidal
limit) consists exclusively of combusted biomass (C3 land-plants) by-products (the
presence of charcoal in this sample was inferred already during collection from the
presence of a black layer 2-3 cm below the sediment-water interface). The exclusive
δ13C and C/N marine signature of sample E10 (Fig. 4.4), in combination with the
relatively lower TOC% with respect to the other estuarine samples, may indicate that
the bay (Curley Bay) from which that sample was collected does not receive any
sedimentary input (and associated OM) from the upstream river channel, suggesting
that all the flow channelized in the Berry Channel discharges directly to the ocean and
bypasses Curley Bay. The anomalously high C/N value for the estuarine sample E7
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may be due to enhanced bacterial degradation (E7 was collected on the bank of
Comerong Island in a subaerial environment, in which the absence of the water
blanket would favour preferential decomposition of nitrogen compounds and
consequently increasing C/N values of sedimentary OM) (Sampei and Matsumoto,
2001).
The Δ14C data also group samples according to the environment in which they were
collected (Fig. 4.7). River samples present -30<Δ14C<+30‰ with the exception of
sample R4 with Δ14C=-106.4‰, estuarine samples present -135<Δ14C<-100‰,
continental shelf samples present -160<Δ14C<-230‰.

Figure 4.7 – Bulk OM Δ14C values of surface sediment samples from the Shoalhaven river-estuarycontinental shelf (see Fig. 4.2 for sample locations).
Numbers in brackets express the distance (in km) from the river mouth. Negative values refer to the
distance from the river mouth along the river channel, for fluvial and estuarine samples. Positive values
refer to the distance from the river mouth for continental shelf samples.

This pattern indicates that the OM accumulating in fluvial sediments is mainly
composed of recent material (i.e. land-plant litter) mixed with variable amounts of
OM stored in soils for some decades; the lower Δ14C for sample R4 may be due to a
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contribution of fossil OM (e.g. from coal in the Sydney Basin sedimentary sequence)
drained by the Kangaroo river.
Estuarine samples display overall lower Δ14C values than do fluvial samples; the
range of variation of Δ14C values among estuarine samples (i.e. around 30‰) is also
much narrower than for fluvial sediment samples (i.e. about 140‰). However, while
E6 and E9 display δ13C and C/N values closer to the terrestrial end-member, as
mentioned above, E10 appears to be exclusively of marine origin according to its δ13C
and C/N values. The lower

14

C content of the two terrestrial estuarine samples with

respect to the fluvial samples is probably due the in-situ ageing of OM transported
from the river and temporarily stored in these various estuarine deposits and/or to
partial contamination from fossil fuel combustion product from shipping in the
estuary. As a rough exercise to estimate the residence time of OM in estuarine surface
sediments on the basis of these data only, it is assumed that the Δ14C value of OM
from fluvial input is represented by the arithmetic average of the Δ14C values from the
three fluvial samples (i.e. -32.0‰ corresponding to 202 BP 14C years), and similarly it
is assumed that the average Δ14C value of the exclusively terrestrial OM in the estuary
is represented by the arithmetic average of the Δ14C values from the two estuarine
samples with terrestrial signatures (i.e. -112.9‰ corresponding to 902 BP 14C years).
These two samples are assumed to contain exclusively terrestrial OM. The average
residence time of OM stored in the estuary estimated in this way is 902-202=700 14C
years. On the other hand, for sample E10 collected from Curley Bay (supposedly
composed exclusively of autochthonous marine OM) a different approach is needed
for roughly estimating the residence time of OM in these surface sediments. The
exercise consists simply in subtracting the local reservoir correction from the 14C age
of sample E10. Since the radiocarbon age of sample E10 is 840

14

C years and the
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marine reservoir

14

C age is 480

time of OM is 360

14

14

C years (Gillespie, 1977), the estimated residence

C years. The estimated residence times of OM in the two

environments (700 and 360

14

C years) are different. Apart from the potential non-

validity of the initial assumptions, the difference in the two estimated residence times
of OM in the two environments may be also due to:
1. Varying contributions of fossil OM from fuel combustion products;
2. Different sedimentological processes. The fact \that the sample from Curley
Bay contains marine OM only, while the other samples contain terrestrial OM,
may already point to different sedimentary environments and thus to different
dynamics and associated residence times of sediment.
The trend in Δ14C values on the continental shelf samples is clear in Fig. 4.5. With
increasing distance from the river mouth Δ14C values of S13 and S15 seem to follow
the same pattern as that of δ13C, suggesting that the relative amount of terrestrial OM
delivered to marine sediments also governs their

14

C content. On the other hand, for

S21, more positive δ13C values (suggesting an increase in the marine OM content) are
not paralleled by more positive Δ14C values (as expected if the marine OM
contribution is from contemporary production). This indicates that factors other than
the relative amount of terrestrial OM influence the

14

C content of these sediments.

S21 was collected more offshore than the other samples (120 m water depth), on the
outer shelf water depths. According to previous literature (e.g. Ferland et al., 1995),
outer shelf surface sediments in this area are dominated by relict carbonate from the
last sea-level lowstand and/or transgression, so it is likely that the lower

14

C content

of S21 is due to partial contribution of marine OM deposited during these previous
sea-level stages.
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4.4.1.2

TOC content and sediment particle size

In order to define the particle size fraction of sediment that best correlates with dryweight TOC content, the raw data from the Mastersizer software (not displayed here)
have been used. Two series of correlations (for all samples) are performed:
1. Correlation of TOC content against the cumulative particle size %. These
correlation coefficients are plotted for each particle size step provided by the
Mastersizer software (Fig. 4.8).
2. Correlation of TOC content against the particle size % for each particle size
step as measured by the Mastersizer. These correlation coefficients also are
plotted for each particle size step provided by the Mastersizer software (Fig.
4.9).

Figure 4.8 – Correlation of TOC content against the cumulative particle size percentages for all
samples; these correlation coefficients are plotted for each particle size step provided by the
Mastersizer software. The 63 μm particle size is highlighted.
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The two plots provide a slightly different result with respect to which particle size
fraction best correlates with TOC content for all samples. Fig. 4.8 suggests that the
particle size fraction that best correlates to TOC content is the less than 90 μm one.
However, Fig. 4.9 indicates, firstly that the individual particle size fraction that best
correlates to TOC content is contained in the 15-45 μm range and secondly, that the
correlation between TOC content and individual particle size steps greater than 50 μm
sharply decreases. Intuitively, the reason why Fig. 4.8 shows that the best correlation
is achieved with the less the 90 μm fraction must be due mostly to the cumulative
contributions of the fractions finer than 90 μm one. From the combination of the two
plots it is confirmed that, also in this case, the particle size fraction that best correlates
to the TOC content is the less than 63 μm (i.e. clay + silt fraction; e.g. Hedges and
Keil, 1995). As a consequence, the silt + clay particle size fraction was isolated for
XRF and XRD analysis, and is the only particle size fraction considered in the
following discussion.

176

Figure 4.9 – Correlation of TOC% values against the cumulative particle size percentages for all
samples; these correlation coefficients are plotted for each particle size step provided by the
Mastersizer software. The 63 μm particle size is highlighted.

The TOC contents are now plotted against the (clay + silt) contents for each
sedimentary environment and the associated correlation coefficients estimated (Fig.
4.10). The correlation values show that TOC contents display an increasing
correlation with the (clay + silt) contents progressively moving from the river (r =
0.800) to the estuary (r = 0.924), and to the continental shelf (r = 0.971) sediments.
This result clearly indicates that the OM in association with the clay-silt particles
becomes progressively the dominant type of OM that accumulates in surface
sediments progressively towards the marine environment. While in river and estuary
surface sediments there can be significant contributions of autochthonous OM not
necessarily in association with clay-silt (e.g. land-plant litter), this fraction of OM
seems to be progressively degraded and only OM in association with clay-silt survives
degradation and can be accumulated in surface marine sediments.

Figure 4.10 – Plot of TOC contents against the (clay + silt) content for all surface sediment samples.
Values are displayed and correlation coefficients estimated for the different sedimentary environments.
Regression lines for each environment are also displayed.

177

Fig. 4.11 shows the TOC% / (clay + silt) % ratios for all sediments. Apart from the
two high values for samples R5 and S12 (with exceptionally low clay + silt contents),
such values appear virtually constant throughout the sedimentary environments. The
average ratios gradually decrease from 2.73x10-2 for fluvial sediments, to 2.64x10-2
for estuarine sediments, and to 2.38x10-2 for continental shelf sediments. These data,
in combination with the data expressed in Fig. 4.10, may confirm that land-plant
debris is preferentially degraded while OM in association with the (clay + silt) content
is preserved during transport.

Figure 4.11 – Plot of TOC% / (clay + silt) % ratios for all surface sediment samples.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

4.4.1.3

XRD and XRF data (results and discussion)

The mineral phases identified by XRD consist of quartz, calcite, high Mg calcite,
aragonite, kaolin, illite, muscovite, chlorite, montmorillonite, albite (low), labradorite,
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orthoclase, and pyrite. Their abundances are expressed as volume % of the total
minerals. The mineral phases considered here consist only of the clay minerals
(kaolin, illite, muscovite, and chlorite; montmorillonite is not included since it was
present in trace amounts). The percentages of these clay minerals are shown in Table
4.1 and plotted in Fig. 4.12 for all sediment samples. Fig. 4.12 shows that the clay
mineral contents overall vary only slightly among sedimentary environments. The
most abundant mineral is muscovite whose content varies between 20 and 35% in
fluvial samples, 15-20 % in estuary samples, and 8-15% in continental shelf samples.
The chlorite content also tends to decrease downstream, ranging between 5 and 10%
in fluvial-estuarine samples, and 2-5% in continental shelf samples. The kaolin
contents are more constant throughout the sedimentary environments, between 5 and
10%.

Figure 4.12 – Plot of the kaolin, illite, muscovite and chlorite contents in sediments from the
Shoalhaven river-estuary-continental shelf system (expressed as volume percent of the total minerals,
see section 4.4.1.3) measured from XRD analysis.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.
Note that the most oceanwards samples contain only kaolin.
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Finally, illite is absent in fluvial samples, reaches the highest contents in estuarine
samples (up to 10%), and ranges within 2-3% in continental shelf samples.
In order to establish whether individual clay minerals play a role in OM preservation
during transport through sorption processes, correlations have been carried out
between the clay and TOC contents. The correlation coefficients are 0.250, -0.188,
0.272, and 0.331 for respectively kaolin, illite, muscovite and chlorite. Since these
data suggest no impact of the mineralogy on the TOC contents they are not further
discussed.
Trace element analysis was performed by XRF measurements. The most significant
trace element in potential association with the composition of sedimentary OM is
bromine. In fact Br/TOC ratios have been used to identify and quantify the amount of
marine OM in land-to-sea transects (Mayer et al., 2007). However, in this Shoalhaven
study, while bromine contents in fluvial sediments (Table 4.1) range within values as
those in similar studies (Mayer et al., 2007), they appear by far higher in estuarine and
continental shelf sediments (within 100-400 μg/g range, in comparison to the 10-50
μg/g range as in Mayer et al., 2007). The higher Br contents measured in this study
are most likely due to incomplete removal of interstitial seawater containing bromide.
This means that the Br values measured in this study are not particularly useful as an
additional tool (through Br/TOC ratios) to infer the relative marine/terrestrial OM
contents from fluvial to continental shelf sediments.

4.4.2 Lipid biomarker concentration distribution
4.4.2.1

F1 fraction (n-alkanes and PAHs)

4.4.2.1.1

Results

The concentrations of the n-alkane C14-39 homologous series (Table 4.2 and Fig. 4.13)
are highest in the estuarine E9 sample (almost 12 μg/g), while they are about half and
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one third of this value for the other estuarine (E6) sample, and all the fluvial samples
(R1, R4, R5). Total concentrations of the C14-39 n-alkane homologous series decrease
in continental shelf samples to 2.5 μg/g for S15 (the sample closest to the river mouth,
also characterised by the lowest bulk OC δ13C value) and to about 1 μg/g for the
remaining marine samples. The distribution in concentrations appears similar among
all samples (Fig. 4.14). The main patterns are: a unimodal distribution peaking at C31
(apart from R4 peaking at C29) and an odd over even predominance in the C23-35
range. There is also a slight secondary bimodal distribution in the continental shelf
samples in the range C17-19.

Table 4.2 – Concentrations of C14-39 n-alkanes and PAHs (ng/g dry sediment) for the surface sediment
samples of the Shoalhaven river-estuary-continental shelf. ph. = phenanthrene; fl. = fluoranthene; py. =
pyrene
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Figure 4.13 – Total concentrations of C14-39 n-alkanes, C14-30 n-alcohols and C9-30 n-fatty acids (ng/g
dry sediment) for the surface sediment samples of the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.
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Figure 4.14 – Plot of the concentrations of C14-39 n-alkanes (ng/g dry sediment) for the surface
sediment samples from each depositional environment of the Shoalhaven river-estuary-continental
shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.
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Some proxies that utilise the concentrations of n-alkanes have been estimated for each
sample (see Table 4.3 and Fig. 4.15). These proxies are:
1. Aquatic proxy, Paq = (C23+C25)/(C23+C25+C29+C31) (Ficken et al., 2000);
2. Average Chain Length, ACL =
[25(C25)+27(C27)+29(C29)+31(C31)+33(C33)] / [C25+C27+C29+C31+C33]
(Poynter and Eglinton, 1990)
3. Carbon Preference Index, CPI =
½[(C25+C27+C29+C31+C33)/(C24+C26+C28+C30+C32) +
(C25+C27+C29+C31+C33)/(C26+C28+C30+C32+C34)] (Bray and Evans, 1961)
4. Hydrocarbons Terrestrial/Aquatic Ratio, TARHC=
(C27+C29+C31)/(C15+C17+C19) (e.g. Mead and Goni, 2008)

Table 4.3 – Molecular proxies that utilise the concentrations of n-alkanes. The definitions of each
proxy are given in the text (section 4.4.2.1.1).

In addition, a ratio between long-chain (C23-35) and short-chain (C14-22) n-alkanes has
been estimated as an indication of land-plant plus petrogenic n-alkanes versus marine
plus bacterial n-alkanes.
Two of those proxies (P(aq) and ACL) do not vary significantly among samples.
TARHC and Σ(C23-C35)/Σ(C14-C22) co-vary displaying highest values in fluvial and
estuarine samples (with the exception of R4) and then are lower in continental shelf
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samples. CPI values also present a similar distribution to the TARHC and Σ(C23C35)/Σ(C14-C22) values, being higher in fluvial and estuarine sediments (peaking at
R5) and decreasing for continental shelf sediments.

Figure 4.15 – Some of the n-alkane molecular proxies for the surface sediment samples from each
depositional environment of the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

Three polycyclic aromatic hydrocarbons (PAHs) have also been identified in the F1
fraction (Table 4.2 and Fig. 4.16). These are the 3-ringed phenanthrene and the 4ringed fluoranthene and pyrene. Their concentrations are lower than those of the nalkane homologous series. Cumulative concentrations are on average 25 ng/g for river
samples, 250 ng/g for estuary samples and 120 ng/g for continental shelf samples. The
4-ringed fluoranthene and pyrene are more abundant (average concentration 43 ng/g)
than the 3-ringed phenanthrene (average concentration 33 ng/g).

185

Figure 4.16 – Plot of the concentrations of PAHs (in ng/g dry sediment) for surface sediment samples
from the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

4.4.2.1.2

Discussion

The C14-39 n-alkane concentrations data show that the OM accumulating in surface
sediments seems to be dominated overall by C3 terrestrial plant input in all samples
from fluvial, estuarine and continental shelf settings. Even though the total
concentrations of n-alkanes show more than a 5-fold decrease between estuarine and
continental shelf samples, the distribution in their concentrations remains overall
typical of prevalent C3 land-plants input (Fig. 4.14). The trend in n-alkane proxies
suggests ACL values around 29 (they range from 28.7 to 29.6 for all samples, except
30.3 for sample R5) point to C3 land-plant input in all samples (Rommerskirchen et
al., 2006); since an ACL value of 30.7 is typical of C4 grasses, it may be that sample
R5 (the only one collected at the tidal limit) receives relatively larger contributions
from C4 land-plant material (e.g. intertidal communities and/or seagrasses). Also the
aquatic proxy (Paq), ranging between 0.07 and 0.26, points to an exclusive terrestrial
origin of OM in all samples (Ficken et al., 2000). TARHC values have a wider range
of variation among samples; however, they also display an overall predominance of
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land-plant input (more or less accentuated) for all samples since TARHC values are not
below 1 (e.g. Mead and Goni, 2008). The trend in CPI values suggests something
different. CPI values validating predominant terrestrial plant input need to be above 4
(e.g. Collister et al., 1994; Kolattukudy, 1976); here, only in the fluvial (with the
exception of R4) and estuary sediments CPI values are above 4, while in continental
shelf sediment they decrease from 2.6 to 1.5 further from the river mouth. The CPI
proxy was originally constructed to estimate petroleum maturity since n-alkanes of
exclusively petrogenic (or fossil) origin have CPI = 1, while n-alkanes of exclusively
land-plant origin have CPI = 5-10 (e.g. Rieley et al., 1991; Hedges and Prahl, 1993).
In contemporary sediments, CPI can also depend on the relative contributions
between marine and terrestrial OM (e.g. Sikes et al., 2009 and references therein),
however, since all the other proxies in this study point to a very minor contribution of
marine OM (with respect to terrestrial) within the n-alkane homologous series, it is
reasonable to assume that the changes in CPI values are due mostly to increased
contributions of fossil n-alkanes relative to recently produced land-plant n-alkanes.
On this basis it can be inferred that petrogenic n-alkanes are originally transported
from the river and locally dilute the concentrations of land-plant n-alkanes
accumulating in fluvial and estuarine sediments with sedimentological conditions
favouring this dilution process (e.g. R4); whereupon petrogenic n-alkanes are
transported to the marine sediments to be preferentially preserved with respect to
land-plant n-alkanes.
The PAHs (phenanthrene, fluoranthene and pyrene) are also present in the F1 fraction
occur in very low abundances or are absent in fluvial samples (average concentration
per individual PAH = 19 ng/g), with a maximum in estuarine samples (average
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concentration per individual PAH = 86 ng/g), and decrease in marine samples
(average concentration per individual PAH = 40 ng/g).
The origin of PAHs in sediments is not unambiguous (see review in Lima et al., 2005)
since the same compounds can derive both from incomplete combustion of modern
biomass and of fossil fuels, and also from unburned petroleum (e.g. oil spills and
seepages). However, on the basis of their distribution in concentrations it is possible
to make some inferences on their origin. Two factors point to a prevalent incomplete
fossil fuel (e.g. petrol engine) combustion origin most likely from boating activities.
The first is that PAHs are in very low abundances or absent in fluvial sediments
(where boating activities are very limited), whereas their contents are much greater in
the estuarine environment with a much higher boat traffic. The second is that the
distribution in concentrations of PAHs in estuarine sediments (i.e. the 4-ringed
fluoranthene and pyrene being more than two times as abundant as the 3-ringed
phenanthrene) resembles the pattern in petrol and/or heavy duty diesel fuel (Rogge et
al., 1993). Accordingly, it is inferred that PAHs are sourced mainly in the estuary
from incomplete combustion of fossil fuels, and then transferred to the continental
shelf sediments where their concentrations overall decrease due to degradation and
dilution processes. PAHs from fossil fuel combustion could also originate in the
oceanic environment from shipping activities, however, data show that it is mainly
fluoranthene and pyrene to decrease in concentration in continental shelf sediments,
while phenanthrene seems to conserve similar concentrations between estuary and
continental

shelf

sediments

(Fig.

4.17;

fluoranthene/phenanthrene

and

pyrene/phenanthrene ratios are respectively 2.8 and 3.01 for estuarine samples; this
ratio decreases further away from the river mouth to less than 1 in the more distant
samples). Such a pattern suggests that sources of fossil fuel derived PAHs are less
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significant in the oceans, where instead preferential degradation of the 4-ringed
fluoranthene and phenanthrene exported from the estuary occurs.

Figure 4.17 – Fluoranthene/phenanthrene (Fl/Ph) and pyrene/phenanthrene (Py/Ph) ratios for surface
sediment samples from the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

In order to more accurately establish the origin of PAHs in sediment, compoundspecific δ13C and possibly Δ14C are needed (e.g. Reddy et al., 2002).

4.4.2.2
F2 and F3 fractions (n-alcohols, terpenols, fatty and
terpenoid acids)

4.4.2.2.1

Results

The compounds in F2 and F3 fractions are considered together since some hydroxyl
and carboxylic acid compounds have not been clearly separated during flash
chromatography within the two fractions; consequently the concentrations of such
compounds occurring both in F2 and F3 have been added for the estimation of their
total concentrations. The concentrations of compounds are presented in the following
order: n-alcohols, sterols, bishomohopanol (i.e. ββ-C32 hopanol), n-fatty acids,
branched fatty acids (iso and anteiso 15:0 and 17:0), pentacyclic triterpenoid acids.
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4.4.2.2.1.1

n-alcohols and sterols

Within the n-alcohol homologous series (mainly found in the F2 fraction), compounds
could be quantified in the C14-30 range. As it appears in Table 4.4 and Fig. 4.18 the
concentrations of C14-30 n-alcohols in all samples display a large even over odd
predominance and a unimodal distribution peaking sharply at C26 for the fluvial
samples. Nearer the estuary, the relative abundance of C28 is more important, and it is
the most abundant n-alcohol in continental shelf samples.

Table 4 4 – Concentrations of C14-30 n-alcohols (ng/g dry sediment) for the surface sediment samples of
the Shoalhaven river-estuary-continental shelf.

The total concentrations of the C14-30 n-alcohols (Fig. 4.18) appear highest in the two
fluvial samples R3 and R1 (6.5-7 μg/g), decrease to about 1-3μg/g for the remaining
fluvial and estuarine samples and are below 1.5μg/g for continental shelf samples.
The ratio of long-chain (C22-30) to short-chain (C14-19) n-alcohols is well above one
(Fig. 4.19). It ranges between 11 and 17 for the fluvial samples, to about 23 for
estuarine samples, and is 5-2 for continental shelf samples.
A sequence of terpenols was also identified and quantified (mainly found in the F2
fraction). The terpenols include phytol; C27 sterols (cholest-5,22E-dien-3β-ol,
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cholesterol, 5α-cholestan-3β-ol); C28 sterols (24-methylcholesta-5,22-dien-3β-ol, 24methyl-5α-cholest-22-en-3β-ol, campesterol); C29 sterols (stigmasterol, β-sitosterol,
24-ethyl-5α-cholestan-3β-ol); C30 sterol (dinosterol); bishomohopanol (ββ-C32
hopanol); pentacyclic triterpenoids such as taraxerol and β-amyrin. Concentrations of
those compounds are listed in Table 4.5 and plotted in Fig. 4.20. The most abundant
terpenols (Fig. 4.201) are the C29 sterols β-sitosterol, 24-ethyl-5α-cholestan-3β-ol and
stigmasterol, the pentacyclic triterpenoid taraxerol, and the C27 sterol cholesterol.
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Figure 4.18 – Plot of the concentrations of C14-30 n-alcohols (ng/g dry sediment) for the surface
sediment samples from each depositional environment of the Shoalhaven river-estuary-continental
shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.
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Figure 4.19 – Plot of the ratios between long-chain and short-chain homologues of n-alkyl compounds
for the surface sediment samples of the Shoalhaven river-estuary-continental shelf.
- long/short-chain n-alkanes = C23-39/C14-22
- long/short-chain n-alcohols = C22-30/C14-21
long/short-chain n-fatty acids = C20-30/C9-19
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.
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Table 4.5 – Concentrations of terpenoid alcohols (ng/g dry sediment) for the surface sediment samples
of the Shoalhaven river-estuary-continental shelf.

194

Figure 4.20 – Plot of the concentrations of terpenoid alcohols (ng/g dry sediment) for the surface
sediment samples from each depositional environment of the Shoalhaven river-estuary-continental
shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

Phytol (Fig. 4.20) shows relatively small concentrations (average concentration 27
ng/g) with respect to the other terpenols; the distribution in concentration seems to be
quite variable in fluvial sediments (6 to 60 ng/g), while it seems more uniform in
estuarine and continental shelf samples (20-35 ng/g, with the exception of S23 with a
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concentration of 6.1 ng/g). Total concentrations of C27 sterols (Fig. 4.22; cholest5,22E-dien-3β-ol, cholesterol, 5α-cholestan-3β-ol) range from an average 200-230
ng/g in fluvial samples (with the exception of R4, 85 ng/g), to an average of 260 ng/g
in estuarine samples, to almost 500 ng/g in the continental shelf sample S15 (close to
the river mouth) hence to about 100 ng/g in the more distant sample S23. Cholesterol
is the dominant C27 sterol in estuarine and continental shelf samples while 5αcholestan-3β-ol slightly prevails in fluvial sediments; cholest-5,22E-dien-3β-ol is
absent in fluvial samples. Among C28 sterols, 24-methylcholesta-5,22-dien-3β-ol and
campesterol display similar concentrations (with the exception of R4) in fluvial and
estuarine samples (20 to 120 ng/g), while in continental shelf sediments the
concentrations

of 24-methylcholesta-5,22-dien-3β-ol

tend

to

increase while

campesterol tends to decrease so that the ratio 24-methylcholesta-5,22-dien-3β-ol /
campesterol is around 6-8 in the marine sediments; the remaining C28 sterol, 24methyl-5α-cholest-22-en-3β-ol seems to become significant only in continental shelf
samples. Total concentrations of C28 sterols (Fig. 4.21) seem to constantly decrease
from 200 ng/g in fluvial sediments to 76 ng/g in the estuarine E9 sample; total
concentrations sharply increase in S15 (275 ng/g) and then continue decreasing
further from the river mouth (S23, 70 ng/g). All C29 sterols seem to follow a more
defined pattern which is overall opposite to that of C27 and C28 sterols. The total
concentrations of C29 sterols are very high (Fig. 4.21), in fact they prevail by one
order of magnitude over all other terpenols (particularly because of the high
abundance of β-sitosterol), in fluvial sediments (average of total concentrations 1300
ng/g); they decrease about 3-fold in estuary sediments (average of total concentrations
415 ng/g); and again decrease by about 3 times in continental shelf sediments
(average of total concentrations 128 ng/g). In continental shelf sediments,
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concentrations of C29 sterols constantly decrease away from the river mouth. The C30
sterol dinosterol instead follows an opposite trend to C29 sterols; it is absent in the
fluvial sediments, appears in estuary sediments (average concentration 41 ng/g), and
is up to 5 fold more significant in continental shelf samples (average of total
concentrations ranging from 210 ng/g to 85 μg/g progressively offshore). Among
pentacyclic triterpenoids, β-amyrin provides very minor contributions only in the 3
fluvial samples collected just above Tallowa dam (average 58 ng/g) and it is absent
elsewhere. Taraxerol is one of the more abundant terpenols in fluvial samples
(particularly in R5, concentration = 1341 ng/g) and in estuary samples (particularly
E9, concentration = 288 ng/g), and is absent in continental shelf samples.
Bishomohopanol (ββ-C32 hopanol) is present in all samples except R4 always in
minor concentrations (10 to 100 ng/g); its concentrations are greater in continental
shelf samples with respect to fluvial and estuarine samples.

Figure 4.21 – Plot of the total concentrations of the different classes of sterols (C27, C28, C29, C30)
analysed.
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Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

4.4.2.2.1.2 n-fatty acids, iso and ante-iso n-fatty acids, pentacyclic
triterpenoid acids
As with the n-alcohols, the total concentrations of the homologous series of C9-30 nfatty acids (Table 4.6 and Fig. 4.22) are highest for the fluvial samples R3 and R1
(12-14 μg/g), and lower (2 to 5.5 μg/g) for the remaining fluvial, estuarine and
continental shelf samples. However, the distribution in concentrations of n-fatty acids
(Fig. 4.22) differs from that of n-alcohols. Firstly, C16 and C18 n-fatty acids are present
in all samples in relatively significant amounts, and in continental shelf samples they
are 3-5 times higher than all other n-fatty acids. The second difference is that the
concentrations of long-chain (C20-30) n-fatty acids show a unimodal distribution
peaking at C24 for both fluvial and estuarine samples (instead of C26 for n-alcohols).
In continental shelf samples the concentrations of C20 and C22 n-fatty acids become
similar to those of C24 n-fatty acid, and progressively decrease to the C30 n-fatty acid.
The ratio between long-chain (C20-30) and short-chain (C9-19) n-fatty acids is quite
different from the pattern for the n-alkanes and n-alcohols. For n-fatty acids, it ranges
between 0.6 and 4 in fluvial samples, it is about 1.5 in estuarine samples and it
decrease to values between 0.1 and 0.4 in continental-shelf samples. The difference in
such ratio between n-fatty acids and the other two homologous series is due to the
anomalous high concentrations of the short-chained C16 and C18 n-fatty acids.
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Table 4.6 – Concentrations of n-fatty acids, iso- and anteiso- 15:0 and 17:0 fatty acids, and pentacyclic
triterpenoid acids (ng/g dry sediment) for the surface sediment samples of the Shoalhaven riverestuary-continental shelf.
- ol. acid = oleanolic acid
- be. acid = betulinic acid
- ur. acid = ursolic acid

The concentrations of iso and anteiso C15:0 and C17:0 (Table 4.6 and Fig. 4.23) appear
to be minor in all samples (total concentrations between 100 and 200 ng/g). Only in
the continental-shelf sample S15 does their total concentrations reach 300 ng/g.
The concentrations of pentacyclic triterpenoid acids (Table 4.6 and Fig. 4.24) seem to
follow a very specific pattern. In all samples oleanolic and betulinic acids appear in
similar concentrations while ursolic acid is always 2-3 times more abundant than the
other two. The total concentrations of pentacyclic triterpenoid acids are highest in the
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fluvial sediments (average about 1.5 μg/g), they decrease five-fold to about 0.3 μg/g
in estuarine samples, and they are absent in the continental-shelf samples.

Figure 4.22 – Plot of the concentrations of C9-30 n-fatty acids (ng/g dry sediment) for surface sediment
samples from each depositional environment of the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.
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Figure 4.23 – Plot of the concentrations of iso and anteiso C15:0 and C17:0 fatty acids (ng/g dry
sediment) for surface sediment samples from the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

Figure 4.24 – Plot of the concentrations of pentacyclic triterpenoid acids (ng/g dry sediment) for
surface sediment samples from the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

4.4.2.2.2

Discussion

The distributions in concentrations of n-alcohols and n-fatty acids indicate a
predominant input of C3 land-plant material in fluvial sediments R3 and R1; such
input sharply decreases five-fold in the remaining fluvial and estuarine samples
(although still predominant to other autochthonous inputs), and decreases to 1/3 of the
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estuarine value for continental shelf sediments. The trend in the ratios long/shortchain n-alcohols (Fig. 4.19) shows that estuarine samples receive the least
contributions of autochthonous (i.e. short-chain) material (highest values), while
continental shelf samples receive the largest contributions of autochthonous material
(lowest values). The same trend appears also for the n-alkane homologous series (Fig.
4.19).
By contrast to both the n-alkane and n-alcohol homologous series, n-fatty acids show
significant abundances also for two of the short-chained members (C16 and C18). The
concentrations of C16 and C18 n-fatty acids are of the same order of magnitude of C2224-26

n-fatty acids both in fluvial and estuarine sediments, while they are almost one

order of magnitude higher in continental shelf samples. These overall higher
concentrations of C16 and C18 n-fatty acids explain the different pattern of the
long/short-chain ratios of n-fatty acids with respect to those for n-alcohols and nalkanes. C16 and C18 n-fatty acids are very common compounds produced from both
prokaryotic and eukaryotic (both land-plant and marine organisms), and therefore
commonly occur in relatively high abundances in sediments. However, it may also be
that such higher abundances are due to contamination during sample handling and
processing. Since both the n-alkane and n-alcohol homologous series show
significantly minor amounts of the short-chained terms, the anomalously high
concentrations of C16 and C18 n-fatty acids may likely be due to contamination.
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Figure 4.25 – Plot of the ratios between the abundances of the long-chain homologues of n-alkanes
(C23-39), n-alcohols (C22-30) and n-fatty acids (C20-30) for surface sediment samples from the Shoalhaven
river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

A ratio between the sums of the long-chain components for the three homologous
series (i.e. C23-39 n-alkanes; C22-30 n-alcohols; C20-30 n-fatty acids) has been estimated
(Fig. 4.25) in order to provide more quantitative inferences on how such long-chained
components share similar origins. Three points emerge from Fig. 4.25. The first is that
the abundances of long-chained n-alcohols and long-chained n-fatty acids co-vary; the
ratio between the two (long-chain n-alcohols/long-chain n-fatty acids) is overall
approximately constant, it ranges between 0.5 and 1.5 reaching its highest values in
estuarine samples and gradually decreasing in continental shelf samples. This may
suggest that long-chain n-alcohols find an additional source in estuarine environment
with respect to long-chain n-fatty acids. The second is that, in the estuarine
environment, the concentrations of long-chain n-alkanes increase four-fold with
respect both to long-chain n-alcohols and n-fatty acids; this suggests a major source of
long-chain n-alkanes in estuarine environments with respect to the other two
homologous series. The third point is that long-chain n-alkanes seem to be commonly
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more abundant than both long-chain n-alcohols and long-chain fatty acids also in
continental shelf samples, with the exception of sample S17 where the ratios tend to
converge. This indicates that (see sample locations in Fig. 4.2), since sample S17 is
one of the most distant from the Shoalhaven river mouth, but also the most inshore
sample at Port Kembla latitude, it may receive a different input of terrestrial (i.e. longchain n-alkanes) material than the other continental shelf samples, which instead seem
to receive the input from the Shoalhaven river.
While n-alkanes, n-alcohols and n-fatty acids point to preservation of terrestrial landplant material in marine sediments, the distribution in concentrations of sterols only
partially supports such inference. Table 4.7 illustrates the potential origins (from
literature compilation) of the various sterols analysed in this study.
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Table 4.7 – Sources of the sterols and fatty acids analysed in this study (from literature compilation).
Molecular structures of sterols are displayed in Appendix 4.4.

Among the C27 sterols, cholesterol (cholest-5-en-3β-ol) and dihydrocholesterol (5αcholestan-3β-ol) are present in all samples, while cholesta-5,22-dien-3β-ol is not
present in fluvial samples. From this pattern it is inferred that all sediments receive
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contributions from heterotrophic/zooplanktonic matter (i.e. cholesterol), while only in
estuarine and oceanic environments sediments receive inputs from diatoms (i.e.
cholesta-5,22-dien-3β-ol). Both zooplanktonic and diatom inputs increase two-fold in
continental shelf sediments. Stanols (in this case 5α-cholestan-3β-ol) usually, but not
only, originate from degradation of parent sterols (in this case cholesterol). Ratios and
regressions between parent stenols/stanols have been estimated for C27, C28 and C29
sterols in order to provide inferences on the origin of the stanols and on the diagenetic
state (the following discussion).
C28 sterols are composed of 24-methylcholesta-5,22-dien-3β-ol and its possible
diagenetic

product

24-methyl-5α-cholest-22-en-3β-ol,

and

campesterol.

24-

methylcholesta-5,22-dien-3β-ol is a biomarker for general phytoplanktonic algal input
(Table 4.7), both from fresh and marine water. Fig. 4.20 shows that 24methylcholesta-5,22-dien-3β-ol (i.e. C28Δ5,22) is present in significant amounts in most
samples, particularly on the continental shelf, while campesterol presents similar
concentrations to 24-methylcholesta-5,22-dien-3β-ol in fluvial and estuarine samples,
while it decreases six-fold (with respect to 24-methylcholesta-5,22-dien-3β-ol) in
continental shelf. Conversely, campesterol (a marker for terrestrial plant input, Table
4.7) presents higher concentrations in fluvial samples, and gradually decreases tenfold in estuary and continental shelf samples.
C29 sterols present the highest abundances with respect to the other sterols,
particularly β-sitosterol and its potential diagenetic product 24-ethyl-5α-cholestan-3βol. All C29 sterols (i.e. stigmasterol, β-sitosterol and 24-ethyl-5α-cholestan-3β-ol;
supposedly originate exclusively from terrestrial sources, as in Table 4.7) show
similar trends with high concentrations in fluvial sediments and progressively lower
concentrations in estuary and continental shelf sediments.
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The C30 sterol dinosterol (a biomarker for dinoflagellates; Table 4.7) shows a trend
opposite to that of C29 sterols. In fact it initially appears only in estuarine sediments,
and increases four-fold in continental shelf sediments (Fig. 4.20).
The remaining terpenoid alcohols consist of the hopanid bishomohopanol (i.e. ββ-C32
hopanol) and the pentacyclic triterpenoids taraxerol and β-amyrin. Bishomohopanol is
a general biomarker for prokaryotic input, but mainly from cyanobacteria. It seems to
be present in all samples with the exception of R4, and its concentrations are highest
in the continental shelf samples where values reach twice the abundances of fluvial
and estuarine samples.
Pentacyclic triterpenoid alcohols are dominated by taraxerol, second terpenoid in
abundance after β-sitosterol (Fig. 4.20), while β-amyrin is present in much lower
amounts, and only in fluvial sediments (Fig. 4.20). Taraxerol has been proposed as a
biomarker of mangrove input Versteegh et al. (2004); though, its abundance in
sediments may not faithfully quantitatively reflect the original mangrove input since it
degrades to pentacyclic ketones and alkenes (Volkman et al., 2007). However,
pentacyclic ketones and alkenes have not been detected here (even though that does
not necessarily imply that they were not produced from the degradation of taraxerol).
In this study, taraxerol is found both in estuarine and fluvial samples (absent in
continental shelf samples), so it may have an additional or different source from
solely mangroves. The concentrations of taraxerol strongly correlate with the
concentrations of β-sitosterol (Fig. 4.26) suggesting that they share a similar source;
though the ratios between β-sitosterol and taraxerol appear variable but with a general
tendency to decrease towards the estuary (Fig. 4.27) suggesting an increasing input of
taraxerol over β-sitosterol probably from additional mangrove input.
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Figure 4.26 – Correlation between the concentrations of taraxerol and β-sitosterol for estuarine and
fluvial samples.

Figure 4.27 – β-sitosterol / taraxerol concentration ratios for fluvial and estuarine samples.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel).

The concentrations of β-sitosterol seem to correlate well also with the other
triterpenoid alcohol land-plant biomarkers such as stigmasterol and campesterol.
However, the correlations become siginficant only when some samples are not
included such as R5 for β-sitosterol/stigmasterol (Fig. 4.28), and R4 and R5 for βsitosterol/campesterol (Fig. 4.29).
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Figure 4.28 – Correlation between the concentrations of β-sitosterol and stigmasterol:
A – including all samples.
B – including all samples except R5.

Figure 4.29 – Correlation between the concentrations of β-sitosterol and campesterol:
A – including all samples.
B – including all samples except R5 and R4.

In order to establish the relative terrestrial/marine inputs on the basis of the
concentrations of the sterol analysed, the following ratios have been considered: βsitosterol/cholesterol,

β-sitosterol/24-methylcholesta-5,22-dien-3β-ol,

and

β-

sitosterol/dinosterol. Such ratios are plotted in Figures 4.31 and 4.32. Fig. 4.30 shows
wide ranges of variation of those ratios; β-sitosterol is about 5-20 fold more abundant
than cholesterol and 24-methylcholesta-5,22-dien-3β-ol in fluvial samples, while
these ratios sharply decrease in estuarine sediments to between 1 and 3 for βsitosterol/cholesterol, and to between 3 and7 for β-sitosterol/24-methylcholesta-5,22dien-3β-ol. The β-sitosterol/dinosterol ratio in estuarine samples is around 5-7. On the
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other hand such ratios appear quite constant and always below 1 for continental shelf
sediments (Fig. 4.31). These results are converse to the distributions in concentrations
of n-alkyl biomarkers (C14-39 n-alkanes, C14-30 n-alcohols, and C9-30 n-fatty acids) and
point to an accentuated increase of autochthonous OM in the estuarine environment,
and to higher contributions of marine OM (with respect to terrestrial) in continental
shelf sediments.

Figure 4.30 – Plot of β-sitosterol/cholesterol, β-sitosterol/24-methylcholesta-5,22-dien-3β-ol, and βsitosterol/dinosterol ratios for the fluvial and estuarine samples.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel).
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Figure 4.31 – Plot of β-sitosterol/cholesterol, β-sitosterol/24-methylcholesta-5,22-dien-3β-ol, and βsitosterol/dinosterol ratios for the continental shelf samples.
Numbers in brackets express the distance in km from the river mouth.

Considering that β-sitosterol can also originate in marine environment (e.g. Volkman,
1986) the relative proportion of marine OM to terrestrial OM in continental shelf
sediments can be greater than that inferred from Fig. 4.31.

4.4.2.2.2.1

Stanol/Stenol ratios

As a means to infer if biogenic reduction of stenols has occurred at similar rates
within all sediments, and if stanols may originate also from sources other than
degradation of parent stenols, correlations were sought between the three pairs of
associated stenols-stanols. Fig. 4.32 shows that the correlation between β-sitosterol
and 24-ethyl-5α-cholestan-3β-ol is very significant even when including all samples
(r2 = 0.946). From this result it is inferred that, if 24-ethyl-5α-cholestan-3β-ol
originate exclusively from degradation of β-sitosterol, this must have occurred at
similar rates among all examined sediments. The regression between 24methylcholesta-5,22-dien-3β-ol and 24-methyl-5α-cholest-22-en-3β-ol (carried out
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only on continental shelf samples since the latter is present only in those samples) also
is significant (Fig. 4.33; r2 = 0.747). On the other hand it appears there is poor
correlation between cholest-5-en-3β-ol (cholesterol) and 5α-cholestan-3β-ol (Fig.
4.34; r2 = 0.097). If the reduction of stenols has occurred at similar rates among all
samples (as inferred from C29 stanol/stenol), the lack of correlation between 5αcholestan-3β-ol and cholest-5-en-3β-ol may be due to extra sources of 5α-cholestan3β-ol. In fact, 5α-cholestan-3β-ol can accumulate in sediments also from partial
heterotrophic transformation of algal sterols, and from direct algal input (Killops and
Killops, 2005). Another possibility is that 5α-cholestan-3β-ol may coelute in some
samples with 5β-cholestan-3β-ol (i.e. coprostanol) which is derived from faecal
material inputs.
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Figure 4.32 – Regression between the concentrations of β-sitosterol and 24-ethyl-5β-cholestan-3β-ol
for all surface sediment samples from the Shoalhaven river-estuary-continental shelf.

Figure 4.33 – Regression between the concentrations of 24-methylcholesta-5,22-dien-3β-ol and 24methyl-5α-cholest-22-en-3β-ol for the surface sediment samples from the continental shelf only.

Figure 4.34 – Regression between the concentrations of cholesterol and 5-cholestan-3β-ol for all
surface sediment samples from the Shoalhaven river-estuary-continental shelf.
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When only continental shelf samples are considered, the regression between 5cholestan-3β-ol and cholesterol increases to r2=0.583 (Fig. 4.35). It must be noted also
that the degradation rate (estimated from the linear regression lines) of β-sitosterol
into 24-ethyl-5α-cholestan-3β-ol among all samples (i.e. 0.50, as in Fig. 4.32) appears
identical to the degradation rate of 24-methylcholesta-5,22-dien-3β-ol into 24-methyl5α-cholest-22-en-3β-ol among continental shelf samples (i.e. 0.51, as in Fig. 4.33).

Figure 4.35 – Regression between the concentrations of cholesterol and 5-cholestan-3β-ol for only the
continental shelf surface sediment samples.

A plot of the stanol/stenol ratios appears (Fig. 4.36) shows that such ratios are
contained within 0.4 ± 0.2 for all compound pairs but for the C27 sterols in
fluvial/estuarine samples presenting values between 0.7 and 2 (however these are
probably due to the potential extra sources of 5-cholestan-3β-ol as mentioned above).
Such stanol/stenol ratios (i.e. 0.4 ± 0.2) are similar to the ratios measured in estuarine
sediments from other studies (i.e. 0.2 to 0.6, Arzayus and Canuel, 2005; 0.3 to 0.7,
Fernandes et al., 1999), for which a high degree of alteration of OM was suggested, as
a result either of elevated temperatures and microbiological activity (Fernandes et al.,
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1999), or of increased exposure to oxygen and electron acceptors due to enhanced
mixing regimes (Arzayus and Canuel, 2005).

Figure 4.36 – Stanol /stenol ratios for C27, C28, and C29 sterols for all surface sediment samples from
the Shoalhaven river-estuary-continental shelf.
Numbers in brackets express the distance in km from the river mouth. Negative values refer to the
distance from the river mouth (along the river channel) for fluvial and estuarine sediments, while
positive values refer to the distance from the river mouth for continental shelf sediments.

4.4.3 Lipid biomarker concentrations and bulk OM values
4.4.3.1
Correlations between bulk OM values and biomarker
concentrations
Correlations between the concentrations of lipid biomarkers and bulk OM values (as
TOC%, δ13C and Δ14C) may infer which lipid biomarkers co-vary with bulk OM
values so that such biomarkers can be selected for more accurately tracing bulk OM
inputs (as in Jasper and Gagosian, 1993).
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For the correlations utilising both δ13CTOC and Δ14CTOC values, the biomarker
concentrations normalized to TOC% (i.e. biomarker concentrations expressed in µg
per mg of TOC instead of total dry sediment) (Fig. 4.37).
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Figure 4.37 – Plots of the correlations between the concentrations of the lipid biomarkers and the bulk
OM values (δ13C, Δ14C and TOC%); (continues on the next page).
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Figure 4.37 (continued) – Plots of the correlations between the concentrations of the lipid biomarkers
and the bulk OM values (δ13C, Δ14C and TOC%).
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The most significant patterns that are highlighted from the plots in Fig. 4.37 are:
1. The lipid biomarker concentrations that correlate positively with the TOC%
are the long-chain n-alkanes from C21 to C33 with an average correlation
coefficient of 0.79 and standard deviation of 0.05. The long-chain C20-30 nalcohols have a mean correlation coefficient (r) of 0.76 and standard deviation
of 0.04.
2. The lipid biomarkerconcentrations normalized to TOC% that correlate
positively with δ13CTOC (i.e. towards the marine δ13CTOC end-member values)
are some sterols such as: cholesta-5,22-dien-3β-ol (r = 0.95), cholesterol
(0.84), 24-methylcholesta-5,22-dien-3β-ol (0.81), 24-methyl-5α-cholest-22en-3β-ol (0.97) and dinosterol (0.95). A strong positive correlation is also seen
for ββbishomopan-32-ol (0.91) and C34 n-alkane (0.93).
On the other hand, the compoundconcentrations normalized to TOC% that
correlate negatively with δ13CTOC (i.e. towards the terrestrial δ13CTOC endmember values) are C24, C26, C28, and C30 n-alcohols (correlation coefficients
are respectively -0.87, -0.89, -0.88, and -0.86). The C22 and C24 n-fatty acids (r
= -0.77 and -0.74) and the pentacyclic triterpenoid acids oleanolic (r = -0.73),
betulinic (r = -0.73) and ursolic (r = -0.70) are also inversely correlated.
3. The correlations with Δ14CTOC seem to mirror the correlations with δ13CTOC,
confirming that marine biomarkers co-vary with the lower Δ14CTOC found in
the continental shelf, while terrestrial biomarkers co-vary with higher Δ14CTOC
found in the estuarine and fluvial samples.
In summary, while the concentrations of C21-33 n-alkanes mostly correlate to the total
amount of organic carbon in sediments (suggesting that they are derived from
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different OM inputs, and therfore implying their limited utility as biomarkers from
specific inputs), the composition of bulk OC (i.e. its δ13C and Δ14C values) mostly
correlate to even long-chain n-alcohols for the terrestrial inputs, while the marine
sterols, ββbishomopan-32-ol and C34 n-alkane, correlate to marine inputs.
The compounds highlighted from these results will be used for two parallel aims:
1. For establishing the marine and terrestrial δ13C end-member values of bulk
OM from the regression lines between such compounds and the δ13CTOC
values. Accordingly, a marine/terrestrial OC budget can be established using
the end-member values so estimated.
2. A comparison method to establish a marine/terrestrial OC budget utilising the
biomarker/associated OM method (e.g. Volkman et al., 2008) will be
attempted. The compound selected for this method is the one that has the
highest negative correlation with the δ13CTOC values.

4.4.3.2
OM

Two end-member (terrestrial-marine) budgeting of bulk

The compounds selected for establishing the terrestrial end-member δ13CTOC value are
24-methylcholesta-5,22-dien-3β-ol and ββbishomopan-32-ol. These compounds have
been chosen as they both display a strong positive correlation with the δ13CTOC values,
and they are present in all samples, including fluvial ones. Since these compounds are
derived uniquely from aquatic sources (that can contribute also to the bulk OM in
fluvial samples), the regression coefficients used to estimate the terrestrial endmember δ13CTOC value would more truthfully establish the average end-member δ13C
value of bulk OM exclusively from continental sources such as land-plant debris, OM
from catchment soils, fossil OM from the erosion of continental rocks. Fig. 4.38
shows the regressions between 24-methylcholesta-5,22-dien-3β-ol and δ13CTOC, and
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between ββbishomopan-32-ol and δ13CTOC. From the averages of the two values
obtained (Fig. 4.38 for details) it is established that the terrestrial end-member δ13C
value of bulk OM is -27.1±0.4‰.

Figure 4.38 – Linear regressions between 24-methylcholesta-5,22-dien-3β-ol and δ13C(TOC), and
between ββbishomopan-32-ol and δ13C(TOC). Coefficients are used for estimating the terrestrial δ13C
end-member values from each regression; the mean of those values is the terrestrial δ13C end-member
value of bulk OM.
Terrestrial δ13C end-member value estimated from 24-methylcholesta-5,22-dien-3β-ol: -27.3‰;
Terrestrial δ13C end-member value estimated from ββbishomopan-32-ol: -26.8‰.
Mean terrestrial δ13C end-member value of bulk OM derived from the average of those two values: 27.1±0.4‰

In a similar manner, the compounds selected for establishing the aquatic (i.e. from
fluvial, estuarine, and marine waters) end-member δ13C value are those that both
show a strong negative correlation with δ13CTOC, as well as being present in all
samples. Such compounds are C24, C26, C28 and C30 n-alcohols and regressions of
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those compounds with δ13CTOC are shown in Fig. 4.39. From the linear regression
coefficients so estimated, the aquatic δ13C end-member value of bulk OM is 19.8±1.0‰. By using these end-member values, the terrestrial and aquatic fractional
abundances of bulk OC are estimated by applying mass balances on the δ13CTOC
values (Table 4.8 and Fig. 4.40). The results (Fig. 4.40) show that 5-15% of bulk OM
in fluvial samples is of aquatic origin, this percentage increases in estuarine samples
to 25%, and it increases in continental shelf samples to about 60-85% further away
from the river mouth.
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Figure 4.39 – Linear regressions between C24, C26, C28 and C30 n-alcohols and δ13C(TOC). Coefficients
are used for estimating the aquatic (i.e. from fluvial, estuarine and marine waters) δ13C end-member
values from each regression; the mean of those values is the aquatic δ13C end-member value of bulk
OM.
Aquatic δ13C end-member values: from C24 n-alcohol (-19.8‰), from C26 n-alcohol (-20.6‰), from C28
n-alcohol (-18.4‰), from C30 n-alcohol (-20.4‰).
Mean aquatic δ13C end-member value of bulk OM derived from the average of those four values: 19.8±1.0‰

As specified above, the biomarker/associated OM method is also adopted here for
estimating the fractional amounts of terrestrial/marine OM. Since, in this study, some
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samples have been collected from the fluvial environment, it can assumed that the
total OM in fluvial sediments is exclusively of terrestrial origin, so, in a similar
manner to Volkman et al. (2008), it is possible to establish the average ratio between
a uniquely terrestrial biomarker and the associated terrestrial bulk OM by considering
the biomarker concentrations and TOC content data of the solely fluvial samples. The
biomarker selected is the one that shows the most negative correlation with the
δ13CTOC values, which is in this case C26 n-alcohol (r = -0.89). Once the average C26
n-alcohol/associated terrestrial OM is established, it is possible to estimate the
fraction of terrestrial OM in the remaining estuarine and continental shelf samples on
the basis of the concentrations of C26 n-alcohol in those samples. Specific details on
the procedure are given in Table 4.8. Fig. 4.41 shows that fluvial samples are made of
100% terrestrial OM (which is a consequence of the initial assumption), this
percentage decreases to 40-65% in estuarine samples, and decrease further to about
20% in continental shelf samples.
The patterns in the fractional amounts of terrestrial/aquatic OM estimated by the two
methods appear similar (Figures 4.40 and 4.41). The main difference is that the
terrestrial contributions in the estuarine and continental shelf samples estimated from
the biomarker/associated OM method are smaller than those estimated from the
δ13CTOC values method. The reason for this is related to the initial assumption in the
biomarker/associated OM method that the fluvial samples do not contain aquatic OM.
Since these sediments most likely contain some aquatic OM, the established C26 nalcohol/associated terrestrial OM ratio has been underestimated, and consequently the
terrestrial OM fraction would be underestimated in the remaining estuarine and
continental shelf samples. Another difference is that the fractions of terrestrial OM
between the two estuarine samples (i.e. E6 and E9) differ in the biomarker/associated
225

OM method (Fig. 4.41), while they do not differ in the δ13CTOC values method (Fig.
4.40). This may be a consequence of local sources of C26 n-alcohol in estuarine
environment from local vegetation (e.g. mangroves).

Table 4. 8 – Budget of the terrestrial/aquatic sources of OM:
- a,b
Based on the δ13C(TOC) values. The fractional abundances of the terrestrial (i.e. a F(terrestrial)%; land
plant debris, soil OM, fossil OM) and, by difference, aquatic (i.e. b F(aquatic)%; from fluvial, estuarine
and marine waters) components of bulk OM are estimated by applying mass balance on the δ13C(TOC)
values by using the average end-member δ13C(TOC) values as estimated in Figures 4.38 and 4.39.
- c,d,e Based on the biomarker/associated terrestrial OM ratio method (e.g. Volkman et al., 2008). The
biomarker chosen to estimate the terrestrial contribution is C26 n-alcohol. cThe average ratio between
C26 n-alcohol and the associated terrestrial OM is assumed to be the average C26 n-alcohol/TOC% ratio
(data from Tables 4.1 and 4.4) among the four fluvial samples (i.e. R3, R1, R4 and R5). This average
ratio is indicated with the asterisk (*). dThe amount of bulk carbon from terrestrial origin is inferred for
the remaining estuarine and continental shelf samples by normalizing the concentrations of C26 nalcohol (data from Table 4.4) for each other sample with *. Finally the eF(terrestrial)% is estimated by
dividing the values in the d row by the TOC (expressed in mg/g) values, and by difference, the
f
F(aquatic)% is also estimated.

Figure 4.40 – Plot of the fractional abundances of terrestrial/aquatic OM estimated from the δ13C(TOC)
values. Details in Table 4.8.
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Figure 4.41 – Plot of the fractional abundances of terrestrial/aquatic OM estimated from the biomarker
(C26 n-alcohol) / associated OM method. Details in Table 4.8.

4.4.3.3
bulk OM

Three end-member (terrestrial-fossil-marine) budget of

As inferred both from the Δ14CTOC (section 4.4.1.1) and n-alkane data (section
4.4.2.1.2), a small amount of OM from fossil origin is likely also transported to the
ocean. In order to carry out a more accurate budget, such input must be considered.
This can be done by introducing the Δ14CTOC values to the previous mass balance.
Firstly, it is necessary to establish both the δ13C and Δ14C end-member values from
terrestrial, fossil and marine sources.
•

The δ13C end-member values of C3 terrestrial plant and marine OM are the
same as the ones used in section 4.4.3.2 (that is -27.1 ‰ for C3 terrestrial
plant and -19.8 ‰ for aquatic/marine OM).

•

The δ13C and Δ14C end-member values of OM from fossil origin, and also the
Δ14C end-member value from terrestrial plants input have been defined as
follows.
The three fluvial samples present Δ14C values varying from +31.4 ‰ for
sample R1, to -20 ‰ for R5, and to -106.4 ‰ for sample R4 (Table 4.1).
Considering that sample R1 was collected from the Shoalhaven River bed
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upstream of the Tallowa Dam, while sample R4 was collected from the
Kangaroo River bed and sample R5 was collected few km downstream at the
tidal limit (Fig. 4.2), it is suggested that the fossil OM input derives only from
the erosion of coal contained in the Illawarra Coal Measures (Sydney Basin)
drained by the Kangaroo River. While sample R1 supposedly contains only
OM from land-plant debris and soils, it is suggested that the lower Δ14C values
for samples R4 and R5 are due to the minor presence of OM of coal origin.
Accordingly, it is assumed that the Δ14C end-member value of OM from landplant and soil origin is +30 ‰ (i.e. close to the Δ14C value of sample R1),
while the Δ14C end-member value of OM from fossil origin can be - 1000 ‰
by definition (since coal OM is radiocarbon-dead).
The δ13C values of bulk OC of three coal samples from the Bulli coal seams
were also measured in this study with the same procedure used for the other
samples (section 4.3.1). Their values are -24.4 ‰, -24.1 ‰, and -24.2 ‰; their
mean value is -24.2±0.2 ‰. According to these measurements it is assumed
that the end-member δ13C of OM from fossil origin is -24.2‰.
•

The Δ14C end-member value of marine OM (similarly to Blair et al., 2003) is
assumed to be similar to that of mixed land-plant debris – soil OM (i.e. +30
‰).

Once the end-member δ13C and Δ14C values are established, the fractional
abundances of terrestrial, fossil, and aquatic/marine OM are estimated by applying
mass-balance calculations for each sample for which both Δ14CTOC and δ13CTOC
values are measured (as in Table 4.1). Mass-balance calculations for each sample
are schematized as follows:
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XT+ XF + XA = 1
XT δT + XF∙δF + XA∙δA = δ13CTOC measured
XT∙ΔT + XF∙ΔF + XA∙ΔA = Δ14TOC measured
XT, XF and XA are respectively the fractional abundances of terrestrial, fossil, and
aquatic/marine OM; δT = -27.1 ‰; δF = -24.2‰; δA = -19.8 ‰; ΔT = 30 ‰; ΔF = 1000 ‰; ΔA = 30 ‰.
Results from the 3 end-member OM source budget are shown in Table 4.9 and plotted
in Fig. 4.42 and Fig. 4.43.

Table 4.9 – Fractional (F) and absolute (C, mg/g) abundances of terrestrial (F,CT), fossil (F,CF), and
aquatic/marine (F,CA) OM estimated from three-source mass balance as described in section 4.4.3.3.
Values are estimated for each sample for which both Δ14CTOC and δ13CTOC values are measured (as in
Table 4.1).
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Figure 4.42 – Plot of the fractional abundances of terrestrial (FT), fossil (FF), and aquatic/marine (FA)
OM as listed in Table 4.9.

Figure 4.43 – Plot of the absolute abundances (mg/g) of terrestrial (CT), fossil (CF), and aquatic/marine
(CA) OM as listed in Table 4.9.

The results show that a significant fraction of the OM that was inferred to be of
aquatic/marine origin in continental shelf sediments and of C3 land-plant origin in
fluvial sediments is in fact of fossil origin. The content of fossil OM seems to vary
from 5-10% in fluvial sediments to 20-25% in continental shelf sediments. Such a
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downstream increase in fossil OM content is probably due to the combination of two
factors:
1. Preferential degradation of recent OM both of terrestrial and marine origin
during transport.
2. Potential incorporation of older soil-derived OM into the budgeted fossil OM
fraction (the end-member δ13C and Δ14C values of soil-OM distinct from landplant debris could not be established).

4.5 Highlighting the most significant results
The organic matter (OM) content of surface sediment samples collected from the
Shoalhaven river, estuary, and adjacent continental shelf beds has been studied by
coupling lipid biomarker analysis to bulk OM measurements such as total organic
carbon content (TOC%), organic carbon / total nitrogen ratio (C/N ratio), carbon
stable-isotope composition of TOC (δ13CTOC), and the radiocarbon content of TOC
(Δ14CTOC). The lipid biomarkers consist of: C14-39 n-alkanes; polycyclic aromatic
hydrocarbons (i.e. phenanthrene, fluoranthene, pyrene) C14-30 n-alcohols; C9-30 n-fatty
acids; phytol; sterols (i.e. cholest-5,22E-dien-3β-ol, cholesterol, 5α-cholestan-3β-ol,
24-methylcholesta-5,22-dien-3β-ol, 24-methyl-5α-cholest-22-en-3β-ol, campesterol,
stigmasterol, β-sitosterol, 24-ethyl-5α-cholestan-3β-ol, dinosterol); bishomohopanol
(ββ-C32 hopanol); pentacyclic triterpenoid alcohols (i.e. taraxerol and β-amyrin); isoand anteiso- C15:0 and C17:0 n-fatty acids; pentacyclic triterpenoid acids (i.e. oleanolic,
betulinic and ursolic acid).
From the measurements of bulk OM it is inferred that:
1. The bulk OM accumulating in surface fluvial and estuarine sediment is mostly
of C3 land-plant origin on the basis of the δ13CTOC and C/N values (Table 4.1,
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Fig. 4.4). Higher C/N values for estuarine samples may reflect increased
bacterial activity. The lower Δ14CTOC values (Fig. 4.7) for estuarine sediments
(with respect to the fluvial samples) may reflect: in-situ ageing of C3 landplant material transported by the river; or contributions of autochthonous OM
produced in the water column by estuarine organisms consuming an already
depleted

14

C-carbon source such as dissolved inorganic carbon (DIC); or

preferential preservation of older carbon sources such as soil or fossil OM.
2. The bulk OM accumulating in continental shelf sediments presents δ13CTOC
and C/N values characteristic overall of marine origin (Fig. 4.4), with δ13CTOC
becoming more positive further away from the river mouth (Fig. 4.5). The
Δ14CTOC of the continental shelf sediments are the lowest (Fig. 4.7). This can
be due to preferential preservation of the older carbon species of probable
terrestrial origin (i.e. fossil and soil OM) and/or to in-situ ageing of
marine/terrestrial OM due to low sedimentation rates.
3. The total organic carbon content (TOC%) strongly correlates to the <63 μm
((clay + silt) %) sediment particle size (Fig. 4.10), and such correlation
progressively increases from fluvial to continental-shelf sediments. This
indicates that, while in fluvial surface sediment OM not in association with
mineral surfaces (e.g. land-plant debris) can be preserved (this is inferred from
the overall higher TOC% / (clay + silt) % ratios, Fig. 4.11), the fraction of OM
that is preserved in estuarine but mostly continental shelf sediments seems to
be almost exclusively in association with mineral surfaces.
From the above bulk OM data three mechanisms of input/preservation of OM from
terrestrial sources to marine sediments are inferred.
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1. The first is that the fraction of terrestrial OM not in association with mineral
surfaces (i.e. land-plant debris) is preferentially degraded during transport, so
that only the OM in association with mineral surfaces can accumulate in
continental shelf sediments.
2. The second is that, considering that the C/N and δ13CTOC values of continental
shelf samples are more positive (characteristic of marine origin), the strong
association OM-mineral surfaces is almost completely destroyed when OM
enters the ocean, and terrestrial OM is remineralized and mineral surfaces can
be loaded again with autochthonous production.
3. The third is an alternative to the mechanism described in point 2. More
positive δ13CTOC values for continental shelf sediments can be partially
explained also with preferential preservation of soil-OM and/or coal (both of
continental origin). In fact, OM re-processed in soils can present δ13CTOC
values progressively more positive than those for C3 land-plants with
increasing bacterial activity and associated biomass (Bos et al., 1999; Dufrene
et al., 1996); similarly, OM from coal orign can also be characterised by more
positive δ13C values due to in-situ bacterial reprocessing.
It is possible that the three processes act simultaneously; however, it is not
possible to quantify the extent of each process with the data available. The lower
Δ14CTOC values for continental shelf sediments may partially indicate preferential
preservation of older OM, possibly of terrestrial origin; however, as mentioned,
lower Δ14CTOC values for continental shelf sediments could be also due to low
sedimentation rates.
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On the other hand, the most significant results from the lipid biomarker analysis are
the following:
1. Even though the total concentrations of C14-39 n-alkanes display more than a 5fold decrease from fluvial to continental shelf samples, the distribution in
concentrations of C14-39 n-alkanes displays dominant C3 land-plant input in
samples from all depositional environments (Fig. 4.14). This is confirmed by
the n-alkane molecular proxies (Fig. 4.15) such as the average chain length
(ACL), the aquatic proxy (Paq), and the hydrocarbon terrestrial/aquatic ratio
(TARHC). Since those data indicate minor contributions of marine OM even in
continental shelf sediments, it is suggested that the deceasing values for
carbon preference index (CPI) in continental shelf sediments are due to a
relative increase of fossil OM with respect to C3 land-plant material, rather
than to a relative increase of marine OM.
2. The distribution in concentrations of the PAHs (phenanthrene, fluoranthene,
and pyrene) indicates diesel contamination from boating activities occurring
mainly in estuarine sediments (Figures 4.16 and 4.17).
3. Similarly to C14-39 n-alkanes, even though a 4-5-fold decrease occurs in the
total concentrations from fluvial to continental shelf sediments, the
distribution in concentrations of C14-30 n-alcohols (Fig. 4.18) and of C9-30 nfatty acids (Fig. 4.22) also points to prevalent input of C3 land-plants in all
sedimentary environments (it was suggested that the large abundances of C16
and C18 n-fatty acids reported in all samples were due to contamination).
4. The long-chain homologues of n-alcohols and n-fatty acids present similar
abundances (Fig. 4.25), while long-chain n-alkanes present relatively higher
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abundances in estuarine samples (particularly E9; Fig. 4.25) suggesting that
among the n-alkyl compounds only the long-chain n-alkanes receive inputs
from local vegetation in the estuary.
5. The most abundant sterol is β-sitosterol which is present in all samples (Fig.
4.20). Its concentrations overall co-vary with the ones of other terrestrial plant
terpenoid alcohols biomarkers such as taraxerol (Fig. 4.26), stigmasterol (Fig.
4.28) and campesterol (Fig. 4.29). Marine sterols (e.g cholesterol, 24methylcholesta-5,22-dien-3β-ol, dinosterol) appear in relatively minor
concentrations (with respect to β-sitosterol) in fluvial and estuarine samples
(Fig. 4.30), however they become the dominant sterols in continental shelf
sediments (Fig. 4.31). These data point to a dominant input of marine OM in
continental shelf sediments, and seem to contradict the predominant input of
C3 land-plant material as inferred from the n-alkyl biomarkers (C14-39 nalkanes, C14-30 n-alcohols, and C9-30 n-fatty acids)
6. The concentrations of pentacyclic triterpenoid acids (Table 4.7 and Fig. 4.24)
seem to be consistent with total remineralization of terrestrial OM (land plant
debris?) during transport. In fact their concentrations are highest in the fluvial
sediments, then they decrease 5-fold in estuarine samples, and are absent in
continental shelf samples.
7. Stanol/stenol ratios suggest that microbial hydrogenation of sterols is
occurring within all sediments at similar rates both for C28 and C29 sterols
(Figures 4.33, 4.34 and 4.37). Values of stanol/stenol ratios are consistent with
a high degree of degradation of OM as reported in previous studies (i.e.
Arzayus and Canuel, 2005; Fernandes et al., 1999).
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Finally, the most significant results from the correlations between lipid biomarkers
and TOC isotopic composition and from the OM mixing models are the following.
1. The concentrations of C21-33 n-alkanes correlate to the total amount of organic
carbon in sediments, while the composition of bulk OC (i.e. its δ13C and Δ14C
values) correlate to the concentrations (normalized to the TOC content) of
even long-chain n-alcohols (C24-26-28-30) for the terrestrial inputs, and of marine
sterols (i.e. cholesta-5,22-dien-3β-ol, cholesterol, 24-methylcholesta-5,22dien-3β-ol, 24-methyl-5α-cholest-22-en-3β-ol and dinosterol), ββbishomopan32-ol and C34 n-alkane for the marine inputs (Fig. 4.37). On the basis of those
correlations,

linear

regressions

between

methylcholesta-5,22-dien-3β-

ol/TOC% and δ13CTOC values, and between ββbishomopan-32-ol/TOC% and
δ13CTOC values were constructed (Fig. 4.38) for estimating the terrestrial
δ13CTOC end-member value (i.e. -27.1‰±0.4). On the other hand, linear
regressions between C24-26-28-30 n-alcohols/TOC% and δ13CTOC values were
used to estimate the marine δ13CTOC end-member value (i.e. -19.8‰±1.0; since
such value has been used also to estimate the fractional abundance of
autochthonous OM produced in fluvial water, such source including OM
consuming DIC within all sedimentary environments globally named as
aquatic).
2. The marine and terrestrial δ13CTOC end-member values so established are used
to estimate the fractional abundances of terrestrial and aquatic OM on the
basis of the measured δ13CTOC values (Table 4.9 and Fig. 4.40). A parallel
method (i.e. biomarker/associated OM) is used to estimate the fractional
abundances of terrestrial and aquatic OM (Table 4.9 and Fig. 4.41). It was
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suggested that, in this study, the method based on the δ13CTOC values more
accurately establishes the fractional abundances of terrestrial and aquatic OM.
From the budget carried out by the δ13CTOC values (Fig. 4.40) it is inferred that
70% of OM of terrestrial origin makes up the OM content in estuarine
sediments while this decreases to 10-30% in continental shelf sediments.
3. A 3-end-member OM budget is constructed by using also the Δ14CTOC data.
The extra source included in the mixing model is fossil OM. On the basis of
some considerations based on the spatial distribution of the Δ14CTOC values, it
is assumed that the only type of fossil OM transported by the river is coal
eroded from the Illawarra Coal Measures. Once the δ13C and Δ14C endmember values are established the budget is calculated by solving a 3x3
system of simultaneous equations. Results (Fig. 4.42) show that the fractional
amount of fossil OM gradually increases from 5-10% in fluvial sediments to
20-25% in continental shelf sediments. Accordingly, it appears that, in the 2source mixing model, the fossil fraction was included mostly in the terrestrial
fraction in fluvial samples, while mostly in the aquatic fraction in the
continental shelf samples.

4.6 Compositional changes of OM during transfer
from catchment soils to surface marine sediments
Compositional changes of OM during transfer from the Shoalhaven catchment soils to
the adjacent continental shelf are described by integrating the 3-end-member OM
mixing model with the lipid biomarkers analysis.

4.6.1 Fluvial sediment samples
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The OM accumulating in fluvial sediments (Fig. 4.42) consists dominantly of C3
land-plant material (80-90%), and less fossil OM (5-15%) derived mostly from the
erosion and transport of coal contained in the Illawarra Coal Measures within the
Sydney Basin and drained by the Kangaroo River tributary of the Shoalhaven River.
Fluvial surface sediments contain also OM produced in the water column (i.e.
consuming fluvial dissolved inorganic carbon, DIC). From mass balance it was
estimated this fraction consists of 10-15% of the TOC. However, considering that the
δ13C values of fluvial DIC can be highly variable (due to potential multiple sources of
fluvial DIC; e.g. Raymond et al., 2004) and since this estimate is based on a δ13C endmember value characteristic of marine OM, the fractional amounts from this source so
estimated in fluvial environment are most likely in excess (that it, it is likely that the
fluvial DIC and associated OM presents δ13C values more negative than the
characteristic marine values). However, the presence of algal material in fluvial
sediments is supported by the lipid biomarker analysis showing the presence of
phytol, 24-methylcholesta-5,22-dien-3β-ol and ββbishomopan-32-ol in fluvial
samples (Fig. 4.20).
The lipid biomarker analysis of n-alkyl compounds (Figures 4.14, 4.18 and 4.23)
supports the prevalent C3 land-plant input in fluvial sediments (both from soil-OM
and land-plant debris). The highest abundances of pentacyclic triterpenoid acids (Fig.
4.24) together with highest TOC% / (clay + silt) % ratios (Fig. 4.11) and a lower
correlation coefficient between TOC% and (clay + silt) % (Fig. 4.10) suggest that the
land-plant debris fraction is significant in fluvial sediments.

4.6.2 Estuarine sediment samples
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The composition of OM is subject to changes during transport towards and within
estuarine sediments.
The in-situ aquatic input is subject to an almost 2-fold increase from an average of 1.3
mg/g in fluvial samples to an average of 2.4 mg/g (Fig. 4.43). The increase in aquatic
input is supported by the appearance of algal sterols such as cholesta-5,22-dien-3β-ol
and dinosterol, together with an increase in concentration of cholesterol (Fig. 4.20).
The average concentration of terrestrial OM also shows a slight increase from 8.1
mg/g in fluvial samples to an average of 8.7 mg/g in estuarine samples (note that
sample E10 is neglected in this discussion since it was suggested in Section 4.4.1.1
that the bay from which this sample was collected is almost completely bypassed by
the Shoalhaven River sediment input). On the other hand, the concentrations of longchain n-alcohols and n-fatty acids seem to decrease in estuarine sediments (Figures
4.18 and 4.23). In order to reconcile the two datasets it is worth noticing that the
estimated average 8.1 mg/g value of terrestrial OM for fluvial sediments is probably
biased by the low TOC contents of the other two fluvial sediment samples R4 and R5.
If only the samples with the highest TOC contents are compared from respectively the
fluvial and estuarine environments for which also the 3-end-member budget is
constructed (i.e. samples R1 and E9; Fig. 4.43 and Table 4.1), it is inferred that a
slight decrease occurs in terrestrial OM content from 15.6 mg/g to 11.7 mg/g, which
is in accordance with the n-alcohol and n-fatty acid data. Thus, it is suggested that an
overall decrease in the terrestrial OM content has occurred during transfer from
fluvial to estuarine sediments, and such decrease is attributed mostly to degradation of
the free land-plant debris fraction as inferred from the stronger correlation coefficient
between TOC% and (clay + silt) % (Fig. 4.10) and from the 5-fold decrease in
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concentration of the pentacyclic triterpenoid acids (Fig. 4.24) between fluvial and
estuarine samples.
In contrasts to the long-chain n-alcohol and n-fatty acid data, the concentrations of
long-chain n-alkanes appear to be the highest in estuarine sediments (Figures 4.13 and
4.14). This may reflect autochthonous input from local vegetation such as seagrasses
and mangroves.
The concentration of fossil OM increases four-fold in estuarine sediments from an
average of 0.4 mg/g to 1.9 mg/g (Fig. 4.43). Such an increase is also attributed mostly
to preferential preservation of this OM source during transport; however, also partial
contributions of fossil OM of anthropogenic origin (as inferred from the distribution
in concentrations of polycyclic aromatic hydrocarbons, Figures 4.16 and 4.17) can be
responsible for the estimated increase of fossil OM in estuarine sediments.

4.6.3 Continental shelf sediment samples
The composition of OM appears to have undergone a drastic change during transfer
from estuarine to continental shelf sediments.
The concentrations of OM of terrestrial origin experience a 5-fold drop from 8.7 to
1.5 mg/g (Fig. 4.43). Such a decrease is supported by the 5-fold decrease in the
concentrations of all n-alkyl biomarkers (Figs 4.14, 4.18 and 4.23) and also of the
terrestrial sterols such as β-sitosterol, stigmasterol and campesterol (Fig. 4.20). The
absence of pentacyclic triterpenoid acids (Fig. 4.24) and the increasing correlation
between TOC% and (clay + silt) % (Fig. 4.10) suggests that land-plant debris is
completely degraded, so that the terrestrial OM preserved in continental shelf
sediments is uniquely represented by soil OM.
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On the other hand the concentrations of marine OM seem to increase only two-fold
from 2.4 to 5 mg/g from estuarine to continental shelf samples.
The compositional changes in terrestrial versus marine OM as estimated from the 3end-member mixing model are supported by the values of the ratios between the
terrestrial sterol β-sitosterol and the aquatic sterols cholesterol, 24-methylcholesta5,22-dien-3β-ol and dinosterol (Fig. 4. 31).
The average concentration of fossil OM remains constant at 1.9 mg/g in continental
shelf sediments; however its relative abundance to the TOC content increases from
about 15% in estuarine sediments to 20-25% in continental shelf sediments (Fig. 4.42)
suggesting preferential preservation of this carbon source also in the oceanic
environment.

4.7 Conclusions
The Shoalhaven River, similarly to the Amazon River, albeit in a much smaller scale,
is developed on a passive-type continental margin. However, while the Amazon River
has a tropical environment, it drains a catchment area 760 times larger than the
Shoalhaven (Amazon floodplain, locally named Varsea, is more than 5 times larger
than the Shoalhaven catchment), and it progrades a river-dominated delta on a wide
continental shelf (Blair et al., 2004 and references therein), the Shoalhaven River has
a temperate environment and reaches the ocean by means of a barrier-type estuary on
a very narrow wave-dominated continental shelf. Despite such environmental
differences, data from this study confirm that the geodynamic setting has the strongest
impact on the preservation of terrestrial OM in marine sediments since, for both
fluvial systems, it seems that less than 30% of the initial terrestrial input accumulates
in the associated continental shelf sediments. For both environments, discrete land241

plant debris seems to have been almost completely remineralized while only
terrestrial OM in association with fine-grained minerals is preserved. However, some
differences are noted both in terms of mode of delivery of terrestrial OM into the
ocean (impacting on its final composition), and in terms of the addition of
autochthonous marine OM to the continental shelf sediments. Such differences are:
1. In the Amazon system most of the loss of terrestrial OM seems to occur within
the floodplain deposits characterised by long sediment residence times,
whereas most of the loss in the Shoalhaven system seems to occur in oceanic
waters, after OM is transferred away from the estuary. These two modes of
delivery affect the ultimate composition of terrestrial OM in marine sediments,
particularly in regard to the relative fossil and soil-derived components; while
the long residence times of OM in the Varsea deposits allows almost complete
destruction of OM delivered from upstream, including the fossil component,
so that mostly soil-derived OM taken up in such floodplain deposits is
delivered to marine sediments, the probable shorter residence times of OM in
the Shoalhaven floodplain (due to its much smaller dimensions) and estuarine
deposits allows preservation of the fossil OM component, which appears to
undergo little remineralization also in oceanic environment while the
remainder OM of terrestrial origin is extensively remineralized.
2. The high energetic conditions on the seabed of the Amazon deltaic deposits
hinder the accumulation of autochthonous marine OM in such continental
shelf sediments, so that, even though most terrestrial OM has been degraded,
the estimated proportion of terrestrial OM within the TOC content in those
deposits is 70-80%. When the TOC content values are normalized to the
surface area (SA) values of total sediment (Aller, 1998), a large decrease is
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seen from TOC/SA values of 0.75±0.13 mg C m-2 for fluvial suspended
particles to 0.25±0.08 mg C m-2 for the Amazon deltaic deposits.
On the other hand, the accumulation of autochthonous marine OM does not
appear hindered in the continental shelf sediments offshore the Shoalhaven
River. In this study, SA values of sediment particles could not be measured;
however TOC% values could be normalized to (clay + silt) contents.
Interestingly, TOC% / (clay + silt) % ratios do not vary much across all
sedimentary environments (a slight downstream decrease is reported due
probably to degradation of land-plant debris). Such evidence points to a
reloading of fine sediment particles with in-situ marine OM of an extent
similar to the loss of terrestrial OM in the oceanic environment. These results
highlight the importance of the physical association of OM with minerals on
the overall preservation of OM in continental shelf sediments from these types
of environments.
It is concluded that the OM exported from rivers developed on passive margins in
temperate climates and draining towards the oceans through wave-dominated deltas is
mostly remineralized (about 70%), so that only 30% of the initial terrestrial OM load
reaches the adjacent continental shelf sediments. This result is line with the prediction
of Blair et al. (2004)’s model. However, in contrast to river systems on other passivetype continental margins such as the Amazon, a fraction of fossil OM escapes
remineralization during re-processing in the Shoalhaven catchment soils, is conserved
during transport and is re-buried in continental shelf sediments where it makes up 2025% of the TOC content. Such proportion of re-buried fossil OM appears minor with
respect to those estimated for active-type continental margins (more than 50%; e.g.
Blair et al., 2003); however, they surely must be taken into account when estimates of
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fossil OM re-burial are performed in order to establish its role in modulating the
evolution of atmospheric CO2 and O2 contents throughout geological cycles (Hedges,
2002; Berner, 1989, 1990).
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Chapter 5:
Summary, conclusions and future
work
The origin of organic matter (OM) contained in surface sediments samples from two
contrasting sites on the Australian continental shelf (i.e. the tropical Arafura Sea and
the temperate southeast Australian continental shelf) have been studied by coupling
compositional measurements of bulk OM such as the organic carbon / total nitrogen
(C/N) ratio, the carbon stable-isotope (δ13C) and radiocarbon content (Δ14C) of total
organic carbon (TOC) to lipid biomarkers and, for the Arafura Sea study only, to
compound-specific δ13C analysis. The two studies centred on aspects regarding the
detection and composition of OM of terrestrial origin accumulating in such sediments.
More specifically, the study carried out on the Arafura Sea continental shelf stressed
the importance of using a multi-proxy approach for an accurate detection of terrestrial
OM in marine sediments, while the study on the southeast coast of Australia focussed
on the compositional changes of OM during transfer from land to the oceans by
fluvial action, and how such changes occurring within the studied geologicalenvironmental conditions relate to the global context.
The main outcomes from the two studies are summarized:
The Arafura Sea is located on a wide tropical continental shelf between Australia and
East Timor. The studied area receives terrigenous input mainly from the rivers
draining towards the Gulf of Carpentaria, subordinately from the fluvial system in the
Arnhem Land (Logan et al., 2006). An organic geochemistry analysis of the surface
sediments samples studied in this project was already carried out by Grosjean et al.
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(2007); from such study it was inferred that the OM content within those sediments is
largely of marine origin, pointing to an almost complete remineralization of terrestrial
OM. Measurements of C/N, δ13C and Δ14C values of bulk OM carried out in the
present work also point to a major input of algal-derived OM for all samples but the
shallowest one for which an amount of almost 50% of terrestrial OM was estimated.
However, such estimate was not in agreement with the compound-specific δ13C
analysis of C14-34 n-alkanes which suggest a major contribution of possibly bacterial
biomass for such sample. When this hypothesis is tested, the more terrestrial-like C/N,
δ13C and Δ14C values for the shallowest sample can be explained with a mechanism of
re-introduction of carbon dioxide derived from oxidation of older OM contained in
the underlying sedimentary sequence into the present-day carbon cycle operated
possibly by bacterial activity. Such an hypothesized mechanism finds support in the
presence of biogenic carbon dioxide and methane gas emissions throughout the whole
studied area (Logan et al., 2006), therefore it was suggested that reintroduction of
carbon from such sources has occurred within sediments from which that particular
sample was collected possibly because of localized higher gas emissions. It was
concluded that, when the composition of sedimentary OM in older sediment samples
and rocks is inferred by bulk OM measurements alone for palaeoenvironmental
reconstructions, care must be taken since, as this study highlights, processes and
associated inputs of OM other than a simple two end-member marine/terrestrial one
can lead to similar C/N, δ13C and Δ14C values of bulk OM.

In order to trace changes in the composition of OM during fluvial transfer on the
southeast Australian continental margin, surface sediment samples were collected
from the Shoalhaven River (NSW), estuary and adjacent continental shelf beds. Also
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in this case, a multi-proxy method has allowed a more accurate identification and
gross budgeting of OM sources in sediments not possible by using any single method.
Coupling of C/N, δ13C and Δ14C values of bulk OM with lipid biomarker analysis
integrated with particle size analysis leads to the following inferences on the changing
composition of OM during transfer:
1. The OM accumulating in fluvial sediments consists largely of C3 land-plant
material, both as discrete debris and in association with fine-grained minerals
probably initiated in catchment soils, and minor fossil OM from coal
formations within the Sydney Basin (5-15%), and of algal material produced
within the fluvial water column (10-15%).
2. The composition of OM appears slightly modified in estuarine deposits. It is
inferred that OM as discrete land-plant debris is mostly remineralized while
OM in association with fine-grained minerals is preserved during fluvial
transport. Autochthonous contributions of OM derive mostly from aquatic
algal production, and in minor amount from local vegetation such as
seagrasses and mangroves. The concentration of the fossil OM component
increases during transport; this was inferred to be due both to preferential
preservation of such source during transport and to contributions of carbon
from fossil fuel combustion from boating activities.
3. The composition of OM appears dramatically modified in continental shelf
sediments. Here, land-plant debris seems to be absent and OM of terrestrial
origin in association with fine-grained minerals extensively remineralized so
that less than 30 % of the overall terrestrial plant input is preserved in surface
marine sediments. The disruption of the terrestrial OM–mineral association in
the oceanic environment (and consequent degradation of terrestrial OM)
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seems to have been counterbalanced by the addition of autochthonous OM of
marine origin, so that the ratio between TOC content and (clay + silt) content
remains constant between estuarine and continental shelf sediments. The only
OM input that appears to have been subject to minor changes between
estuarine and continental shelf deposits is fossil OM whose concentration and
relative amount with respect to the TOC content remain constant.
These results are in agreement with the global context in which extensive
remineralization of terrestrial OM occurs during fluvial transfer on passive-type
continental margins, such as the southeast Australian margin. However, while on
passive margins, remineralization of OM seems to occur mostly in lowland plain
environment and little marine OM is added to the river-dominated delta deposits, in
the Shoalhaven River and adjacent continental shelf, remineralization of terrestrial
OM seems to occur mostly in oceanic environment and such loss is replaced by
accumulation of OM from in situ marine production. At the same time, probably
because of more limited residence times of OM in catchment areas, an amount of
fossil OM escapes remineralization in soils and is conservatively transported to the
continental shelf sediments where is ultimately re-buried and removed from oxidation
and participation in the current carbon cycle. It is concluded that additional factors
relating to the geodynamic setting (e.g. catchment dimensions, climate, ocean
hydrodynamics) contribute to the transport mode and composition of OM buried on
continental shelf sediments in proximity to fluvial inputs.

The fate and detection of terrestrial OM has been studied for two different
environments on the Australian continental shelf. The main outcomes common to
both studies are:
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1. It is necessary to use multi-proxy methods for an accurate identification of
terrestrial OM in marine sediments. The conventional method based on C/N
and δ13C values of bulk OM may lead to misleading interpretations.
Additional proxies used in this study were lipid biomarkers and compoundspecific δ13C analyses.
2. Even though the climatic/hydrological conditions from the two areas differ
widely (tropical monsoon-dominated for the Arafura Sea, and temperate flooddominated for the southeast Australian margin) the preservation of terrestrial
OM in surface sediments from both studied areas appears very limited. In fact
terrestrial OM is almost absent within the Arafura Sea surface sediments, and
less than 30% of the initial input is preserved within the continental shelf
surface sediments directly supported by the fluvial input on the southeast
Australian margin. However, from the available data it could be inferred that
such loss occurs mainly in oceanic environment due to strong ocean
hydrodynamics for the southeast Australian margin, a comprehensive
sampling was not available for the Arafura Sea, so that extensive
remineralization of terrestrial OM within lowland deposits around the Gulf of
Carpentaria and Arnhem Land with tropical climatic conditions cannot be
excluded.
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5.1 Future work
Further work is proposed for the Shoalhaven River study in order to provide a more
quantitative discussion on the factors determining the preservation of terrestrial OM
during transport. In this regard a method should be developed to estimate the
residence times of OM within the major bioactive reservoirs from continental source
rocks to marine sediments since, as proposed by Blair et al. (2004), they represent the
main factor acting on the preservation of terrestrial OM.
It is suggested that the quantification of such residence times can be achieved by
measuring the radiocarbon content of some lipid biomarkers from specific sources
within each studied sedimentary environment. For instance, the radiocarbon content
of triterpenoid acids can be correlated to the residence time of land-plant debris, while
the radiocarbon content of long-chain odd n-alkanes would integrate the average
residence time of OM in soils and land-plant debris. Similarly, the radiocarbon
content of aquatic biomarkers (e.g. dinosterol, diatomsterol), may reflect the residence
times in lowland (estuarine) and continental shelf sediments. Upon such
measurements, data can be modelled within systems of simultaneous equations for
each sedimentary environment in order to determine the residence times.
Once the residence times are so estimated, they can be related to the downstream
changing composition of OM (as inferred from the lipid biomarker and bulk OM
analysis) and such relationships analysed and discussed more in detail so that a more
quantitative view of Blair et al. (2004)’s model is provided.
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